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Abstract

Serpentinite-bearing shear zones are important in a range of tectonic set-

tings, including the slab-mantle interface, oceanic detachment faults,

and large-displacement transform faults in the oceanic and continen-

tal lithosphere. Despite abundant information regarding the mechani-

cal, mineralogical and geochemical characteristics of serpentinites, im-

portant questions remain regarding the physical and chemical processes

that operate in large serpentinite shear zones, and how these processes

can influence rheology and slip behaviour during the seismic cycle. This

thesis presents a multidisciplinary study of the internal structure and

composition of a plate boundary-scale serpentinite shear zone in the

South Island of New Zealand.

The Livingstone Fault is a >1000 km-long terrane boundary in the North

and South Islands of New Zealand. The fault juxtaposes ultramafic and

mafic portions of the Dun Mountain Ophiolite Belt against mainly quart-

zofeldspathic schists of the Caples or Aspiring Terranes. In South West-

land, the fault is well-exposed where it outcrops on high alpine passes,

presenting a unique opportunity to examine the internal structure of

large serpentinite shear zones over sub-micron to kilometre scales.

Field observations show that the Livingstone Fault is characterised by

a steeply-dipping, serpentinite-dominated shear zone up to 420 metres

wide. The shear zone has a pervasive scaly fabric dominated by fibrous

chrysotile and lizardite, which wraps around pods of massive serpenti-

nite, rodingite and quartzofeldspathic schist. Kinematic indicators in-

dicate a steep east-side-up shear sense. Dissolution seams enriched in
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magnetite, combined with growth of fibrous chrysotile, suggest that bulk

deformation occurred mainly by pressure-solution-mediated creep.

In places, the scaly fabric is cut by polished fault surfaces coated by a

thin layer (<300 µm) of magnetite. Transmission Electron Microscope

observations of serpentinite inclusions within a magnetite layer docu-

ment the preservation of serpentine dehydration products (amorphous

serpentine, talc, olivine, enstatite). Finite-element modelling suggests

that the dehydration products could have formed by coseismic frictional

heating during an earthquake of magnitude 2.7 – 4. These observations

represent the first record of a fossil earthquake in a natural serpentinite

shear zone.

Wall rocks juxtaposed by the Livingstone Fault have contrasting chemistries,

which promoted metasomatic reactions along the shear zone boundaries

and around the margins of pods. Scaly serpentinite was progressively

converted in to nephritic tremolite + H2O by the addition of calcium and

silica. The reactions produced networks of multi-generational tremo-

lite veins, causing a transition from distributed ductile creep to localised

brittle failure. These observations are used to argue that chemical re-

actions in serpentinite-bearing shear zones can generate fluid overpres-

sures, triggering hydrofracturing and a transition to brittle deformation.

This has important implications for the possible role of chemical reac-

tions in the source region of deep episodic tremor and slip (ETS) along

the slab-mantle interface in subduction zones.

Finally, serpentinite-bearing fault rocks are notoriously difficult to study,

because conventional analytical techniques (e.g. optical microscopy, most

geochemical techniques, XRD) fail to unambiguously distinguish between

the common serpentine varieties. To overcome this, novel methodolo-

gies of Raman spectroscopy mapping were developed that allow for in-

situ identification and high-resolution (370 nm) mapping of texturally-

complex serpentinite fault rocks using standard polished thin sections.
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Chapter 1

Introduction

1.1 Overview of fault slip styles

Motion on active faults displays a wide spectrum of behaviour. Active slip can be

accommodated in a variety of styles with a characteristic duration that spans many

(>1010) orders of magnitude (figure 1.1; Peng & Gomberg, 2010; Bürgmann, 2018).

This spectrum of behaviour includes standard earthquakes occurring over fractions

of a second to <10 seconds, through to continuous aseismic creep. It has been sug-

gested that this range of slip styles forms a near-continuum in characteristic slip

duration (Peng & Gomberg, 2010). However, slip can broadly be defined as being

either seismic or aseismic in nature, based on whether it radiates sufficient seismic

energy to result in a detectable seismic signal (seismic) or whether it requires geode-

tic measurements to resolve (aseismic) (figure 1.1; Schwartz & Rokosky, 2007). Slow

fault slip includes a wide range of phenomena with a characteristic duration longer

than that of standard earthquakes. This includes:

1. Slow slip events (SSEs): periods of aseismic slow fault slip occurring tran-

siently over days to months (Obara et al., 2004).

2. Low-frequency and very low-frequency events (LFEs and VLFEs): low-amplitude,

low-frequency seismic events with discernable seismic wave arrivals (Shelly

et al., 2007a).
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3. Tectonic tremor (non-volcanic seismic tremor): noisy, low-amplitude, long-

duration seismic events that typically lack clear arrivals (Obara, 2002; Beroza

& Ide, 2011).

In some cases, these phenomena are found to operate in close spatial and tem-

poral association. Most notably, recent research efforts have focused on the phe-

nomenon known as episodic tremor and slip (ETS) which refers to the close associ-

ation of short-term (minutes to days) SSEs and recurring swarms of tectonic tremor

(Obara & Kato, 2016). This collection of slow fault slip phenomena has been shown

to occur in crustal shear zones such as the plate-boundary scale San Andreas Fault

and Alpine Fault below the brittle-ductile transition at depths in the range of 25-45

km (Linde et al., 1996; Nadeau & Dolenc, 2005; Wech et al., 2012; Bürgmann, 2018).

However, they are best characterised along the subduction megathrust (figure 1.2;

Rogers & Dragert, 2003; Obara et al., 2004; Shelly et al., 2006a, 2007a; Ide et al.,

2007; Bürgmann, 2018).

1.1.1 Slow slip events (SSEs)

SSEs have been identified both in the shallow portions of subduction zones, in the

vicinity of the accretionary wedge (Obara & Ito, 2005; Ito & Obara, 2006), and the

deeper regions of the subduction interface, in proximity to the mantle wedge below

the base of the seismogenic zone (figure 1.2; see review by Schwartz & Rokosky

(2007) and references therein).

With slip rates insufficiently high to radiate detectable seismic energy, iden-

tification of SSEs requires geodetic measuring, typically using high resolution GPS

arrays. Using these methods, SSEs have been detected in subduction zone margins

in Japan (Heki et al., 1997; Hirose et al., 1999; Ozawa et al., 2001; Miyazaki et al.,

2003; Sato et al., 2004; Obara & Hirose, 2006), Cascadia (Dragert et al., 2001; Rogers

& Dragert, 2003; Bartlow et al., 2011), Mexico (Lowry et al., 2001; Radiguet et al.,

2011), Alaska (Ohta et al., 2006; Fu & Freymueller, 2013), New Zealand (Douglas

et al., 2005; Wallace & Beavan, 2006; McCaffrey et al., 2008) and Costa Rica (Nor-

abuena et al., 2004; Jiang et al., 2012). Most SSEs appear to occur episodically with

2



Chapter 1

108

1010 1011 1012 1013 1014 1015 1016 1017 1018 1019 1020 1021

107

106

105

104

103

102

101

100

10–1

10–2

D
ur

at
io

n 
(s

)

Aseismic

Seismic

Slow sli
p

Regular earthquakes

Seismic moment (Nm)

San Andreas 

earthquakes (9)

Shallow subduction

earthquakes (21)

Earthquakes (10–14)

Glacier (18)

Kii peninsula, 
Japan (3)

Shikoku, Japan (2)
Hydrofracture
earthquake (20)

Slow shallow 
earthquakes (1)

Kalpana, Hawaii
earthquake (17)

Landslide (26)

Landslide (25)

Glacier (2 4) Glacier (2 4)

Tsunami earthquakes (19)

Hawaii (7)

Superstition Hills, 
CA (5)

Transform 
swarms (8)

Shikoku, Japan (4 )

W ooded Island, Washington
swarm and aseismic slip (6) After sequences, afterslip

(15, 16, 23)

New Zealand
 (22)

Slow 
events (19)

Geodetic

Deep

Shallow

Silent earthquakes

Shallow slow slip

Afterslip

Glacier

Seismic

‘Slow’ events

‘Fast’ earthquakes

Swarms

Aftershocks

Glacier

Landslide

Measur ements

Figure 1.1: Seismic moment versus characteristic duration for a range of fault slip
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a near regular periodicity. For example, events in the Hikurangi subduction zone

accommodate displacements of 2 - 4 cm over a period of approximately 2 weeks,

regularly repeating every 2-5 years (Wallace & Beavan, 2006). It has been suggested

that SSEs along the subduction interface are generally unrelated to standard earth-

quakes and thus not likely triggered by stress redistribution before or after large

earthquakes (Schwartz & Rokosky, 2007). However, recent work suggests that deep

SSEs can indeed increase stress in adjacent areas and could therefore trigger earth-

quake ruptures in the megathrust seismogenic zone, and that the periodicity of SSEs

could modulate the occurrence time of larger earthquakes (Uchida et al., 2016).

High fluid pressure has been invoked to provide a potential triggering mech-

anism for SSEs (Kodaira et al., 2004; Shelly et al., 2006b). Geophysical observations

show that the source region of both shallow and deep SSEs spatially coincides with

regions of high Vp/Vs, which has been interpreted to reflect high pore pressures

(Audet et al., 2009; Peacock et al., 2011; Wech et al., 2012). The presence of high

pore fluid pressure leading to a critically stressed state is in line with the observa-

tion that tides may trigger and modulate SSEs (Kodaira et al., 2004; Hawthorne &

Rubin, 2013), as well as the dynamic triggering of SSEs by teleseismic waves (Itaba

& Ando, 2011). However, several theoretical studies have proposed mechanisms

and scenarios in which this high fluid pressure is not required (Yoshida & Kato,

2003; Liu & Rice, 2005; Mitsui & Hirahara, 2008).

1.1.2 Episodic tremor and slip (ETS)

Detected in the same regions as SSE along the subduction interface, tectonic tremor,

also known as non-volcanic tremor, is observed as low-amplitude, low-frequency

and long-duration seismic signals (Rogers & Dragert, 2003; Obara et al., 2004). This

Figure 1.2 (facing page): The spectrum of fault slip behaviour along the subduction
megathrust. (a) Cartoon representation locating fault slip phenomena along the
subduction interface. (b) Fault slip behaviour along the subduction interface with
characteristic durations for the different slip behaviors (adapted from Marone &
Richardson (2010); Bürgmann (2018).

4



Chapter 1

5



Chapter 1

noisy seismic signal typically lacks the clear impulsive arrivals of seismic signals of

standard earthquakes. Tectonic tremor activity frequently (though not universally)

occurs episodically in close spatial and temporal association with SSEs, an associa-

tion that has been termed episodic tremor and slip (ETS).

Episodic Tremor and Slip (ETS) was first recognised in the Cascadia subduc-

tion zone (Rogers & Dragert, 2003)) and the Nankai subduction zone in SW Japan

(Obara et al., 2004). In both locations it occurs below the seismogenic zone of the

subduction megathrust. It has also been detected in the shallow portions of the

subduction interface, in proximity to the accretionary wedge (Obana & Kodaira,

2009; Annoura et al., 2017). The tremor signal of ETS has been shown to consist

of persistent low-frequency seismic signals with a duration of hours to days which

are thought to represent swarms of low- and very low-frequency earthquakes (LFEs

and VLFEs) (Shelly et al., 2006b, 2007a). These LFEs and VLFEs are thought to rep-

resent small magnitude (M<2), low stress-drop earthquakes (Shelly et al., 2006b,

2007a; Ide et al., 2007; La Rocca et al., 2009; Shelly, 2015). In a similar fashion to

SSEs, ETS is thought to be dynamically triggered by tidal forces or the passage of

teleseismic waves (Rubinstein et al., 2008; Thomas et al., 2009; Houston, 2015).

High pore fluid pressure is the most widely accepted factor thought to con-

tribute to ETS events (Peacock, 2009). Katayama et al. (2012) suggest that perme-

ability contrasts between the serpentinised mantle wedge and more impermeable

layers of gabbro in the crust could result in fluid overpressure and periodic releases

of fluids triggering fault instabilities and driving ETS behaviour. Silica deposition

has also been proposed to play a role in controlling the periodicity of ETS (Audet

& Bürgmann, 2014; Hyndman et al., 2015). In this model, the periodicity of ETS

is controlled by an interplay of fluid pulses, healing and permeability reduction as

silica-rich fluids are released from the down-going slab into the forearc mantle.

Since tremor signals lack clear impulses, stacking techniques have been de-

veloped to reveal P and S wave arrivals (e.g. Bostock & Christensen, 2012; Royer

& Bostock, 2014). Royer & Bostock (2014) employed these analytical techniques to

show that tremor clusters in northern Cascadia are consistent with a double couple

source mechanism produced by thrusting in the direction of plate motion close to
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the plate interface (figure 1.3).

There exists a wide range of thermal structures in subduction zones that host

ETS. Thermal models show ambient temperature in the ETS source region of the

SW Japan and Cascadia subduction zones in the range of 325-500 ◦C (Brown et al.,

2009; Peacock, 2009; McCrory et al., 2014). In Costa Rica, ETS occurs at much lower

temperatures of around 250 ◦C (McCrory et al., 2014). This wide range of tempera-

tures in the ETS source region has led to the suggestion that ETS may not be directly

related to a temperature-dependant process or specific metamorphic reactions, but

may instead be controlled by more general physical and chemical processes associ-

ated with shearing along the plate interface (Peacock, 2009; McCrory et al., 2014).

Recent improvements in the relocation of LFEs associated with deep ETS have

placed its source region in proximity of the slab-mantle interface close to the tip

of the forearc mantle wedge along the subduction megathrust (Brown et al., 2009;

Peacock, 2009; Kato et al., 2010; Hyndman et al., 2015). However, the uncertainties

in the relocation of LFE events are high (on the order of 1000s of metres in depth

uncertainty), and there is a relatively large spread in the depth range and distance

from the trench where they occur (Chapter 4; figure 4.1). Geophysical evidence

largely based on modelling the distribution of Poissons ratio suggests that the fore-

arc mantle wedge is at least in part serpentinised (Guillot et al., 2001; Hyndman

& Peacock, 2003; Kamiya & Kobayashi, 2000; DeShon & Schwartz, 2004). This is

supported by field observations of serpentinite diapirs in subduction zone forearcs

(Fryer et al., 1999) and the presence of serpentinite mélanges in field exposures in-

terpreted to represent exhumed examples of the subduction interface (King et al.,

2003; Blanco-Quintero et al., 2011). The possible relationship between the source

region of ETS and the serpentinised mantle wedge highlights the importance of un-

derstanding the potential role of serpentinite in slow fault slip phenomena.

1.2 The significance of serpentinite shear zones

Serpentinites – rocks made up dominantly of the serpentine group minerals – occur

in a wide range of tectonic settings. In slow- to ultra-slow-spreading mid-ocean
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Figure 1.3: Maps of LFEs in northern Cascadia. LFE locations in (a) southern Van-
couver Island (Bostock & Christensen, 2012) and (b) northern Vancouver Island.
Double couple mechanisms determined for LFEs using stacking techniques in (c)
southern Vancouver Island and (d) northern Vancouver Island (adapted Royer &
Bostock (2014)).
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ridges, mantle peridotite is exhumed to the ocean floor forming abundant serpen-

tinite by hydration from the infiltration of seawater (Cannat et al., 2009). Extension

at these spreading centres is accommodated by slip on serpentinised detachment

faults along the top of uplifted domal structures consisting of exhumed peridotite

and gabbro, known as oceanic core complexes. Intersecting and offsetting these

and other faster oceanic spreading centres, oceanic transform faults also provide

a pathway for the infiltration of seawater deep into the ultramafic portion of the

oceanic lithosphere forming serpentinite (Francis, 1981; Canales et al., 2000). In

outer rise normal faults, seaward of the trench in subduction zones, serpentinite

forms due to bending and faulting of the oceanic lithosphere as it enters the sub-

duction zone, which provides a pathway for fluids to hydrate peridotite in the lower

oceanic lithosphere (Hatakeyama et al., 2017). Serpentinite is also an important con-

stituent of plate boundary–scale continental transform faults, including sections of

the San Andreas Fault in California, USA (Moore & Lockner, 2007) and the southern

segment of Alpine Fault in New Zealand (Barth et al., 2013). It has been proposed

that the presence of frictionally weak serpentinite, and associated minerals such as

talc, could explain the creeping behaviour of a portion of the San Andreas Fault

(Moore & Rymer, 2007).

One of the most globally-important occurrences of serpentinite is at the slab-

mantle interface in subduction zones. Geophysical measurements of the forearc

mantle wedge in the Cascadia subduction zone show anomalously low seismic ve-

locities and densities compared to those expected for peridotite, which has been in-

terpreted to reflect some degree of serpentinisation of the forearc mantle (Peacock &

Hyndman, 1999; Hyndman & Peacock, 2003). A wide range of geophysical and ge-

ological evidence suggests that the slab-mantle interface is characterised by a large

serpentinite-bearing shear zone, sometimes referred to as the subduction channel,

which can influence coupling between the subducting slab and mantle wedge (Be-

bout & Barton, 2002; Gerya et al., 2002; Breeding et al., 2004; Guillot et al., 2004;

Federico et al., 2007; Miller et al., 2009; Bebout, 2013; Bebout & Penniston-Dorland,

2016). Geological observations of exhumed portions of paleo-slab-mantle interfaces

9



Chapter 1

show a complex mixture of serpentinite together with various lithologies plucked

off from both the subducting slab and the overlying mantle wedge (fig 1.1; King

et al., 2003; Bebout, 2013).

The potential role of serpentinite in controlling the rheology of the slab-mantle

interface has been the subject of a renewed level of interest since the discovery of

slow slip and non-volcanic tremor in subduction zones (Obara et al., 2004; Obara

& Ito, 2005; Ito & Obara, 2006; Ito et al., 2007; Peng & Gomberg, 2010). Recently,

improvements in the relocation of non-volcanic tremor and low frequency earth-

quakes have shown a remarkable correspondence between the location of these

coupled phenomena and the corner of the forearc mantle wedge, implying that

the source region of deep slow slip and tremor lies close to slab-mantle interface

(Brown et al., 2009; Peacock, 2009; Kato et al., 2010; Hyndman et al., 2015). Un-

derstanding the complex mechanical behaviour of large serpentinite-bearing shear

zones, including the possible origins of deep slow slip and non-volcanic tremor,

requires a multi-disciplinary approach. Detailed field and microstructural observa-

tions of extremely well exposed, plate boundary-scale serpentinite shear zones can

offer high-resolution insights in to their internal structure and composition, an es-

sential step in extrapolating laboratory measurements and interpreting geophysical

signals from areas such as the forearc mantle.

1.3 Rheological properties of serpentinite

A wide range of experiments have provided data on the frictional and rheologi-

cal properties of serpentinite over much of the P-T stability field of the serpentine-

group minerals (e.g. Reinen et al., 1994; Moore et al., 1996; Jung & Green, 2004; Viti

& Collettini, 2009; Kohli et al., 2011; Moore & Lockner, 2011, 2013; Auzende et al.,

2015; Okazaki & Katayama, 2015; Brantut et al., 2016; Tesei et al., 2018). A compila-

tion of experimentally-determined friction coefficients from this extensive literature

for the main serpentine mineral types (antigorite, lizardite and chrysotile) by Tesei
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et al. (2018) shows a wide spread in friction coefficients with changes in effective

normal stress and presence of fluids (figure 1.4). Viti et al. (2018) acknowledge and

discuss the inherent difficulty in comparing frictional data from different experi-

ments due to the complex nature of natural serpentinite samples. This complexity

arises from (Viti et al., 2018):

1. The mineralogical complexity of serpentinites: Serpentine minerals rarely form

monomineralic rocks (Viti et al., 2018). It is therefore difficult to perform ex-

periments on pure serpentine minerals.

2. The microstructural complexity and fine-grained nature of serpentinites: Ser-

pentinites are frequently fine-grained, with intergrowths at the sub-micron

scale (Rooney et al., 2018; Tarling et al., 2018b).

3. The difficulty in serpentine mineral identification: Conventional identifica-

tion techniques such optical microscopy, X-ray powder diffraction and Scan-

ning electron microscopy combined with energy dispersive spectroscopy fre-

quently fail to distinguish between the serpentine varieties (see Chapters 5, 6;

Rooney et al., 2018; Tarling et al., 2018b).

Tesei et al. (2018) overcome these difficulties by careful mineralogical and mi-

crostructural characterisation of serpentinite samples down to the nano-scale, as

well as the use of near-monomineralic serpentinite veins. They report friction coef-

ficients of < 0.3 for the low-temperature serpentine minerals (lizardite, chrysotile

and polygonal serpentine) and ∼0.5 for antigorite serpentinites (for temperatures of

25◦C and 170◦C at effective normal stress from 5 to 120 MPa and water-saturated

conditions). This is broadly consistent with previous experimental studies cited

above.

It is important to note that these and previous experiments were undertaken at

strain rates at which deformation took place entirely in the frictional regime, largely

by fracturing, frictional sliding and phyllosilicate layer and fibre bending and fold-

ing (Tesei et al., 2018). In natural shear zones, pressure solution mediated creep,

along with frictional sliding, is thought to play an important role in controlling
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Figure 1.4: Compilation of experimental frictional data from the literature for antig-
orite, lizardite and chrysotile by Tesei et al. (2018).
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serpentinite rheology (Chapter 2; Viti et al., 2018). At higher temperatures, crystal-

plasticity becomes the dominant mechanism controlling deformation (Hilairet et al.,

2007; Chernak & Hirth, 2010; Padron-Navarta et al., 2012; Amiguet et al., 2014;

Auzende et al., 2015; Proctor & Hirth, 2016). Therefore, these experimental studies

may not fully capture the rheological behaviour of natural serpentinite shear zones.

1.4 Motivations and major questions addressed in the

thesis

Given the widespread occurrence and significance of serpentinite in controlling

fault mechanics in a range of geodynamic settings, it is of paramount importance to

understand the internal structure, composition and mechanical behaviour of large

serpentinite shear zones. Laboratory experiments have provided a wealth of data

on the frictional and rheological properties of serpentinite over a wide range of P-

T-fluid conditions (e.g. Reinen et al., 1994; Moore et al., 1996; Jung & Green, 2004;

Viti & Hirose, 2009; Kohli et al., 2011; Moore & Lockner, 2011, 2013; Auzende et al.,

2015; Okazaki & Katayama, 2015; Brantut et al., 2016; Tesei et al., 2018). How-

ever, the highly complex structure of serpentinite-bearing shear zones observed in

outcrop (Norrell et al., 1989; Strating & Vissers, 1994; Hermann et al., 2000; King

et al., 2003; Wakabayashi, 2004; Soda & Takagi, 2010; Blanco-Quintero et al., 2011;

Singleton & Cloos, 2012; Quesnel et al., 2016; Tarling et al., 2018b) suggests that

upscaling laboratory measurements made on small, generally monomineralic sam-

ples, may not fully capture the complete spectrum of behaviour exhibited by natu-

ral serpentinite shear zones. This highlights the importance of detailed field-based

studies that can complement laboratory and geophysical measurements of serpen-

tinite shear zones. Despite this, few well-exposed examples of plate boundary-scale

serpentinite shear zones have been described.

The Livingstone Fault in New Zealand is an extremely well-exposed, plate

boundary-scale serpentinite shear zone that provides an important opportunity to
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examine and quantify the internal structure and composition of large serpenti-

nite shear zones. The Livingstone Fault is a >1000 km-long terrane boundary that

runs through the North and South Islands of New Zealand. Along most of its

length, the fault consists of a serpentinite shear zone that juxtaposes ultramafic

rocks of the Dun Mountain Ophiolite Belt (mainly peridotite and serpentinised peri-

dotite) against continental quartzofeldspathic schists. Thus, the shear zone marks

an important chemical boundary, and provides insights in to active tectonic settings

where ultramafic rocks are sheared against quartzofeldspathic lithologies, which in-

cludes the slab-mantle interface in subduction zones.

The purpose of this thesis is to document the internal structure, kinematics,

main deformation mechanisms, and most important geochemical and thermophysi-

cal processes that occur within plate-boundary scale serpentinite shear zones, using

the Livingstone Fault as a case study. The following questions are addressed in this

thesis:

I. What are the main characteristics of the internal structure and composition of plate-

boundary scale serpentinite shear zones, and how do these characteristics relate to possible

mechanical behaviour?

II. Can serpentinite shear zones host earthquake ruptures, and is evidence for earthquakes

preserved in natural serpentinite shear zones?

III. What is the role of metasomatic reactions in the mechanical behaviour of serpenti-

nite shear zones, and how could metasomatic processes relate to geophysical phenomena

observed at the slab-mantle interface?

These questions are explored in depth in chapters 2 to 4. To answer these and

other questions, it was necessary to develop new methodologies based on Raman

spectroscopy mapping, which allow for in-situ identification and mapping of ser-

pentine minerals in complex fault rock samples. These methodologies are outlined
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in chapters 5 and 6.

1.4.1 Geological and tectonic history of the Dun Mountain Ophi-

olite Belt and the Livingstone Fault

The Dun Mountain Ophiolite Belt (DMOB) is a narrow slice of Permian oceanic

lithosphere that is over 1000 km long and is offset 480 km by the Alpine Fault.

The DMOB is well exposed in the South Island of New Zealand, but its position

elsewhere can be inferred from the strong positive magnetic anomaly produced by

magnetite-bearing serpentinites (Coombs et al., 1976; Eccles et al., 2005). Trans-

posed ophiolitic sequences from the ultramafic basal section, through the gabbroic

and sheeted dyke complexes, a mafic volcanic sequence and into the overlying sed-

iments, are preserved at Red Mountain, in the Red Hills Range, and Dun Mountain

in the South Island (Coombs et al., 1976; Sinton, 1977; Sano et al., 1997; Stewart

et al., 2016). The Livingstone Fault defined the eastern boundary of the DMOB and

normally separates the ultramafic base of the DMOB from the adjacent metasedi-

mentary Caples and Aspiring Terranes.

Tectonic models suggest that the DMOB originated as a section of Permian

oceanic lithosphere which was obducted onto the New Zealand continent at the

convergent Gondwana margin (Coombs et al., 1976; Bradshaw, 1989; Gray et al.,

2007). Initiation of obduction is thought to have begun 270-180 Ma during the

subduction of Permian oceanic crust beneath the Gondwana margin (figure 1.5a).

Following the initiation of obduction, the DMOB was thrust over the accretionary

wedge (the proto-Caples Terrane) with continued convergence from 160 to 120 Ma

(figure 1.5b,c) (Gray et al., 2007). This thrust may represent the proto-Livingstone

Fault. Collisional backfolding during ongoing convergence then lead to a reversal

in fault motion, with the Caples Terrane thrust over the DMOB (figure 1.6; Eccles

et al., 2005).

15



Chapter 1

Figure 1.5: Obduction of the Dun Mountain Ophiolite Belt and tectonic evolution
of the Livingstone Fault. (adapted from Gray et al. (2007)).
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Figure 1.6: Collisional backfolding led to a reversal of motion on the Livingstone
Fault (adapted from Eccles et al. (2005)).

1.5 Thesis structure

Following this introductory chapter (Chapter 1), which provides the context and

motivations of this work, the thesis is subdivided into 4 further chapters. Each chap-

ter consists of a manuscript that has either been prepared for publication (Chapter

2), published (Chapters 3, 5, 6), or submitted (Chapter 4) to a peer-reviewed jour-

nal. This thesis format results in some degree of repetition between chapters, as

each chapter was written as standalone piece of work. Chapter outlines are as fol-

lows:

Chapter 2 presents detailed structural and petrological characteristics of the

Livingstone Fault based on fieldwork performed at eleven localities. The internal

structure and composition of the Livingstone Fault are examined, and it is proposed

that the Livingstone Fault can be used a suitable analogue for other large-scale ser-
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pentinite shear zones, including the shear zone expected to occur at the slab-mantle

interface in subduction zones. Additionally, this chapter includes a summary of the

geological history, tectonic setting and previous work on the Livingstone Fault.

Chapter 3 outlines the discovery of a fossil earthquake in the Livingstone

Fault, which is the first record of such an event in a serpentinite shear zone. The

study presents detailed petrological evidence for high-temperature dehydration of

serpentinite to form amorphous serpentine, talc, olivine and enstatite, which are

preserved within small serpentinite inclusions encapsulated in a magnetite-coated

fault slip surface. Using finite-element modelling it is shown that the dehydration

products could have formed as the result of coseismic frictional heating during an

earthquake of magnitude between 2.7 and 4.

Chapter 4 documents the importance of metasomatic reactions in serpentinite

shear zones. Reactions occurred at the contacts between the serpentinite shear zone

and more siliceous lithologies (schist and rodingite) to form networks of metaso-

matic veins. It is proposed that chemical reactions in serpentinite-bearing shear

zones can generate fluid overpressures sufficient to trigger hydrofracturing and

drive a transition to localised brittle failure. These coupled physical and chemical

processes may play a role in generating episodic tremor and slip at the slab-mantle

interface.

Chapter 5 outlines the development of a new analytical technique based on

sub-micron Raman spectroscopy mapping. This technique is capable of unambigu-

ously identifying and mapping some of the common serpentine minerals directly

on polished thin sections at near diffraction limited resolution (∼370 nm). This

technique reveals previously-unrecognised textures in fine-grained and texturally-

complicated serpentinite fault rocks, and opens the door to a much better under-

standing of the microstructural evolution of serpentinite shear zones.

Chapter 6 uses sub-micron Raman spectroscopy mapping to analyse portions
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of electron-transparent foils previously characterised by transmission electron mi-

croscopy (TEM). The combination of Raman spectroscopy and TEM allows for the

unambiguous identification of serpentine minerals while preserving high-resolution

microstructural context. Using these new techniques, the correct Raman spectra of

polygonal serpentine is defined, and an updated reference table of the Raman spec-

trum of the most common serpentine minerals is proposed.
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2Università degli Studi di Siena, Dipartimento di Scienze Fisiche, della Terra e dell’Ambiente, Siena, Italy

Author contributions are given in detail in section 1.6.

Abstract

Large serpentinite-dominated shear zones are important in a range of tectonic

settings, including the slab-mantle interface, oceanic detachment faults, and large-
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displacement transform faults in the oceanic and continental lithosphere. Decipher-

ing their internal structural and composition is critical to the application of experi-

mental data, the interpretation of geophysical data and inferring possible mechan-

ical behaviour of serpentinite shear zones. The Livingstone Fault in New Zealand

is a >1000 km long terrane boundary that separates the basal portions (peridotite;

serpentinised peridotite; metagabbros) of the Dun Mountain Ophiolite Belt from

quartzofeldspathic schists of the Caples or Aspiring Terranes. The fault is extremely

well exposed in South Westland where it outcrops on high alpine passes above the

tree line, presenting an important opportunity to examine a large serpentinite shear

zone at sub-micron to kilometre scales. Field and microstructural observations from

eleven localities along a strike length of c. 140 km show that the Livingstone Fault

is everywhere a steeply-dipping, serpentinite-dominated shear zone tens to several

hundreds of metres wide. The bulk of the shear zone has a pervasive scaly fabric,

which wraps around fractured pods of massive serpentinite, rodingite and (par-

tially metasomatised) quartzofeldspathic schist up to a few tens of metres long.

Well-developed S-C fabrics and lineations in the shear zone consistently indicate

a steep Caples-side-up (i.e. east-side-up) shear sense, with significant local disper-

sion in kinematics where the shear zone fabrics wrap around pods. The scaly fabric

is dominated by fine-grained (<100 µm) fibrous chrysotile and lizardite/polygonal

serpentine, although infrequent small porphyroclasts of antigorite are also pre-

served. Dissolution seams and foliation surfaces enriched in magnetite, together

with widespread growth of fibrous chrysotile in veins and strain shadow regions

around porphyroclasts, suggest that bulk shear zone deformation occurred mainly

by pressure-solution-mediated creep. Pods of massive serpentinite and rodingite

are often cut by en echelon brittle fault surfaces that are subparallel to C shear bands

in the surrounding scaly matrix. Other pods inferred to have collided during shear-

ing are characterised by complex fracture arrays that radiate outwards from the

contact surfaces. Widespread syn-kinematic metasomatic reactions occurred at the

boundaries between serpentinite, schist and rodingite, forming multi-generational

networks of nephritic tremolite veins that caused reaction-hardening of metasoma-

tised portions of the shear zone. A general conceptual model is proposed for the in-
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ternal structure and composition of plate boundary-scale serpentinite shear zones.

The model involves bulk distributed deformation by pressure-solution creep, ac-

companied by various structural (e.g. faulted pods and wall rocks, magnetite-coated

fault surfaces) or chemical (e.g. metasomatic hardening) processes that could result

in localised brittle deformation within creeping segments. The model may provide

a useful framework for interpreting the geophysical signals of deep episodic tremor

and slip (ETS), which occurs in a chemically-reactive shear zone environment close

to the slab-mantle interface.

2.1 Introduction

Large serpentinite-bearing shear zones play an important role in controlling fault

mechanics in a range of tectonic settings, including the slab-mantle interface in

subduction zones (Peacock & Hyndman, 1999; Bostock et al., 2002; Hyndman &

Peacock, 2003; Reynard, 2013; Bebout & Penniston-Dorland, 2016), slow-spreading

mid-ocean ridges (Cannat et al., 2009), oceanic detachment faults and fracture zones

(Cann et al., 1997; Escartı́n et al., 2003b; Bach et al., 2006), ophiolite mélanges (Fed-

erico et al., 2007; Wang et al., 2011), and large-displacement transform faults in both

the oceanic and continental lithosphere (Melson & Thompson, 1971; Hekinian et al.,

1992; Moore & Rymer, 2007, 2012; Barth et al., 2013).

Deciphering the internal structure and composition of large serpentinite-bearing

shear zones is a fundamental step in understanding their mechanical and seismolog-

ical properties. A great number of studies have focused on the mechanical (Reinen

et al., 1991, 1994; Brantut et al., 2016; Tesei et al., 2018), geochemical (Viti & Mellini,

1997; Bebout & Barton, 2002) and petrological (Viti & Mellini, 1998) characteristics

of serpentine minerals and serpentinite-bearing fault rocks, and are summarised

in a series of recent review papers (Guillot & Hattori, 2013; Hirth & Guillot, 2013;

Reynard, 2013; Guillot et al., 2015; Viti et al., 2018). However, there are few detailed

field descriptions of the internal structure and composition of well-exposed, plate

boundary-scale serpentinite shear zones. This represents an obstacle in the extrapo-
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lation of detailed laboratory and geophysical studies, and limits our understanding

of the potential role that serpentinite-bearing shear zones may play in controlling

processes such as deep episodic tremor and slip (ETS; Poulet et al., 2014), decou-

pling and weakening of the subducting slab and mantle wedge (Moore et al., 2004;

Hirauchi et al., 2013; Moore & Lockner, 2013), and exhumation of high-pressure

metamorphic rocks in subduction channels (Hermann et al., 2000; Federico et al.,

2007). The few field-based studies of large serpentinite shear zones that have been

performed typically document a pervasive anastomosing foliation in the bulk of

the shear zone (Norrell et al., 1989; Strating & Vissers, 1994; Hermann et al., 2000;

Soda & Takagi, 2010; Singleton & Cloos, 2012), commonly referred to as scaly fabric

(Vannucchi et al., 2003; Vannucchi, 2019). Scaly fabric is descriptive term used to

characterise rocks displaying a phacoidal cleavage at the macroscale and typically

occurs in clay-rich as well as serpentinite fault rocks (Labaume et al., 1997; Moore,

1986; Housen et al., 1996; Vannucchi et al., 2003; Chester et al., 2013; Haines et al.,

2013; Vannucchi, 2019). Some studies have highlighted the potential importance of

pressure-solution in the development of this fabric in serpentinites at greenschist–

facies conditions (Andreani et al., 2004, 2005). Other studies have focused on the

role of metasomatism in areas where serpentinite is in contact with chemically-

distinct rock types (Moore & Rymer, 2007; Soda & Takagi, 2010). However, field

studies are normally hampered by relatively poor exposure in areas dominated by

scaly serpentinite-bearing fault rocks, and it is rare to have the internal structure

and composition of a large serpentinite-bearing shear zone exposed in detail over

expansive areas.

The purpose of this paper is to present new observations of the internal struc-

ture and composition of a plate boundary-scale serpentinite shear zone that is ex-

tremely well-exposed in the South Island of New Zealand. The Livingstone Fault

presents an important opportunity to understand the internal structure and me-

chanics of large serpentinite-dominated shear zones from the sub-micron scale up

to the plate-boundary scale. Previous work on the Livingstone Fault has focused

on the interpretation of specific processes that occurred within the shear zone, in-

cluding the preservation of serpentine dehydration assemblages interpreted to have
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formed during coseismic frictional heating (Tarling et al., 2018b, Chapter 3), and

the potential influence of metasomatic reactions on fault mechanics (Chapter 4). In

this paper, we present detailed structural and petrological data on the geometry,

kinematics and composition of the shear zone over a range of scales. These data are

used to develop a general conceptual model that could be used as a framework to

help interpret the mechanical behaviour of large serpentinite-bearing shear zones,

including the geophysical signals of episodic tremor and slip (ETS) that are located

close to the shallowest portions of the slab-mantle interface.

2.2 Geological Setting and Previous Work

The continent of Zealandia is composed of a series of Cambrian to Cretaceous tectonos-

tratigraphic terranes that were amalgamated on the paleo-Pacific Australia-Zealandia-

Antarctica Gondwana margin (fig. 2.1). The Zealandia terranes broadly comprise an

Early Cretaceous fore-arc, arc, and a portion of the back-arc, which were separated

from Australia and Antarctica after c. 84 Ma (e.g., Gaina et al., 1998). The terranes

are broadly subdivided into a Western Province and an Eastern Province, which are

separated by the Median Batholith (e.g., Landis & Coombs, 1967; Bishop et al., 1985;

Mortimer, 2004, fig. 2.1). The Western Province is dominated by Early Palaeozoic

metasedimentary rocks (e.g., Cooper, 1989; Adams et al., 2015) and was the locus of

arc magmatism for 400 Ma (e.g., Kimbrough et al., 1992; Waight et al., 1998; Muir

et al., 1996; Tulloch et al., 2009; Allibone et al., 2009). The Eastern Province is dom-

inated by Late Palaeozoic to Mesozoic metasedimentary terranes (e.g., MacKinnon,

1983; Adams et al., 1998, 2007) that were progressively accreted above the active

subduction margin. Sandwiched within the Eastern Province metasedimentary ter-

ranes is a Permian-Triassic island arc (Brook Street Terrane; Landis et al. (1999); fig.

2.1) and an extensive ophiolite belt (Dun Mountain-Maitai Terrane, referred to com-

monly as the Dun Mountain Ophiolite Belt, DMOB; fig. 2.1; Coombs et al. (1976)).

The Cretaceous boundary between the Western Province and Eastern Province is

a complex zone of arc magmatism that intrudes both Provinces and is referred to

as the Median Batholith (Mortimer et al., 1999). A series of major ductile shear
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zones mark a precise Western Province-Eastern Province boundary in some places

(Bradshaw, 1993; Scott, 2013; Allibone & Tulloch, 2008). Most terrane boundaries,

however, appear to have been reactivated by Cenozoic faulting associated with de-

velopment of the present Australia-Pacific plate boundary system.

The Livingstone Fault is the terrane boundary that defines the eastern margin

of the DMOB (figs. 2.1, 2.2). The DMOB is a narrow slice (<20 km) of Permian

oceanic lithosphere that can be traced for more than 1000 kilometres through the

North and South Islands of New Zealand, although it has been offset by 480 km

across the Alpine Fault in the last c. 25 Ma (Wellman, 1953; Sutherland et al., 2000).

The DMOB is well exposed in the South Island of New Zealand. In the North Island

it is buried underneath relatively young volcanic and sedimentary rocks, except in

one location at Piopio (fig. 2.1). However, it can be traced through the North Island

using the strong positive magnetic anomaly that is formed by magnetite-bearing

serpentinites (Coombs et al., 1976; ?). A complete ophiolite sequence that includes

an ultramafic basal section (harzburgite to dunite, and serpentinised equivalents),

a mafic dyke complex, a mafic volcanic sequence, and an overlying sedimentary

sequence (the Maitai sequence, including: limestones, conglomerates, sandstones,

mudstones, volcaniclastics) is preserved at Red Mountain in South Westland (fig.

2.2) and at Dun Mountain near Nelson (Coombs et al., 1976; Sinton, 1977; Sano et al.,

1997; Stewart et al., 2016). During accretion, the ophiolite sequence was rotated so

that the bulk layering is now subvertical and the sequence youngs from east to west

(fig. 2.2). Uranium-Pb zircon dates from plagiogranites suggest a formation age

of 275 – 285 Ma (Kimbrough et al., 1992), which is consistent with detrital zircons

in the sedimentary Maitai component (Jugum et al., 2013). The DMOB is situated

between zeolite facies volcanogenic sediments of the Murihiku Terrane to the west,

and the Caples Terrane and Aspiring Terranes to the east (figs. 2.1, 2.2).

The DMOB and Livingstone Fault are well exposed in intermittent locations

through a 150 km-long strip in the South Westland area of the Southern Alps,

which is the focus of our work (fig. 2.1, 2.2). Early work mentioning the Living-

stone Fault consisted mainly of regional mapping projects focused on the adjacent

Murihiku and Caples/Aspiring Terranes (Hutton, 1936; Macpherson, 1946; Wood,

28



Chapter 2

1956; Grindley, 1958; Bishop et al., 1976; Coombs et al., 1976; Craw, 1979; Turnbull,

1980; Cawood, 1986, 1987). Grindley (1958) and Bishop et al. (1976) noted that the

fault has a steeply east-dipping or sub-vertical orientation. The most comprehen-

sive work to date was by Craw (1979), who recognised the fault to be a narrow

serpentinite-bearing shear zone up to 200 m wide near West Burn (fig. 2.2), with a

sub-vertical to steeply east-dipping orientation. Extensive work by Cawood (1986,

1987) in the central Southland area recognised a steeply dipping fault characterised

in places by a serpentinite mélange containing inclusions of quartzofeldspathic and

metagabbroic blocks up to 5 metres long. His work also describes the occurrence of

massive serpentinite blocks surrounded by a schistose serpentinite matrix, as well

as boudinaged metagabbroic dykes. Interpretations of the SESI geophysical transect

suggest that the Livingstone Fault probably extends at least to the base of the crust

at 20–30 km depth (fig. 2.1b) (Mortimer et al., 2002). A synthesis and interpreta-

tion of previous works by Cawood (1986) indicates that the most recent phase of

deformation involved a steep reverse sense of motion, with the Caples and Aspiring

Terranes having been thrust over the DMOB. However, the timing of deformation

events is poorly constrained because the shear zone assemblages are not conducive

to dating. It seems likely that the Livingstone Fault has experienced several phases

of reactivation, including possible Cenozoic reactivation where it lies subparallel to

the Alpine Fault. The fault must have been active post-Jurassic because these are the

youngest sedimentary strata found in the adjacent terranes (Cawood, 1986).

Figure 2.1 (facing page): Regional geological setting. a) Simplified regional map of
the basement geology and tectonic setting of the South Island of New Zealand. Inset
shows a map of New Zealand with present-day plate boundaries and location of the
Livingstone Fault in the North and South Islands. Piopio (inset map) is the only
exposure of the Dun Mountain Ophiolite Belt in the North Island of New Zealand
(O’Brien and Rogers, 1973). Modified from Cooper and Ireland (2015) with data
from Mortimer (2004). (b) Regional-scale cross section along line x-y (shown in part
a) based on interpretation of the composite South East South Island (SESI) seismic
reflection profile by Mortimer et al. (2002)
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2.3 Methods

2.3.1 Fieldwork and drone-assisted mapping

Detailed field mapping, sampling and structural data collection were performed

at 11 locations along a strike length of c. 140 km (fig. 2.2). Around 5 km to the

NE of Cosy Gully, the Livingstone Fault is truncated by the Alpine Fault. In sev-

eral locations (stereonets in figure 2.2), the asymmetry of well-defined S-C fabrics,

combined with lineation measurements, allowed the bulk shear sense to be deter-

mined. Orientated samples were collected that represent the main shear zone, wall

rock, and metasomatic lithologies, and the most important macroscale structural

characteristics of the shear zone were noted

Drone imagery and photogrammetry were used to produce a high-resolution

orthorectified aerial photo of the Livingstone Fault at Serpentine Saddle (fig. 2.2),

which was used as a basemap to survey the internal structure of the shear zone at

this locality. Aerial photography was performed using a DJI Phantom 4 Pro drone

(DJI, Shenzhen, China), which was manually piloted at an average height of approx-

imately 55 metres above ground level. GPS-tagged pictures were manually taken at

a semi-regular interval in order to obtain approximately 30% lateral and 60% for-

ward overlap between adjacent photos. A total of 615 pictures were taken, covering

a total area of approximately 0.3 km2. The photographs were processed using Ag-

isoft PhotoScan software to create a single orthorectified aerial photo with a ground

resolution of 2.15 cm per pixel (See Appendix A Supplementary Figure A for the

Figure 2.2 (facing page): Simplified geological map of the Livingstone Fault with
eleven study sites marked, from Cosy Gully in the north to West Burn in the south.
Approximate thickness of the serpentinite shear zone based on field observations
is shown at each locality. Stereonets (all lower hemisphere, equal area) represent
measurements of the main shear zone fabrics, including undifferentiated scaly fo-
liations, S-C fabrics where present, and lineations. At Cow Saddle, additional data
are provided for the orientations of brittle faults and associated lineations that cut
through pods of massive serpentinite. Stereonets produced using Stereonet v. 10.1.6
(Allmendinger et al., 2011).
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high-resolution orthophoto). The orthophoto provided a high-resolution basemap

for geological mapping, which was performed at the outcrop over a period of 2 days.

Image analysis with ImageJ software (Schneider et al., 2012) was used to quantify

the abundance of shear zone lithologies.

2.3.2 Microscopy and microstructural observations

Thin sections of fault rocks were cut parallel to lineation and perpendicular to foli-

ation. Standard 30–µm thick polished petrographic thin sections were prepared for

microstructural observations. Observations were carried out using a combination of

transmitted and reflected-light optical microscopy, submicron Raman spectroscopy

mapping (Chapters 5 and 6), scanning electron microscopy (SEM) and transmission

electron microscopy (TEM). SEM imaging was performed using a Zeiss Sigma VP

Field-Emission Scanning Electron Microscope at the Otago Centre for Electron Mi-

croscopy. The SEM was operated in backscattered mode using an accelerating volt-

age of 15 kV and a working distance ranging from 6 to 8.5 mm. TEM samples were

extracted from thin sections prepared using Canada balsam adhesive, by mounting

copper annuli grids 3 mm in diameter with a central hole of 800 µm diameter. An

Ar+ ion milling precision polishing system (PIPS) was used to mill the samples to

electron transparency (Gatan Inc., United States). TEM analysis was performed on

a JEOL JEM-2010 microscope (JEOL Ltd., Tokyo, Japan) at the University of Siena,

Italy. The TEM was operated at 200 kV with a LaB6 source and ultra-high resolution

pole pieces, resulting in a point resolution of 0.19 nm.

2.3.3 Raman spectroscopy

Thin sections prepared for Raman spectroscopy were glued using a low-fluorescence

epoxy (Epofix Cold–Setting Embedding Resin, Struers) (Rooney et al., 2018). Sub-

micron Raman spectroscopy mapping was performed on an Alpha 300R+ confo-

cal Raman microscope (WITec GmbH, Ulm, Germany) in the Chemistry Depart-

ment at the University of Otago, New Zealand. A dry 100× objective (Carl Zeiss

AG, Oberkochen, Germany), 1200 g mm−1 grating and a 532 nm wavelength laser
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(Coherent, Santa Clara, California) at c. 50 mW were used. The laser spot size

and spatial resolution of this setup is approximately 370 nm (Rooney et al., 2018).

A piezo-controlled nanopositioning stage was used to control the sample position

during the Raman mapping process. The Raman microscopy system was calibrated

with a semiconductor-grade silicon wafer using the 520.6 cm−1 band, followed by

calibration using the 3620.6 cm−1 band from a sample of kaolinite. WITec Project

Plus software was used to analyse the Raman data in order to produce colour maps

based on the spatial distribution of the Raman signal of the minerals present. Full

details regarding the collection and processing of sub-micron Raman spectroscopy

data are available in Rooney et al. (2018) and Tarling et al. (2018a) (Chapters 5 and

6).

2.4 Results

2.4.1 Regional structure and kinematics of the Livingstone Fault

The Livingstone Fault consists of a serpentinite-dominated shear zone that sepa-

rates the mainly quartzofeldspathic schists of the Caples or Aspiring Terranes from

mafic or ultramafic portions of the DMOB (fig. 2.3). In many of the examined lo-

calities (i.e. Fiery Col, Cow Saddle, Mount Raddle, Mount Richards. Red Spur), the

DMOB wall rocks are peridotite and serpentinised peridotite (fig. 2.2). However, at

Serpentine Saddle (discussed in more detail below), Four Brothers Pass and Beres-

ford Pass, ultramafic portions of the ophiolite are absent and the serpentinite shear

zone separates schists from metagabbros and associated dykes. The thickness of the

shear zone varies significantly along strike (fig. 2.3). At Fiery Col (fig. 2.3a,b) and

Cow Saddle (fig. 2.3c), for example, the shear zone is 50-90 m wide (similar to West

Burn, East Eglinton River, Mount Raddle and Red Spur; fig. 2.2). At Serpentine

Saddle the shear zone is up to 420 m wide, whereas at Mount Richards (25 m) and

Cosy Gully (5 m) it is much narrower.

Boundaries between the serpentinite shear zone and wall rocks are commonly

steeply dipping and well-defined (fig. 2.3). In locations where the DMOB wall rocks
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are peridotite or serpentinised peridotite, the western boundary of the shear zone is

defined by a progressive transition, over a distance of a few metres to tens of metres,

from scaly shear zone serpentinite to partially serpentinised peridotite and then

into peridotite (fig. 2.3c). At Serpentine Saddle, where the DMOB wall rocks are

metagabbros, the western boundary is cut by late-stage faults that offset the primary

shear zone boundary. The eastern shear zone boundary is typically defined by a

network of steeply-dipping brittle faults within, and at the contact with, the schist

host rocks (figs. 2.3c, 2.4). These faults surround lenses of partially metasomatised

and fractured schist up to hundreds of metres long and tens of metres wide (fig.

2.4a). The faults have polished, slickensided surfaces (fig. 2.4b) associated with

well-cemented cataclasites up to 2 cm thick. They are mainly sub-vertical to steeply

west-dipping and lineations plunge sub-vertically (fig. 2.4b), consistent with the

overall kinematics preserved in the shear zone fabrics (described below).

All exposures of the serpentinite shear zone are characterised by a strongly

foliated matrix with a scaly fabric, defined by sub-cm asymmetric phacoids of ser-

pentinite (fig. 2.5). This fabric wraps around pods of rodingite, quartzofeldspathic

schist, and massive serpentinite ranging in from decimetre to metre scale (figs. 2.3b,

2.5, 2.6). The surfaces of serpentinite phacoids are often polished and contain lin-

eations defined by surface striae (i.e. grooves) or bundles of aligned chrysotile fibres.

Overall, the scaly foliation is steeply-dipping and subparallel to the regional orien-

tation of the Livingstone Fault (fig. 2.2). In several localities (green and blue data

on stereonets on figure 2), the scaly foliation is represented by a well-defined S-C

Figure 2.3 (facing page): Typical field exposures of the Livingstone Fault where it crosses

high passes. Red dashed lines approximate the boundaries of the serpentinite shear zone.

(a) Panorama of Fiery Col viewed from the south. Person for scale circled in white. Here,

the shear zone separates massive serpentinite and serpentinised peridotite from schists of

the Caples Terrane. (b) Fiery Col viewed from below Fiery Peak (location shown in part a).

Elongate pods of massive serpentinite are surrounded by scaly serpentinite. The boundaries

between the serpentinite shear zone and the wall rocks are well-defined. (c) Cow Saddle

viewed from the north. The DMOB wall rocks are progressively serpentinised towards the

western boundary of the shear zone. The area shown in figure 2.4 is also indicated.
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fabric (fig. 2.2, 2.5) (Berthé et al., 1979; Lister & Snoke, 1984; Passchier & Trouw,

2005). The intersections between the S foliation surfaces and the C shear bands

plunge shallowly in a direction subparallel to the strike of the shear zone bound-

aries (fig. 2.2). The C shear bands are relatively planar, continuous for up to tens

of centimetres, and deflect the S fabric (fig. 2.5). There is an angle of 25 - 40◦ be-

tween the S and C surfaces (fig. 2.2). Both the internal and external asymmetry

of the S-C fabric (as defined in Passchier & Trouw (2005); fig. 2.5), combined with

the dominance of moderately-to-steeply plunging shear zone lineations (fig. 2.2),

consistently indicate an overall Caples/Aspiring Terrane-up shear sense (i.e. east

side-up).

At Cow Saddle, pods of massive serpentinite are cut by en echelon brittle faults

that have a similar orientation to the C shear bands in the surrounding matrix (figs.

2.2, 2.5). These faults contain steeply-plunging lineations (fig. 2.2) and show offsets

that are compatible with the overall east-side-up kinematics inferred from the S-

C fabrics (figs. 2.2, 2.5). Additionally, at Cow Saddle and Fiery Col, much larger

pods of schist up to 200 m long and up to 60 metres wide are completely sur-

rounded by serpentinite, indicating that they were probably fault-bound lenses of

Caples/Aspiring-Terrane (such as those shown in figure 2.4a) that were plucked off

and incorporated in to the serpentinite shear zone.

Figure 2.4 (facing page): Deformation in the Caples Terrane wall rocks at Fiery
col and Cow Saddle. (a) Photo looking south from Fiery Col towards Cow Saddle
(location shown in figure 2.3c). Schists adjacent to the eastern boundary of the
serpentinite shear zone are cut by linked arrays of brittle faults that surround large
lenses of metasomatised and fractured schist. Tent for scale circled in white. (b)
The brittle faults are characterised by polished slickensides with lineations, and
cataclastic slip zones. Stereonet (lower hemisphere, equal area) shows orientations
of eight fault surfaces with associated steeply-plunging lineations.
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Massive Serpentinite

East West

S

C

Figure 2.5: Photo showing well-defined S-C fabrics at Cow Saddle, wrapping
around a fractured pod of massive serpentinite. Structural data from Cow Sad-
dle are shown in figure 2.2. The asymmetry of the S-C fabric, combined with
moderately- to steeply-plunging lineations on foliation surfaces and shear bands,
suggests an east-side up (i.e. Caples-side up) shear sense (indicated by red shear
sense arrows). Fractures that cut through pods of massive serpentinite at this local-
ity are subparallel to the C shear bands in the surrounding scaly matrix, and have
small offsets consistent with an east side-up shear sense.
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2.4.2 Internal structure and composition of the Livingstone Fault

at Serpentine Saddle

Overall shear zone structure and wall rocks

The shear zone at Serpentine Saddle is up to 420 metres thick (figs. 2.6, 2.7a).

The DMOB wall rocks here consist mainly of metagabbros and associated dykes;

no peridotite or serpentinised peridotite is present in this locality. The greyschist

wall rocks on the eastern side are dominated by greenschist-facies metamorphic as-

semblages containing quartz, plagioclase, chlorite, epidote and muscovite (Bishop

et al., 1976; Turnbull, 1980). The western boundary of the shear zone is irregular

due to the presence of late-stage brittle fault surfaces that offset the primary bound-

ary between the shear zone and the basal DMOB (fig. 2.6). The eastern shear zone

boundary is defined by a region up to 20 m wide containing extensively metaso-

matised Caples Terrane schists, as well as networks of metasomatic veins (Chapter

4).

The shear zone in the mapped area consists of (fig. 2.6):

i) ∼80% scaly serpentinite with a generally well-defined S-C fabric (stereonet i);

ii) ∼18% massive serpentinite, which occurs either as discrete fractured and boud-

inaged pods up to c. 20 m long (stereonet ii), or in much larger domains with tran-

sitional boundaries;

iii) ∼2% rodingite, which occurs either as discrete fractured and boudinaged pods

up to 30 m long, or as shallowly-dipping dykes/sills within massive serpentinite

domains (stereonet iii);

iv) <1% schist, which is mainly represented by a single pod close to the eastern

shear zone boundary, and;

v) <0.01% chromitite pods up to a few metres in size that are dispersed throughout

the shear zone and are typically bound by highly-polished cataclastic fault surfaces.
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Chapter 2

Figure 2.6: Detailed geological map and cross-section of the Livingstone Fault at Ser-
pentine Saddle derived from field mapping on to high-resolution, drone-acquired
orthophotos. The map highlights the internal structure and composition of the ser-
pentinite shear zone at this locality, including the traces of the scaly fabrics, pods of
rodingite and massive serpentinite, and larger domains of massive serpentinite con-
taining gently-dipping rodingite dykes. The location of images shown in figure 2.7,
and some samples shown in figure 2.8, are also indicated. Stereonets (lower hemi-
sphere, equal area) show measurements of (i) S-C fabrics, undifferentiated scaly fo-
liation, and lineations in the shear zone, (ii) brittle faults and associated lineations
that cut through massive serpentinite pods, and (iii) the margins of rodingite dykes
and pods, and lineations on slickensided margins of pods. Pie chart shows the abun-
dance of the most important lithologies within the shear zone in the mapped area
(wall rocks are excluded). Light brown lines are topographic contours at 5 metre
intervals.

Massive serpentinite domains and pods in the shear zone

Large domains of massive serpentinite tens to hundreds of metres long (fig. 2.6)

are characterised by a negligible to weak fabric, as well as preservation of mesh-

textured serpentinite (fig. 2.8). Sub-horizontal to shallowly-dipping rodingite dykes

Figure 2.7 (facing page): Shear zone structures at Serpentine Saddle. Location of
images shown on the map in figure 2.6. (a) Panorama of Serpentine Saddle looking
east towards the Caples Terrane wall rocks. Upstanding spines on the ridgeline are
elongate pods of massive serpentinite and rodingite. (b) Gently-dipping rodingite
dykes in a large massive serpentinite domain. (c) High-resolution orthophoto show-
ing intensely fractured and boudinaged rodingite pod surrounded by scaly serpen-
tinite. (d) High-resolution orthophoto and (e) corresponding line tracing showing a
boudinaged rodingite dyke (bottom left in both figures) and two large pods of mas-
sive serpentinite that have been brought in to contact. A dense network of fractures
radiates outwards from the contact region between the two pods of serpentinite. (f)
Rodingite pod enclosed by a blackwall rim and surrounding matrix of scaly serpen-
tinite. (g) Serpentinite pod with a massive serpentinite core and a cladding that
transitions to scaly serpentinite.
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are preserved in these domains, possibly reflecting the initial configuration of the

dykes prior to dismemberment within the scaly shear zone fabrics (fig. 2.6, 2.7b).

Outside the massive serpentinite domains, the rodingite dykes are progressively ro-

tated into alignment with the steeply-dipping scaly foliation, resulting in fracturing

and boudinage of the dykes to form isolated pods surrounded by serpentinite (figs.

2.6, 2.7c) or chains of aligned, elongate pods (figs. 2.6, 2.7d,e). Rodingite pods

are cut by arrays of closely-spaced brittle faults (figs. 2.6, 2.7c), suggesting that

boudinage of the rodingite was achieved mainly by brittle fracturing and faulting.

The margins of some rodingite pods are sheathed in a metasomatic blackwall rim,

consisting mainly of monomineralic, fine-grained chlorite (fig. 2.7f). In places, the

blackwall rim is sheared off or disrupted by the scaly fabric, putting the rodingite

in direct contact with the scaly serpentinite. In these cases, networks of nephritic

tremolite veins similar to those described in detail in Chapter 4 occur between the

rodingite and serpentinite.

In many cases, the outer margins of the rodingite pods are defined by slicken-

sides containing shallowly- to steeply-plunging lineations (stereonet iii, fig. 2.6). In

detail, the margins of rodingite (and massive serpentinite) pods show two preferred

orientations: 1) NW-SE striking and steeply NE or SW dipping, and 2) E-W striking

and moderately- to steeply-N or S-dipping (stereonet iii, fig. 2.6). These preferred

orientations highlight the characteristic shape of many of the pods: in map view,

pods often have a lenticular to rhomboidal shape, with the long-axis of the pod (in

map view) parallel to the strike of the surrounding scaly foliation. Although out-

crop constraints limited the investigation of shear zone geometry in cross-sectional

view, pods that could be observed in three dimensions also showed a slightly asym-

metric lenticular or rhomboidal shape in cross-section (fig. 2.7f). The asymmetry

of the pods in cross-section is compatible with the Caples-Terrane-up (east-side-up)

shear sense indicated by the S-C fabrics in the scaly serpentinite.

Pods of serpentinite contain a central core of massive serpentinite surrounded

by an outer cladding that transitions towards scaly serpentinite (fig. 2.7g). The

massive serpentinite pods are typically heavily fractured with a range of fault and

lineation orientations (stereonet ii, fig. 2.6). In one area of the map, two large
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pods of massive serpentinite are observed to be in direct contact with one another,

interpreted to result from collision between the two pods during shearing (figs. 2.6,

2.7d,e). In this location, the contact zone between the two pods contains a dense

network of fractures that radiate outwards from the area of contact into the centre

of the pods (fig. 2.7d,e).

Scaly foliation and S-C fabrics

The S-C fabrics and associated lineations at Serpentine Saddle indicate an overall

Caples Terrane-up shear sense (east-side up), consistent with other localities (fig.

2.2, 2.6). However, in detail there is substantial spread in the orientations of the

scaly foliation, S-C fabrics, and lineations, mainly due to deflection around pods

and massive serpentinite domains (stereonet i in fig. 2.6) (Vannucchi et al., 2003).

The mean orientation of the S fabric is 172◦/68◦W, but with 80◦ of strike dispersion

and 40◦ of dip dispersion exhibited by the main cluster of data points (stereonet i in

fig. 2.6). The mean orientation of the C shear bands is 014◦/79◦E, with 90◦ of strike

dispersion and 35◦ of dip dispersion (stereonet i in fig. 2.6) .

2.4.3 Composition and textural evolution of the serpentinite shear

zone

Massive serpentinite domains and pods

Massive serpentinite within pods contains pseudomorphic bastite and mesh tex-

tures, suggesting that these regions represent relatively undeformed serpentinised

peridotite (Viti & Mellini, 1998) (fig. 2.8a). Bastites are textural pseudomorphs

of pyroxene minerals, while mesh textured serpentine forms as the result of the

serpentinisation of olivine grains (Wicks & Whittaker, 1977; Viti & Mellini, 1998).

Serpentinisation of the original olivine and pyroxene typically produces abundant

magnetite that is initially disseminated throughout the pseudomorphic serpenti-

nite as sub-micron grains (OHanley and Dyar, 1993). The serpentinite around the

massive serpentinite pods and within the massive serpentinite domains contains
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pseudomorphic serpentinite textures with evidence for the onset of shearing (fig.

2.8b). The mesh textures show signs of developing into ribbon textured serpen-

tinite, where portions of the mesh structure are preferentially dissolved to form

elongate lensoid ribbons (fig. 2.8b) (Viti et al., 2018). In such areas, porphyroclastic

magnetite (fig. 2.8b) and relict chromite grains are also common. Partial dissolution

of the mesh textured serpentinite results in some initial concentration of magnetite

around the boundaries of the deforming meshes, forming magnetite-rich seams that

are continuous for at least several millimetres (fig. 2.8b).

Scaly shear zone serpentinite

The most common scaly serpentinite in the shear zone consists of phacoids of ser-

pentinite that have rounded edges and sigmoidal shapes that contribute to the asym-

metry of the S-C fabric (fig. 2.5). The slip surfaces that make up the exterior of these

lenses are commonly coated in a shiny, polished serpentinite, although in some out-

crops weathered coatings of fibrous chrysotile give the serpentinite a rougher, splin-

tery appearance. The scaly serpentinite displays a fractal-like geometry in which

each phacoid can be cleaved apart to create smaller phacoids of serpentinite, a com-

mon characteristic of scaly fabric fault rocks (Maltman et al., 1997; Vannucchi et al.,

2003). This self-similarity in geometry is observed down to a scale of <100 µm,

where lenticular domains of serpentinite are separated by shear planes along which

seams of magnetite are concentrated (fig. 2.9).

The shape of individual phacoids and the spacing of the foliation surfaces

can vary substantially throughout the shear zone. In samples of scaly serpentinite

that have relatively widely-spaced foliation surfaces, deformed mesh and ribbon-

Figure 2.8 (facing page): Serpentinite textures in pods and massive serpentinite do-
mains. (a) Mesh textured and bastite serpentinite from the centre of a serpentinite
pod (location in fig. 2.6). Optical microscope image in crossed-polarised light. (b)
Sheared mesh textured serpentinite in the initial stages of developing into ribbon
serpentinite from within the large domain of massive serpentinite at Serpentine
Saddle (location in fig. 2.6) Optical microscope image in crossed-polarised light
(left hand side) and plane polarised light (right hand side).
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textured serpentinite are preserved inside phacoids, and the phacoids are coated

by continuous and interconnected seams of magnetite (fig. 2.9a). Where the folia-

tion surfaces are more closely spaced, phacoids of serpentinite contain no evidence

for the preservation of pseudomorphic textures (fig. 2.9b). Instead, lenticular do-

mains of fine-grained chrysotile, lizardite and polygonal serpentine are outlined by

interconnected seems of magnetite and fibrous chrysotile (fig. 2.9b). In scaly ser-

pentinite with lower proportions of magnetite, discontinuous seams of magnetite

are concentrated along the boundaries of the scaly foliation, broadly defining the

overall lenticular shape of serpentinite phacoids (fig. 2.9c).

A combination of TEM and submicron Raman spectroscopy mapping reveals

that most of the scaly serpentinite is composed of fibrous chrysotile (70-80 wt%;

figs. 2.10a,b,c), lizardite (10-25 wt% figs. 2.10b,d), minor polygonal serpentine

(fig. 2.10c) and magnetite (fig. 2.9) (Rooney et al., 2018; Tarling et al., 2018a). Relict

chromite grains are dispersed throughout the serpentinite and are typically mantled

by a layer of ferritchromit and occasionally surrounded by chloritic aureoles, which

are thought to form by a dissolution-precipitation mechanism (Mellini et al., 2005).

Minor brucite occurs in association with sheared lizardite and chrysotile. Secondary

phases dispersed as small grains throughout the scaly serpentinite include awaruite,

wairauite, pentlandite, millerite, heazlewoodite, native copper and copper oxides.

Antigorite is present as small (10-400 µm), isolated porphyroclastic aggregates

distributed throughout the scaly serpentinite, but makes up <1 vol. % (fig. 2.10a,b).

Figure 2.9 (facing page): Evolution of serpentinite texture and mineralogy in scaly
shear zone serpentinites. Each figure shows an optical microscope image in crossed-
polarised light (left hand side) and plane polarised light (right hand side). (a) Where
the scaly foliation is relatively widely spaced, magnetite-bound phacoids preserve
weakly deformed mesh textured serpentinite. (b) Where the scaly foliation is more
closely spaced, no recognisable pseudomorphic textures are preserved. Continuous
seams of magnetite outline the scaly foliation. (c) In samples of well-developed scaly
serpentinite with lower proportions of magnetite, discontinuous seams of magnetite
are concentrated at the boundaries of the scaly foliation, broadly defining lenticular
domains of serpentinite.
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The porphyroclasts consist of interpenetrating blades of antigorite, a texture that

has previously been interpreted as characteristic of prograde metamorphic serpen-

tinites (Wicks & Whittaker, 1977; Wicks, 1984; Viti et al., 2018). The porphyroclasts

are surrounded by a matrix of chrysotile, fine-grained lizardite and/or polygonal

serpentine (these varieties are indistinguishable with Raman; fig. 2.10b; Rooney

et al., 2018). The porphyroclasts are elongated parallel to the surrounding scaly fo-

liation, and appear to be truncated along their foliation-parallel margins by surfaces

that are enriched in thin layers or aggregates of lizardite/polygonal serpentine (fig.

2.10b). Chrysotile preferentially grows in fine-grained, fibrous beards around the

ends of the porphyroclasts (fig. 2.10a,b).

2.5 Discussion

2.5.1 Regional structure, kinematics and P-T conditions of the Liv-

ingstone Fault

Although there is substantial local dispersion in fabric orientations, the structural

observations consistently indicate a steep, east-side up shear sense at all studied

locations (figs. 2.2, 2.6). This is consistent with previously reported shear senses

for the Livingstone fault determined at West Burn (Craw, 1979) and in the Central

Southland region (Cawood, 1986, 1987). This shear sense could reflect Jurassic-

Figure 2.10 (facing page): Raman and TEM characterisation of the scaly serpentinite
fabric. (a) Representative thin section photomicrograph (crossed-polarised) of scaly
serpentinite composed dominantly of chrysotile with ribbon-textured lizardite,
with a porphyroclastic lens of antigorite showing an interpenetrating texture. (b)
Submicron Raman spectroscopy map of the antigorite porphyroclast shown in part
a. The map highlights a central core of antigorite that is breaking down to chrysotile
and lizardite/polygonal serpentine. The porphyroclast is elongate: margins sub-
parallel to the scaly foliation are truncated by lizardite/polygonal serpentine-rich
seams or aggregates, whereas fibrous chrysotile grows in beards from the ends of
the porphyroclast. (c) TEM image of chrysotile fibre cross-sections (d) TEM image
of laths of lizardite (e) TEM image of a polygonal serpentine cross-section.
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Triassic kinematics as the Caples, Aspiring and Rakaia terranes were thrust west-

wards against the Livingstone Fault while it was active as the backstop structure to

the accretionary prism (Mortimer et al., 2002). However, younger Cenozoic move-

ments cannot be ruled out to explain the observed kinematics. Although the Liv-

ingstone Fault is steeply east-dipping on a regional scale, the frictional weakness of

chrysotile and lizardite (Moore et al., 1997; Behnsen & Faulkner, 2012; Tesei et al.,

2018), together with the importance of dissolution-precipitation as a deformation

mechanism in the scaly fabric (see below), suggest that steep Cenozoic movements

at greater angles to the principal compressive stress direction than those predicted

by Coulomb failure mechanisms may have occurred.

Raman mapping (fig. 2.10b) suggests that the antigorite in the porphyroclasts

is breaking down to be replaced by chrysotile, lizardite and/or polygonal serpentine

(Rooney et al., 2018). The widespread presence of crystalline lizardite and fibrous

chrysotile, together with the apparent instability of antigorite, is consistent with an

estimated ambient temperature during shearing of 300-350 ◦C. This is also broadly

compatible with interpretations of prehnite-pumpellyite to lower greenschist facies

metamorphic facies in the Caples/Aspiring wall rocks (Bishop et al., 1976; Turn-

bull, 1980). While pressure estimates are difficult to obtain due to the inherently

pressure-insensitive nature of the serpentine minerals (Guillot et al., 2015), a rough

estimate of the confining pressure during shearing can be obtained by assuming

a geothermal gradient in the range of 20-35 ◦C/km. This geotherm is based on

relatively high mantle temperatures in the Oligocene, as well as indications of a

fairly thin lithosphere (Scott, 2013; Scott et al., 2014). Adopting this geotherm and

a temperature of shearing in the range of 300–350 ◦C suggests a confining pressure

of 270-400 MPa (roughly equivalent to 10-15 km depth). The preservation of small

porphyroclasts of antigorite, which is generally thought to be stable at temperatures

of >350◦C, raises the possibility that the shear zone experienced an earlier, higher-

temperature deformation event(s) that was largely overprinted during development

of the current steeply-dipping fabrics. One possibility is that this may relate to de-

formation within a relatively high-temperature shear zone associated with ophiolite

obduction (Harper et al., 1996; Hermann et al., 2000). Alternatively, the porphyro-
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clasts of antigorite may represent disaggregated antigorite veins that formed as a

result of local high-temperature fluid circulation, or localised increased stress (Viti

et al., 2018). More work is required to properly understand the significance of the

antigorite porphyroclasts preserved in the shear zone.

2.5.2 A model for the internal structure and composition of large

serpentinite shear zones

Observations from eleven localities along a strike length of 140 km (fig. 2.2) indi-

cate that the Livingstone Fault contains a number of characteristic structural and

compositional elements, which can be used to propose a general conceptual model

for the structure of plate boundary-scale serpentinite shear zones (fig. 2.11). Al-

though most of these features have been described previously in the literature (e.g.

Bebout, 2013; Hirth & Guillot, 2013; Guillot et al., 2015), the Livingstone Fault is

sufficiently well exposed that it presents an opportunity to examine structural and

lithological relationships in serpentinite shear zones from sub-micron scales up to

plate-boundary scales.

Figure 2.11 (facing page): A conceptual model of the structure and composition of
large serpentinite shear zones, based on the most important structural elements and
deformation processes observed in the Livingstone Fault. (a) Regional-scale charac-
teristics. The thickness of the Livingstone Fault, and the degree of serpentinisation
in the DMOB wall rocks, are highly variable along strike. The Caples/Aspiring
wall rocks are cut by networks of brittle faults that enclose large lenses of fractured
and metasomatised schist. (b) Internal structure and composition. i) Scaly matrix
serpentinite with a pervasive, steeply-dipping foliation ii) Low-strain domains of
massive serpentinite preserve flat-lying rodingite dykes that are sheared in to the
surrounding scaly matrix. iii) Pods contain 1) brittle faults with a similar orien-
tation to the C shear bands, or 2) fracture networks that radiate outwards from
contact regions between colliding pods. iv) metasomatic reactions led to the devel-
opment of vein networks at contact between serpentinite and the Caples Terrane. v)
Discrete magnetite-coated slip surfaces preserve evidence for dynamic rupture and
coseismic dehydration of serpentinite (Tarling et al. 2018).
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iii) Competent pods in contact are characterised  by 1) brittle 
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Regional scale

On a regional scale, the thickness of the shear varies between 5 m - 420 m (fig. 2.2,

fig. 2.11a). Wall rocks belonging to the DMOB are variably serpentinised for dis-

tances of up to several hundreds of metres from the western shear zone margin (fig.

2.11a). At Serpentine Saddle, the shear zone is particularly thick (420 m) and the

ultramafic portions (serpentinised peridotite, massive serpentinite) of the DMOB

wall rocks are absent (as at Four Brothers Pass and Beresford Pass). This suggests

that the ultramafic portions of the DMOB at Serpentine Saddle may have been en-

tirely converted in to scaly shear zone serpentinite (fig. 2.11a). Quartzofeldspathic

schists in the Caples-Aspiring wall rocks are cut by brittle faults that enclose large

lenses of metasomatised and fractured schist, which are ultimately plucked off and

incorporated in to the shear zone (fig. 2.11a).

Shear zone scale

The most important structural elements and processes in the Livingstone Fault are

illustrated in fig. 2.11b:

1. Scaly matrix serpentinite containing a pervasive foliation that wraps around

pods (fig. 2.11b–i).

2. Large domains of massive serpentinite that preserve flat-lying rodingite dykes

(fig. 2.11b–ii). These areas are interpreted as low-strain domains within the

shear zone and likely preserve the initial dyke configurations prior to their

entrainment and boudinage within the scaly matrix.

3. Competent pods of massive serpentinite, rodingite, and schist that are en-

trained within the shear zone and cut by networks of brittle faults and frac-

tures (fig. 2.11b–iii). Brittle faults that cut isolated pods can have the same

orientation as C shear bands in the surrounding scaly matrix (fig. 2.11b-iii),

suggesting geometric and kinematic linkage between distributed deformation

in the matrix and more localised deformation in the pods. Where pods are in
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direct contact with each another, brittle fault and fracture networks radiate

outwards from the contact zone (fig. 2.11b–iii), suggesting that local stresses

in the pods were transiently elevated as they were brought in to contact (Web-

ber et al., 2018).

4. Metasomatic reactions that occurred wherever serpentinites and schist are in

contact, which includes the eastern boundary of the shear zone and the mar-

gins of schist pods (fig. 2.11b–iv). The nature of these reactions is described in

detail in Chapter 4. Additionally, reactions occurred between rodingite pods

and the surrounding scaly serpentinite, but only in cases where the continuity

of the enveloping blackwall rim was disrupted by brittle faulting or shearing.

5. Fault surfaces coated by layers of magnetite, which cut across the scaly fabric

(fig. 2.11b–v). These fault surfaces were described in detail by Tarling et al.

(2018b, Chapter 3) who presented evidence for extremely localised dehydra-

tion of serpentinite found as inclusions within the magnetite layers. Tarling

et al. (2018b) used numerical modelling to suggest that the localised dehy-

dration occurred by frictional heating during an ancient earthquake(s) with a

magnitude between 2.7 and 4 (fig. 2.11b–v).

2.5.3 Mixed rheology in large-serpentinite shear zones and impli-

cations for the subduction interface

Bulk shear zone deformation by pressure solution

Concentrations of magnetite along scaly foliation surfaces are interpreted to reflect

preferential dissolution of serpentine during deformation, and subsequent enrich-

ment of magnetite along dissolution surfaces (figs. 2.8, 2.9, Rooney et al., 2018).

Porphyroclasts of antigorite are elongate and show evidence for truncation by disso-

lution along their foliation-parallel margins, accompanied by the growth of beards

of fibrous chrysotile (fig. 2.8b). Additionally, abundant veins of fibrous chrysotile

are found throughout the shear zone, either at the margins of individual serpen-

tinite phacoids in the scaly fabric, or as slickenfibre veins along C shear bands

56



Chapter 2

and fractures cutting resistant pods. Collectively, these microstructures indicate

that dissolution-precipitation (or pressure–solution) processes were important in

the scaly serpentinite matrix (Imber et al., 1997; Wintsch & Yi, 2002; Jefferies et al.,

2006; Wallis et al., 2015), a conclusion that is consistent with previous work on

dissolution-precipitation processes in serpentinite under greenschist or sub-greenschist

facies conditions (Andreani et al., 2004, 2005).

Sources of localised slip in creeping serpentinite shear zones

Fracture networks radiating away from the contact areas between large pods sug-

gest elevated stresses during interactions and collisions between pods. This could

reflect a log-jam scenario (Fagereng & Sibson, 2010) where transient collisions in

the shear zone occur episodically as pods are moved closer together. In regions of

the shear zone where the pod content is relatively high compared to the scaly ma-

trix, these interactions may have transiently locked-up regions of the shear zone,

allowing stresses to accumulate and brittle failure to occur within the competent

pods.

Metasomatic reactions between serpentinite, schist and rodingite resulted in

the transformation of foliated serpentinite in to a highly-indurated metasomatic

fault rock consisting of networks of tremolite veins (Chapter 4). These metaso-

matic reactions drove significant changes in fault rheology by generating abun-

dant fluids, resulting in local fluid overpressure and ultimately to hydrofracture

of the foliated serpentinite shear zone and schist wall rocks. The close association

of these metasomatically-derived vein networks with brittle, cataclastic fault sur-

faces (Chapter 4) suggests that metasomatic reactions could result in rheological

transitions from distributed ductile creep towards brittle deformation and localised

slip.

Finally, we speculate that progressively concentrating magnetite along folia-

tion surfaces and shear bands via a pressure-solution mechanism can ultimately

lead to the development of continuous, through-going layers of magnetite that form

important mechanical boundaries within the shear zone. Although the magnetite
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layers are thin (<1 mm) and represent a volumetrically minor (< 15 wt %) compo-

nent of the scaly serpentinite, they provide interfaces that could potentially con-

tribute to the localisation of strain, and perhaps the nucleation and/or propagation

of dynamic instabilities. Evidence presented by Tarling et al. (2018b) suggests that

some magnetite layers can develop in to discrete fault surfaces several tens of me-

tres long, which preserve evidence for transient dynamic rupture. The textural evo-

lution from initially-disseminated magnetite towards continuous magnetite-coated

fault surfaces is currently a poorly constrained process, but this could be a relevant

question to address using a combination of field, microstructural and experimental

observations.

General implications for plate boundary-scale serpentine shear zones

The overall structure and composition of the Livingstone Fault may be representa-

tive of other large serpentinite-dominated shear zones. In particular, the scale and

composition of the shear zone, block-in-matrix style of deformation, and juxtapo-

sition of ultramafic or mafic wall rocks against quartzofeldspathic wall rocks, are

characteristics of the plate boundary-scale shear zone thought to be present along

the slab-mantle interface in the shallow forearc region of subduction zones (Bebout

& Barton, 1993, 2002; Fagereng, 2011; Bebout & Penniston-Dorland, 2016). The

conditions under which deformation occurred in the Livingstone Fault are likely to

be shallower, lower pressure and possibly lower-temperature with respect to those

at the slab-mantle interface in most subduction zones (Tarling et al., 2018b). How-

ever, the interpretations reached here regarding the structure of the shear zone, the

importance of pressure-solution, and the influence of metasomatic reactions, are

applicable over a wide range of P-T conditions, suggesting that our observations are

relevant to large serpentinite-bearing shear zones in different settings, including the

slab-mantle interface.

The significant spread in the orientation of shear zone fabrics (figs. 2.2, 2.6)

also has implications for the bulk anisotropy of serpentinite shear zones, and more

generally the anisotropy of phyllosilicate-rich shear zones with a block-in-matrix
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structure. Typically, laboratory measurements on small samples (< cm) of variably

foliated phyllosilicate-rich fault rocks (including serpentinite) are performed to as-

sess elastic wave anisotropy (e.g. Kern et al., 1997), which is then up-scaled to infer

likely shear zone properties in regions such as the slab-mantle interface in subduc-

tion zones (Faccenda et al., 2008). Measurements on small laboratory samples of fo-

liated fault rocks are likely to yield relatively high values of elastic wave anisotropy

(Kern et al., 1997; Katayama et al., 2012). However, on a shear zone-scale, bulk

elastic wave anisotropy is likely to be substantially lowered due to fabric disper-

sion around rigid pods, especially in regions where pods are abundant relative to

foliated matrix.

2.6 Conclusions

The Livingstone Fault is a plate boundary-scale serpentinite shear zone that is char-

acterised by a pervasive scaly fabric, which wraps around fractured pods of mas-

sive serpentinite, rodingite and (partially metasomatised) quartzofeldspathic schist.

The scaly shear zone matrix contains a well-developed S–C fabric. The fabric con-

tains abundant evidence that deformation took place mainly by a pressure-solution

creep process. Pods embedded within the shear zone deformed by brittle faulting

and fracturing. Metasomatic reactions between serpentinite, schist and rodingite

generated in-situ fluid overpressures, triggering hydrofracturing and the formation

of metasomatic vein networks. Our conceptual model for large serpentinite shear

zones involves bulk distributed deformation by pressure-solution creep, accompa-

nied by localised brittle deformation within pods or along magnetite-coated fault

surfaces. Metasomatic reaction can lead to induration of portions of the shear zone,

providing a further driver for localised brittle failure. The scale, internal structure,

and composition of the Livingstone Fault and its wall rocks suggest that it could

provide a suitable analogue for other plate boundary-scale serpentinite shear zones,

including the serpentinite-bearing shear zone expected to occur at the slab-mantle

interface in subduction zones.
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Abstract

Laboratory experiments on serpentinite suggest that extreme dynamic weak-

ening at earthquake slip rates is accompanied by amorphisation, dehydration and
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possible melting. However, hypotheses arising from experiments remain untested

in nature because earthquake ruptures have not previously been recognised in ser-

pentinite shear zones. Here, we document the progressive formation of high-temperature

reaction products that formed by coseismic amorphisation and dehydration in a

plate boundary-scale serpentinite shear zone. The highest-temperature products

are aggregates of nanocrystalline olivine and enstatite, indicating minimum peak

coseismic temperatures of c. 925 ± 60◦C. Modelling suggests that frictional heating

during earthquakes of magnitude 2.7–4 can satisfy the petrological constraints on

the coseismic temperature profile, assuming that coseismic fluid storage capacity

and permeability are increased by the development of reaction-enhanced porosity.

Our results indicate that earthquake ruptures can propagate through serpentinite

shear zones, and that the signatures of transient frictional heating can be preserved

in the fault rock record.

3.1 Introduction

Serpentinite is an important rock type in a range of tectonic settings (Hirth & Guil-

lot, 2013; Guillot & Hattori, 2013), including the slab-mantle interface in subduc-

tion zones (Peacock & Hyndman, 1999; Bostock et al., 2002; Hyndman & Peacock,

2003; Reynard, 2013; Bebout & Penniston-Dorland, 2016), oceanic detachment faults

(Cann et al., 1997; Escartı́n et al., 2003a; Bach et al., 2006), and large-displacement

transform faults in the oceanic and continental lithosphere (Melson & Thompson,

1971; Hekinian et al., 1992; Moore & Rymer, 2012; Barth et al., 2013). Where ser-

pentinite shear zones can be observed at the surface or in drill-cores, they often

show a pervasive foliation and contain microstructural evidence to suggest that

distributed deformation occurs by pressure-solution processes during fault creep

(Andreani et al., 2005, 2007). Combined with the results of laboratory friction ex-

periments, these characteristics have been used to argue that serpentine, together

with common accessory minerals like talc, may account for the creeping behaviour

of some fault zones (Reinen et al., 1991; Moore & Lockner, 2007; Gratier et al., 2011).

The results of numerical modelling (Noda & Lapusta, 2013), geophysical ob-
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servations (Maurer & Johnson, 2014; Perfettini & Avouac, 2014), and laboratory ex-

periments (Di Toro et al., 2011; Leeman et al., 2016) show that a transition from

stable creep at low slip rates to unstable rupture at high slip rates is possible on the

same fault patch. In the case of serpentinite, it has been proposed that this transi-

tion in fault stability is enhanced at high slip rates by dynamic weakening mech-

anisms that involve flash heating of asperity contacts (Kohli et al., 2011; Proctor

et al., 2014; Brantut et al., 2016), thermal pressurisation of pore fluids (Lachenbruch,

1980; Rempel & Rice, 2006; Rice, 2006), and mineral dehydration reactions that

release structurally-bound fluid into the coseismic slip zone (Hirose & Bystricky,

2007; Brantut et al., 2010). However, ancient earthquake ruptures have not previ-

ously been recognised in exhumed serpentinite shear zones (Rowe & Griffith, 2015),

and thus hypotheses developed from deformation experiments and numerical mod-

elling concerning possible dynamic weakening mechanisms remain untested in na-

ture. Whether creeping serpentinite shear zones can transiently host dynamic earth-

quake ruptures remains an open question.

3.2 Results

3.2.1 Structure of the Livingstone Fault, New Zealand

The Livingstone Fault in New Zealand is a plate boundary-scale serpentinite shear

zone that separates ultramafic rocks of the Dun Mountain Ophiolite Belt from metased-

iments of the continental Caples Terrane (Coombs et al., 1976; Craw, 1979; Mor-

timer et al., 2002). The shear zone is dominated by a serpentinite mélange tens to

several hundreds of meters wide (fig. 3.1a) in which a pervasive anastomosing fabric

is well developed (fig. 3.1b). The presence of this fabric, together with the abun-

dance of chrysotile veins and the widespread occurrence of dissolution surfaces

enriched in second phases (e.g. magnetite), suggest that distributed deformation

involved pressure-solution (Rooney et al., 2018). Embedded within the shear zone

are pods of more competent material (e.g. metasediments, rodingite, massive ser-

pentinite) ranging from tens to hundreds of metres in size (fig. 3.1c). Polished and
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striated fault surfaces cut across the main shear zone fabrics and are also commonly

found along the margins of the pods (fig. 3.1d). The fault surfaces separate foliated

serpentinite from layers of magnetite ∼100 to 300 µm thick (fig. 3.2a-c), and proba-

bly formed due to the mechanical contrast provided by the bimaterial serpentinite-

magnetite interface. Elongate inclusions of serpentinite up to 1000 µm long and 50

µm thick are found inside the magnetite layers (fig. 3.2b-c). We analysed the con-

tent of these serpentinite inclusions by Transmission Electron Microscopy (TEM),

and document below the appearance of distinct textures and mineral assemblages

that can be related to the progressive amorphisation and dehydration of serpenti-

nite within the inclusions, which we interpret to have occurred during propagation

of a coseismic thermal pulse.

3.2.2 Petrology and microstructures of the serpentinite inclusions

Outside the magnetite layers, the foliated serpentinite shear zone consists entirely

of crystalline lizardite and fibrous chrysotile (fig. 3.2d), with no relict olivine or

pyroxene, consistent with the estimated ambient temperature during shearing of

300-350 ◦C (see methods section 3.4 and Appendix B Supplementary Table B.1 for

details of all of the temperature estimates). The inclusions that are furthest from

the polished fault surfaces show the onset of serpentine amorphisation (fig. 3.2e).

Remnants of partially amorphised chrysotile fibres and layers of lizardite exist in an

amorphous serpentine matrix (fig. 3.2e), estimated to form at ∼569 ± 25 ◦C. Closely

associated with the onset of serpentine amorphisation, thin lamellae of talc are ob-

served to grow intimately with serpentine at ∼622 ± 45 ◦C (fig. 3.2c-f). Towards the

fault surface, the occurrence of poorly crystalline nanograins of olivine coexisting

with talc and amorphous material, with little to no crystalline serpentine, indicates

formation at ∼695 ± 46 ◦C (fig. 3.2g). At distances of less than c. 100 µm from

the fault surface, talc is no longer present and the assemblage consists of aggre-

gates of moderately crystalline olivine (20-100 nm grain size) with minor amounts

of amorphous material (fig. 3.2h-i). The disappearance of talc is estimated to occur

at ∼803 ± 60 ◦C. Closer still to the fault surface, the inclusions contain aggregates of
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Figure 3.1: The Livingstone Fault serpentinite shear zone. (a) Overview of a ∼400
metre wide section of the foliated serpentinite shear zone exposed at Serpentine
Saddle (-44.65149, 168.16577). The inset shows the segment of the Livingstone
Fault studied in this work, and the specific field location from which the photo in
part (a) was taken. (b) Foliated serpentinite with a pervasive anastomosing fabric.
Each lens-shaped domain of serpentinite is coated by fibrous chrysotile. (c) Pod
of rodingite surrounded by foliated serpentinite. (d) Striated and polished fault
surface coated by a 300 µm thick layer of magnetite.
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well-crystallised nanogranular olivine with negligible amorphous material, consis-

tent with ∼833 ± 84 ◦C (fig. 3.2j-k). The nanograins range from 50-200 nm in size

and are aligned with their grain long axes subparallel to the fault slip direction. The

inclusions immediately adjacent to the fault surface consist entirely of nanogranu-

lar enstatite and olivine with well-defined grain boundaries, euhedral to subhedral

grain shapes, and negligible porosity, suggesting formation at ∼926 ± 62 ◦C (fig.

3.2l). The final constraint is that the magnetite (or any other materials present)

shows no indication of having experienced melting, which is predicted to occur at a

temperature of 1597 ◦C (Smiltens, 1952).

3.2.3 Amorphisation and dehydration of serpentinite

The microstructures and mineral assemblages preserved in the serpentinite inclu-

sions (figure 3.2) are strikingly similar to those produced in high-velocity friction

experiments on serpentinite (Viti & Hirose, 2009, 2010), and are consistent with a

reaction sequence involving progressive dehydration of serpentinite to form poorly

Figure 3.2 (facing page): Magnetite fault surfaces and serpentine dehydration prod-
ucts (a) Petrographic thin section of a polished fault surface, thin magnetite layer,
and adjacent foliated serpentinite. The foliated serpentinite on the other side of
the fault surface was not preserved. (b) Scanning Electron Microscope image of
the polished fault surface, magnetite layer, and elongate inclusions of serpentinite
within the magnetite layer. (c) Schematic representation of the magnetite layer
with inclusions of serpentinite. Inclusions with letters correspond to the Trans-
mission Electron Microscope (TEM) images shown below: (d) Fibrous chrysotile
and lizardite. (e) Partially amorphous chrysotile fibres in a matrix of amorphous
serpentine. (f) Poorly-crystalline to amorphous serpentine intergrown with talc.
(g) Incipient olivine and talc in a matrix of amorphous serpentine. (h)-(i) Moder-
ately crystalline olivine. Inset in (i) shows selected area electron diffraction pattern
(SAED) for nanogranular olivine. (j)-(k) Aggregates of well-crystallised nanogran-
ular olivine surrounded by magnetite. Olivine nanograins are typically elongate in
the slip direction. (l). Crystalline nanograins of olivine and enstatite. All temper-
ature estimates are detailed in the text and listed in Appendix B Supplementary
Table 2.
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crystalline or amorphous serpentine, talc, forsteritic olivine and then enstatite (Ball

& Taylor, 1963; Brindley & Hayami, 1965). At the onset of dehydration at relatively

low temperatures (∼500-600◦C), the reactions can be described by the formation of

talc and forsterite from serpentine:

5 Serpentine→ Talc + 6 Forsterite + 9 H2O (3.1)

5Mg3Si2O5(OH)4→Mg3Si4O10(OH)2 + 6Mg2SiO4 + 9H2O

At higher (>800◦C) temperatures the reaction is best represented by the com-

plete dehydration of serpentine to forsterite and enstatite:

Serpentine→ Forsterite + Enstatite + 2 H2O (3.2)

Mg3Si2O5(OH)4→Mg2SiO4 + MgSiO3 + 2H2O

It is important to note that the temperature estimates provided above (and out-

lined fully in the methods section 3.4 and Appendix B Supplementary Table B.1) are

derived from a review of the published literature on static heating experiments, in

which dehydration reactions occurred in thermodynamic equilibrium. Therefore,

the temperature estimates are likely to represent lower bounds on possible coseis-

mic reaction temperatures, because during coseismic slip the reaction boundaries

may have been significantly overstepped and were more likely driven by kinetics

than equilibrium.

3.2.4 Modelling coseismic frictional heating

To test if a coseismic thermal pulse could be responsible for the observed dehydra-

tion sequence, finite-element modelling was used to quantify the effects of frictional

heating for a range of earthquake magnitudes. The mathematical framework and

governing equations used in the numerical model are presented in the methods sec-

tion 3.4. When frictional heating occurs within a serpentinite-bearing fault, a num-

ber of coupled physical and chemical processes govern the evolution of heat produc-

tion and transfer. Frictional heating leads to the expansion of pore fluids and an in-

crease in pore fluid pressure, which reduces the effective normal stress and leads to
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thermal pressurisation (Lachenbruch, 1980; Rempel & Rice, 2006; Rice, 2006). Ad-

ditionally, thermally-driven dehydration and dehydroxylation of serpentine results

in significant fluid production (∼12-13 wt. % water), which contributes to the ther-

mal pressurisation effect (Brantut et al., 2010). The reaction of serpentine to olivine

has a negative solid volume change, producing up to ∼24 % porosity (Tenthorey &

Cox, 2003; Rutter et al., 2009). The reaction is also endothermic (Llana-Fúnez et al.,

2007), thus consuming some of the energy from frictional heating (Brantut et al.,

2011). To address these coupled processes in our numerical model, we applied the

mathematical framework for thermal pressurisation presented by Rice (2006), to-

gether with the treatment of coseismic dehydration, fluid production, and volume

change outlined in Brantut et al. (2010). The Brantut et al. (2010) study acknowl-

edges the potential importance of reaction-enhanced porosity in controlling fluid

pressure evolution during coseismic slip, but it does not explicitly include those ef-

fects, instead specifying that the change in porosity can be accounted for by reduc-

ing the effective fluid production. Here, we include the effects of reaction-enhanced

porosity, which leads to an increase in fluid storage capacity, as well as an increase

in permeability within the dehydrating layer during coseismic slip. We model this

effect by allowing permeability to increase by up to one order of magnitude with the

progress of dehydration within the reaction zone, consistent with the experimental

data of Tenthorey & Cox (2003). The initial permeability is set to 10−19 m2, consis-

tent with laboratory data on the permeability of foliated serpentinite (Tenthorey &

Cox, 2003; Falcon-Suarez et al., 2017). This is allowed to evolve towards a perme-

ability of 10−18 m2 during coseismic dehydration as a function of the dehydration

reaction progress.

The model consists of a 300 µm-thick layer of magnetite sandwiched between

layers of serpentinite. A frictional heat source is defined at one of the contacts

between the magnetite and serpentinite, corresponding to the bimaterial fault sur-

face observed in the natural samples. The model is evaluated considering the one-

dimensional transfer of heat perpendicular to the fault surface. The frictional heat

flux from the fault surface is calculated as (McKenzie & Brune, 1972):
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Qf ric = µ
(
σN − pf

)
v (3.3)

where µ is the sliding friction coefficient, σN is the normal stress on the fault,

pf is the pore fluid pressure, and v is the slip velocity.

The model assumes a peak slip velocity of 1 m/s (Heaton, 1990; Rempel &

Rice, 2006; Rice, 2006) with a ‘boxcar’ slip velocity function (Tinti et al., 2005). Nor-

mal stress was set at 270 MPa and the initial pore pressure was 0.3 σN. Following

Noda & Shimamoto (2005), Griffith et al. (2008) and Brantut et al. (2010), the sliding

friction coefficient is assumed to be 0.4. In nature, it is likely that the friction coeffi-

cient drops dramatically during coseismic slip due to dynamic weakening processes,

as suggested by theoretical (Sibson, 1973; Rice, 2006) and experimental studies (Di

Toro et al., 2011). In our model, dynamic weakening is approximated by the reduc-

tion in the effective normal stress due to fluid pressurisation, and as such the model

captures some of the complexity that likely occurs during weakening processes in

nature. Since we lack constraints on the width of the coseismic slip zone, we as-

sume a zero-width fault. This may result in an overestimation of heat production

at the fault surface for a given slip distance, meaning that our estimates of the slip

distances and corresponding earthquake magnitudes required to produce a given

thermal profile should be considered as lower bounds. Slip distances and the corre-

sponding range of earthquake magnitudes were taken from the summary of Sibson

(2011).

During coseismic frictional heating, we evaluate the diffusion of heat and flu-

ids within the fault zone. This is done through the coupling of two main equations:

the energy equation and the fluid mass conservation equation (equations 3.4 and

3.10). The model’s energy equation takes the frictional heat flux from eq. 3.3 and

accounts for the energy consumed by dehydration of serpentine (Llana-Fúnez et al.,

2007). Pore fluid pressure is calculated through the fluid mass conservation equa-

tion (equation 3.10), which takes into account the pressurisation of the fluid by

heating, fluid flow away from the fault, poroelasticity, and the fluids and porosity

produced by the dehydration reaction. The energy equation is coupled to the fluid

mass conservation equation through parameter pf in equation 3.1, as increased pore
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fluid pressure reduces overall frictional heating.

The result of thermal pressurisation occurring concurrently with the fluid-

producing endothermic dehydration reaction is a much lower temperature rise for a

given earthquake magnitude compared to a situation in which thermal pressurisa-

tion does not occur. However, frictional heating at the slip surface is not completely

inhibited by thermal pressurisation, largely due to the generation of substantial

reaction-enhanced porosity and the coupled increase in permeability. We note that a

one-order-of-magnitude increase in permeability due to reaction-enhanced porosity

is probably quite conservative, because the extreme stress and temperature condi-

tions associated with rupture propagation are likely to induce coseismic fracturing

of the wall rocks (Reches & Dewers, 2005; Griffith et al., 2009; Mitchell et al., 2011).

3.3 Discussion

In our model, the bimaterial nature of the fault interface leads to the propagation

of an asymmetric thermal pulse (fig. 3.3). This asymmetry is due to the relatively

high thermal conductivity of the magnetite layer compared to the adjacent serpenti-

nite, which allows for a more significant rate of heat conduction away from the fault

surface on the magnetite side. Our modelling results suggest that the dehydration

products preserved within the serpentinite inclusions could have formed due to

propagation of a heat pulse generated by frictional sliding along the fault interface

(fig. 3.3). We suggest that the high temperature dehydration assemblages are pre-

served within the inclusions because they are surrounded on all sides by magnetite,

and were therefore protected from hydration and conversion back in to serpentine

following coseismic slip. Although the foliated serpentinite on the other side of the

fault surface is also predicted to dehydrate during coseismic slip (fig. 3.3), any dehy-

dration assemblages in this region would rapidly be converted back in to serpentine

and become unrecognisable. For the model parameters used here, the petrological

constraints on the coseismic thermal profile can be satisfied for earthquakes of ap-

proximately Mw = 2.7 – 4.0, corresponding to coseismic displacements in the range

of ∼0.01 – 0.03 m (fig. 3.3). Instead, if no increase in coseismic porosity and per-

71



Chapter 3

meability is inferred, thermal pressurisation shuts down any significant frictional

heating to the extent that the dehydration reactions are not predicted to occur.

As mentioned previously, the assumption of a zero-width fault, combined

with the fact that the dehydration reaction boundaries may have been significantly

overstepped during coseismic slip, means that our estimates could represent lower

bounds for the earthquake magnitudes responsible for frictional heating. At the

same time, there is currently a very limited understanding of coseismic permeabil-

ity. If the permeability was increased by several orders-of-magnitude by coseismic

fracturing of the wall rocks, the petrological constraints can be met by earthquakes

of smaller magnitude.

Based on field and microstructural evidence, we interpret that distributed

deformation in the shear zone occurred by pressure solution creep, probably ac-

companied by crystal-plasticity and frictional sliding between serpentine lamel-

lae (Andreani et al., 2005; Viti & Hirose, 2009; Viti et al., 2018). Due to the low-

viscosity and ductile nature of serpentine at moderate to high temperatures, com-

bined with its complex frictional behaviour and velocity-dependence (Reinen et al.,

1991; Kaproth & Marone, 2013), it has previously been suggested that serpentinite

shear zones could inhibit the nucleation and propagation of earthquake ruptures

(Hirauchi et al., 2010; Nakajima, 2014). However, our new microstructural and

petrological observations, taken together with the results of high-velocity rock fric-

tion experiments (Hirose & Bystricky, 2007; Kohli et al., 2011; Proctor et al., 2014;

Brantut et al., 2016), indicate that dynamic seismic slip can occur within creeping

serpentinite shear zones, and that the signatures of coseismic frictional heating can

be preserved in the fault rock record.

Field observations from the Livingstone Fault and other large tectonic faults

suggest that earthquake nucleation could have occurred within wall rocks adjacent

to the shear zone, or within large pods of competent rock embedded within creep-

ing segments (fig. 3.1c). Stress concentrations within and along the margins of such

pods can lead to brittle failure despite distributed deformation in the shear zone

occurring by creep (Fagereng & Sibson, 2010). Additionally, interactions between

pods could potentially lead to ‘log-jams’, locking up portions of the shear zone and
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Figure 3.3: Results of finite-element modelling and summary of temperature esti-
mates for dehydration products. Points lettered (e) to (l) represent the locations of
serpentinite inclusions and the temperature estimates for the dehydration assem-
blages found within each inclusion (shown in figure 3.2). Region (d) is the estimated
ambient temperature (350◦C) in the foliated serpentinite shear zone (see Methods
section 3.4). X error bars represent the standard error (with a 95% confidence in-
terval) of the mean temperature reported for each dehydration assemblage in the
literature (see Appendix B Supplementary Table B.1). Y bars represent the range of
distances over which each dehydration assemblage was found during TEM exami-
nation. The melting point of magnetite is also indicated. The red curves show the
modelled temperature pulse resulting from frictional heating during earthquakes
of Mw 2.7 and Mw 4.0, which are compatible with the petrological constraints on
the dehydration sequence. The hatched area shows the layer of serpentinite that is
predicted to dehydrate for a Mw 2.7 earthquake, although the dehydration prod-
ucts in this layer would rapidly be converted back in to serpentine. The same layer
would be c. 160 µm thick for a Mw 4 earthquake.
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allowing high stresses to accumulate, ultimately leading to brittle failure (Webber

et al., 2018). Alternatively, serpentinite shear zones typically contain non-negligible

amounts of magnetite (up to c. 15 wt. %), which is a common product of the pri-

mary serpentinisation reaction. Although magnetite is initially finely disseminated

in serpentinite shear zones, it can become concentrated along fault and foliation

surfaces by cataclasis, precipitation in veins, or pressure-solution, leading to the

formation of continuous and interconnected layers of magnetite (fig. 3.2a-c). Al-

though extremely thin (typically < 1 mm), these magnetite layers are strong and

brittle compared to the serpentinite, and provide a significant mechanical contrast

along which unstable slip and earthquake rupture could occur.

3.4 Methods

3.4.1 Transmission Electron Microscopy (TEM)

Polished petrographic thin sections of the samples were prepared using Canada bal-

sam adhesive. TEM grids were extracted from the sections, mounted on a 3 mm Cu

grid with a central 800 µm hole. Samples were milled to electron transparency by

Ar+ ion milling (Gatan Dual Ion Mill). The TEM characterisation was performed

on a JEOL JEM-2010 microscope, working at 200 kV, with LaB6 source, ultra-high

resolution pole pieces, resulting in a 0.19 nm point resolution.

3.4.2 Numerical Model

Numerical modelling was performed using the software package COMSOL Multi-

physics. The model of coseismic dehydration of serpentinite is based on the math-

ematical framework of thermal pressurisation and coseismic dehydration outlined

by Rice (2006) and Brantut et al. (2010). The model includes: 1D heat diffusion

during coseismic frictional heating, enthalpy of dehydration of serpentinite, ther-

mal pressurisation of pore fluids in a poroelastic medium, production of fluid dur-

ing the dehydration of serpentinite and resulting thermochemical pressurisation,

reaction- enhanced porosity change and increase in permeability due to reaction-
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induced porosity. For a complete treatment of the governing equations and their

derivation see Lachenbruch (1980), Rempel & Rice (2006), Rice (2006) and Bran-

tut et al. (2010) and references therein. This model does not include the possible

effects of deformation (beyond poroelastic effects), compaction or shear-induced di-

latancy. Advective heat flow is not included as it has been shown to be negligible

at a permeability <10−16 m2 (Rice, 2006). Following Brantut et al. (2010), we do

not consider the possibility of fluid overpressure at the fault interface leading to

tensile failure. In this model we assume that the magnetite layer does not undergo

any phase transformation and represents a fully impermeable fluid boundary. Ini-

tial pore pressure is set to 0.3 σN and initial permeability of 10−19 m2 is taken from

laboratory measurements of the permeability of foliated serpentinite (Tenthorey &

Cox, 2003; Kawano et al., 2011; Falcon-Suarez et al., 2017).

TEM (fig. 4.2) and Raman spectroscopy (Rooney et al., 2018) observations

show that the serpentinite within the Livingstone Fault is dominated by chrysotile

and lizardite, and that antigorite was not stable. Based on the presence of chrysotile

and lizardite and lack of stability of antigorite, we estimate the ambient tempera-

ture to be ∼300-350 ◦C. From this, we set the initial temperature in the model (T0)

to be 350 ◦C.

3.4.3 Model Configuration

The model consists of a 300 µm thick layer of magnetite between layers of serpen-

tinite (Appendix B Supplementary Figure C.1). The model has 4 boundaries (B1,

B2, B3, and B4). The two external boundaries (B1 and B4) are set to a zero flux

condition (insulating boundaries). These boundaries are far enough away from the

heat source so as to not induce boundary effects. B3 is a conductive boundary. B2 is

a boundary heat source that represents the frictional heating at the fault plane be-

tween one side of the magnetite layer and the adjacent serpentinite. This geometry

approximates the bimaterial fault interface observed in the natural polished fault

surfaces. The mesh maximum element size was set to 1·10−6 m. The maximum ele-

ment growth rate, which limits the maximum increase in size between two adjacent
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elements, was set to 10%. The resolution of narrow regions is set to 20. The “reso-

lution of narrow regions” parameter is an arbitrary nonnegative scalar that controls

the number of mesh elements that are created in narrow regions of the mesh, with

a higher value resulting in a finer mesh in narrow regions.

1D transport of heat

The 1D transfer of heat is modeled through the Heat Transfer Module in COMSOL.

This is governed by the heat equation:

ρCp
∂T
∂t

= k
∂2T

∂x2 +Qf +Qd (3.4)

where ρ, Cp and k are respectively the density, specific heat capacity and

thermal conductivity of the fault rocks (serpentinite on one side of the fault, and

magnetite and serpentinite on the other). Qf is the frictional heat flux defined in

equation 3.5 and Qd is the latent heat of dehydration of serpentinite.

Frictional heat flux

The frictional heat flux from the primary slip surface (Qf ) set at boundary B2 is

defined as:

Qf = µ(σN − pf )f (t) (3.5)

Where the coefficient of friction µ= 0.4, the normal stress σN = 270 MPa, the

pore pressure pf is initially set to pf = 0.3σN and the slip velocity function f (t)

corresponds to a boxcar function (smoothed square-wave pulse) with amplitude of

1 m/s. for the slip duration d/v, where d is the fault displacement and v is the

velocity.

When coseismic frictional heating occurs, initially present pore fluids and flu-

ids produced during dehydration reactions expand, which reduces the effective nor-

mal stress and the frictional heating according to equation 3.5.
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Comparison of numerical model to analytical solution

Before adding the coupled thermal processes (thermal pressurisation and coseismic

dehydration) to the numerical model, we first compare the basic numerical model

(considering only the 1D transport of heat produced at the slip surface) to the ana-

lytical solution of McKenzie & Brune (1972):

T (x, t) =
σf

2ρCp
√
Kπ

∫ t

0
e

[
− x2

4K(t−t0)

]
d

t1
√
t−t0 dt0 (3.6)

For the derivation of the analytical solution and definition of the parameters,

see McKenzie & Brune (1972). In this case, we consider a zero-width fault located at

x = 0 and a displacement of d = 0.01m. For simplicity, the rock consists of magnetite

on either side of the fault plane. The resulting solutions from the analytical model

and the numerical model agree to within <1% (Appendix B Supplementary Figure

B.2).

Enthalpy of dehydration of serpentinite

Accounting for the enthalpy of dehydration of serpentinite is done through the

Phase Change Material node in the Heat Transfer Module in COMSOL. While a

more rigorous treatment of coseismic dehydration reactions can be achieved by de-

scribing the dehydration reaction with the Arrhenius equation and assuming an or-

der of reaction in the rate equation (Brantut et al., 2010), there remains uncertainty

in choice of reaction order and kinetic parameters. It is also important to consider

that during coseismic frictional heating, reactions are likely driven by kinetics and

reaction boundaries can be significantly overstepped.

We model the dehydration of serpentinite by considering it to be a phase

change using the COMSOL Phase Change Material node in the Heat Transfer Mod-

ule. As an approximation, we consider the dehydration reaction as a phase change

from serpentine to olivine (forsterite). The Phase Change Material node uses the ap-

parent heat capacity formulation to model this transition (Yao & Chait, 1993). The

enthalpy of dehydration is added to the heat transfer equation (eq. 3.4) over an in-

terval between Td−∆T
2 and Td+∆T

2 , where Td is the dehydration temperature (550◦C)
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and ∆T is set to 100◦C. Within this interval, the fault rock properties are modulated

by a smoothed function ξ that represent the progress of the reaction, which is equal

to 0 before the reaction and 1 after the reaction. The effective thermal properties of

the fault rock in equation 3.4 during coseismic dehydration are modelled such that

ρef f = (1− ξ)ρserpentinite + ξρf orsterite (3.7)

kef f = (1− ξ)kserpentinite + ξkf orsterite (3.8)

Cpef f =
1
ρef f

(
(1− ξ)ρsCpserpentinite + ξρsCpf orsterite

)
+CL (3.9)

where ρef f , kef f and Cpef f are respectively the effective density, thermal con-

ductivity and heat capacity. CL is the latent heat distribution. For additional infor-

mation, refer to the Heat Transfer Module user guide in the COMSOL documenta-

tion (COMSOL Multiphysics, 2015).

Thermal pressurisation in a poroelastic medium

Pore fluid pressure is calculated through the fluid mass conservation equation, which

takes into account the pressurisation of the fluid by heating, the fluid flow away

from the fault, the poroelasticity and the fluids and porosity produced by the dehy-

dration reaction. The energy equation (eq. 3.4) is coupled to the fluid mass conser-

vation equation through the pore pressure parameter pf .

∂P
∂t =

(
λf −λn
βf +βn

)
∂T
∂t + 1

ρwn0(βf +βn)
∂P
∂x

(
ρw

Ks
ηw

∂P
∂x

)
+
(
ρserpentinite

ρw
wserpentine

νs MH2O
Mserpentine

−∆n
)

1
n0(βf +βn)

∂ξ
∂t (3.10)

For a complete derivation of this equation, see Brantut et al. (2010). All parameters

are listed and described in Appendix B Supplementary Table B.2. This equation is

evaluated through the PDE interface in the Mathematics node in COMSOL.

Evolution of permeability

The dehydration of serpentinite leads to formation of reaction-enhanced porosity.

This creates a porosity front that advances with the progress of serpentinite dehy-

dration. The increase in porosity (∆n in eq. 3.10) results in an increase in local
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fluid storage capacity, diminishing the effect of thermal pressurisation. Addition-

ally, Tenthorey & Cox (2003) found that dehydration of serpentinite creates tran-

siently interconnected porosity, which in turn results in a local increase in perme-

ability. Based on the data of Tenthorey & Cox (2003), we allow the permeability to

increase by up to an order of magnitude within the reaction zone in relation to the

reaction progress function ξ :

Krxn = Ks (1 + 10ξ) . (3.11)
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Slow fault slip includes a diverse range of phenomena that take place over

timescales longer than standard earthquakes (Peng & Gomberg, 2010; Bürgmann,

2018). Among these phenomena, deep episodic tremor and slip (ETS) refers to the

close association of short-term (minutes to days) slow-slip events and swarms of tec-

tonic tremor (Obara & Kato, 2016). Previously, ETS has been linked to high fluid

pressures produced by dehydration reactions in the subducting slab, but this mech-

anism requires up-dip fluid migration over long distances and may not fully ex-

plain the occurrence of ETS in subduction zones with varying thermal structures

(Peacock, 2009). Critically, geophysical data show that ETS occurs mainly in the

shallowest portions of the forearc mantle (Brown et al., 2009; Peacock, 2009; Kato

et al., 2010; Gao & Wang, 2017), where ultramafic rocks are sheared against oceanic

crustal lithologies in a highly reactive environment (Bebout & Penniston-Dorland,

2016). Here, we propose that chemical reactions involving serpentinite along the

slab-mantle interface can alter fault rock textures and generate in-situ fluid over-

pressures sufficient to trigger hydrofracturing and a transition to localised brittle

failure in creeping shear zones. Such chemical reactions are predicted to occur over

a wide range of P-T conditions that overlap with those encountered in subduction

zone forearcs worldwide. Field and petrological observations show that cyclic in-

creases in fluid pressure due to chemical reactions in serpentinite may provide a

mechanism to explain the temporal evolution of deep slow slip followed by tremor

and low-frequency earthquakes.

4.1 Introduction

Episodic Tremor and Slip (ETS) was first recognised in the deep roots of the Casca-

dia subduction zone (Rogers & Dragert, 2003) and the Nankai subduction zone in

SW Japan (Obara et al., 2004), where it occurs in bands of activity down-dip of the

seismogenic megathrust. The tremor swarms consist of persistent low-frequency

seismic energy that can last for hours to days. Hidden inside the tremor wave-

forms is evidence for hundreds to thousands of small (M<2) low-frequency earth-

quakes (LFEs) occurring by shear failure close to the plate interface (Shelly et al.,

82



Chapter 4

2006b, 2007b; Ide et al., 2007). Thus, it has been proposed that deep tremor in

SW Japan, Cascadia, and Costa Rica, is composed largely of LFEs that repeat across

small patches of the plate interface (Brown et al., 2009; Chestler & Creager, 2017).

Geophysical observations of the ETS source region show anomalously high

Vp/Vs (Peacock et al., 2011), an electrically conductive layer (Kato et al., 2010), and

a high Poisson’s ratio (Ito et al., 2007), consistent with fluid pressures approach-

ing lithostatic values. This suggests that ETS may be related to transiently high

pore fluid pressures that modulate cycles of fault weakening and hydrofracture (Ito

et al., 2007; Liu & Rice, 2007; Audet et al., 2009; Obana & Kodaira, 2009; Veveakis

et al., 2017). Models of shear failure occurring within a weak, overpressured fault

zone are compatible with observations showing that deep tremor events are highly

sensitive to small stress changes caused by Earth tides and the passage of teleseis-

mic waves (Rubinstein et al., 2009). Geological observations of plate-interface shear

zones exhumed from a range of depths show networks of interlinked shear and ten-

sile veins, attesting to periodic attainment of the elevated fluid pressure conditions

necessary for hydrofracture (Fagereng et al., 2017; Behr et al., 2018).

Fluids in the ETS source region may be derived from prograde metamorphic

reactions that cause dehydration of hydrous minerals in the subducting slab, fol-

lowed by structurally-controlled migration of fluids towards the forearc mantle cor-

ner (Katayama et al., 2012; Audet & Bürgmann, 2014). Examples of dehydration re-

actions that have previously been linked to ETS include the breakdown of lawsonite

to epidote, and the dehydration of chlorite, muscovite and omphacite to form acti-

nolite and biotite (Fagereng & Diener, 2011; Fagereng et al., 2018). These and other

reactions are predicted to release substantial volumes of silica-saturated fluid be-

neath tremorgenic regions in SW Japan and Cascadia (Hacker et al., 2003; Peacock,

2004, 2009; Fagereng & Diener, 2011). Additionally, dehydration of serpentine in

the slab at temperatures above c. 500 ◦C may provide abundant fluids during the

reaction to form talc, forsterite and water (Peacock, 2001).

Despite the probable importance of fluids derived from mineral dehydration

reactions in subducting slabs, uncertainty remains regarding the feasibility of this

mechanism to explain ETS in subduction zones with different thermal structures
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Figure 4.1: The habitat of episodic tremor and slip (ETS). (a) Cross-section through
southwest Japan under Shikoku. Locations of LFEs, slab and Moho profile from
Kato et al. (2010) (red points) and additional LFE’s from McCrory et al. (2014) (blue
points). Thermal profile from Peacock (2009). Moment tensor determined for LFEs
by Ide et al. (2007) indicates a component of shear faulting on low-angle thrust
faults close to the slab-mantle interface (lower hemisphere equal-area projection).
(b) Cross-section through central Cascadia with locations of LFEs (red points) from
Plourde et al. (2015). Plate interface from McCrory et al. (2014). Thermal profile
from Peacock (2004), and Moho profile from Bostock et al. (2002) (c) Schematic
representation of the shear zone thought to occur at the slab-mantle interface. The
width of the shear zone is poorly constrained from geophysical data, but is likely
to be several hundreds of metres to kilometres wide (Bezacier et al., 2010). Dark
green areas represent potential sites of metasomatic reaction between serpentinite
and lithologies derived from the oceanic crust, with associated in-situ production of
aqueous fluids (blue arrows).
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(Peacock, 2009). Models of the thermal structures of the SW Japan and Cascadia

subduction zones show that ETS occurs in regions where the ambient temperatures

are between 325-500 ◦C (Brown et al., 2009; McCrory et al., 2014) (fig. 4.1a, b). In

Costa Rica, however, where deep tremor is also well located, the temperature in the

source region is around 250 ◦C (McCrory et al., 2014). This has led to the suggestion

that ETS may not be directly related to temperature or specific metamorphic reac-

tions, but may instead be controlled by more general physical and chemical pro-

cesses associated with shearing along the plate interface (Peacock, 2009; McCrory

et al., 2014). Critical in this regard are improvements in the relocation of tremor

and LFEs, which highlight a correspondence between the location of ETS and the

tip of the forearc mantle wedge (figs. 4.1a,b) (Brown et al., 2009; Peacock, 2009; Kato

et al., 2010; Hyndman et al., 2015). Kato et al. (2010) showed that LFE’s at Tokai in

the Nankai Trough locate close to the plate interface in the extreme leading edge of

the forearc mantle (fig. 4.1a), and this spatial relationship has also been recognised

in Cascadia (fig. 4.1b) and Costa Rica (Brown et al., 2009; McCrory et al., 2014).

To explain this correlation in Cascadia, recent models have invoked up-dip chan-

nelling of fluids towards the forearc mantle corner, followed by periodic expulsion

of those fluids upwards in to the forearc crust (Katayama et al., 2012; Audet & Kim,

2016; Hyndman et al., 2015). These models help to explain slow slip and tremor

events that occur in the forearc region in Cascadia. However, they do not provide

a satisfactory explanation for ETS that locates along the slab-mantle interface, such

as in SW Japan and Costa Rica. Additionally, the specific processes that may result

in coupled slow slip and LFEs occurring within the same fault patch are typically

not well defined.

In this paper, we examine the possibility that part of the ETS signal is re-

lated to the fundamental chemical boundary created by juxtaposition of ultramafic

rocks in the mantle wedge against mafic and sedimentary lithologies in the subduct-

ing oceanic crust (fig. 4.1c). This significant lithological and chemical boundary is

present in all of the world’s subduction zones in the regions where ETS occurs. Geo-

physical and geological evidence suggests that the plate interface in this region is

likely to consist of a wide shear zone containing a mix of serpentinite and oceanic
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crustal lithologies (fig. 4.1c) (Bebout & Barton, 2002; Breeding et al., 2004; Miller

et al., 2009; Bebout, 2013; Bebout & Penniston-Dorland, 2016), even if the bulk of

the forearc mantle may only be weakly serpentinised (Abers et al., 2009). We present

structural and petrological observations showing that common metasomatic reac-

tions in serpentinite shear zones can result in fault rock textural changes and in-

situ fluid overpressures sufficient to cause hydrofracturing, veining and a transition

to brittle shear failure. We suggest that a series of coupled physical and chemical

processes related to such metasomatic reactions may contribute to the geophysical

signals of complex fault slip behaviour that emanate from the ETS source region.

4.2 Results

4.2.1 The ubiquity of metasomatism and fluid production in ser-

pentinite shear zones

Metasomatic reactions in serpentinite are mediated by the transport of elements

in fluids, and are typically driven by strong chemical potential gradients rather

than equilibrium shifts due to changes in pressure and temperature (Harlov & Aus-

trheim, 2012). Metasomatism is ubiquitous wherever serpentinites and more siliceous

lithologies or fluids come in to contact, and reactions occur in a range of tectonic set-

tings including the slab-mantle interface, mid-ocean ridges and detachment faults,

oceanic fracture zones and transform faults, subduction-related serpentinite bod-

ies, and ophiolites (Bebout & Barton, 2002; Bebout & Penniston-Dorland, 2016) (fig.

4.2, Appendix C Supplementary Table C.1). Metasomatic reactions between ser-

pentinite and silica- and calcium-bearing fluids are predicted to occur across a wide

range of P-T conditions, and have the potential to generate substantial volumes of

fluid without the necessity of steep geothermal gradients (fig. 4.2). Field and petro-

logical observations of these reactions suggest that they occur at temperatures from

∼100 ◦C to ∼550 ◦C and from pressures ranging from ∼100 MPa up to ∼1 GPa (fig.

4.2, Appendix C Supplementary Table C.1). At temperatures below ∼150 ◦C, meta-

somatic reactions involving serpentinite and siliceous fluids are likely to produce
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low-temperature magnesian clays such as saponite (Lockner et al., 2011). The min-

eral assemblages associated with serpentinites are inherently pressure-insensitive

(Guillot et al., 2015) and thus pressure estimates based on mineralogy tend to be

poorly constrained. Under most conditions in which serpentinites experience meta-

somatism by aqueous fluids, the reactions involve the addition of silica and calcium

to form talc, tremolite and diopside and can be generalised as (Equations 4.1 to 4.5,

Appendix C Supplemental Information Figure C.1):

Serpentine + 2 SiO2 = Talc + H2O (4.1)

5 Serpentine + 14 SiO2 + 6 CaO = 3 Tremolite + 7 H2O (4.2)

Serpentine + 4 SiO2 + 3 CaO = 3 Diopside + 2 H2O (4.3)

5 Talc + 6 CaO + 4 SiO2 = 3 Tremolite + 2 H2O (4.4)

Tremolite + 2 SiO2 + 3 CaO = 5 Diopside + H2O (4.5)

While many other reactions are possible, we focus on this simple set of meta-

somatic reactions because they are the most commonly reported in serpentinite-

bearing shear zones (Appendix C Supplemental Table C.1) and rely on a minimal

set of added components (calcium and silica). Because the reactions are driven by

chemical potential gradients, the activity of calcium and silica in solution deter-

mines which reaction takes place (Appendix C Supplemental Information Figure

C.1). If brucite is present in serpentinite, it first reacts with silica to form additional

serpentine. With an increase in the activity of silica, talc is produced. With increas-

ing calcium activity, tremolite is then favoured, followed by diopside at highest

calcium activity (Appendix C Supplemental Information Figure C.1). Geochemical

modelling using SUBCRT (Johnson et al., 1992) shows that the metasomatic prod-

ucts in equations 4.1-4.5 are thermodynamically favoured across the entire P-T sta-

bility field of serpentinites. Consequently, these reactions cannot be represented by

equilibrium curves in P-T space. While experimental work on most of these reac-
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tions is limited, field and experimental data support the notion that, for example,

in the reaction of serpentine to talc (equation 4.1), the products of the reactions are

always more stable than the reactants (Evans, 1977).

Reactions 4.1 to 4.5 will generate significant volumes of H2O. At an effective

confining pressure of 270 MPa and a temperature of 350◦C (the estimated deforma-

tion conditions of the Livingstone Fault; Tarling et al., 2018b), the reactions yield

a volume percentage of fluid per unit volume of the parent mineral (serpentine,

talc, and tremolite) of between 6 % (eq. 4.4) and 39 % (eq. 4.3) (see Appendix

C Supplementary Information Table C.2). In all cases the solid volume change of

the reactions and the overall net volume change is positive. Although the above

reactions involve serpentinite and aqueous fluids, substantial free water can also

be produced by reactions involving serpentinite and CO2-bearing fluids (Hansen

et al., 2005). Breccias and vein networks have been observed in a number of settings

closely associated with serpentinite metasomatism (Soda & Takagi, 2010; Nishiyama

et al., 2017) suggesting that fluid overpressures can be generated. However, the ef-

fects of such reactions on the rheology and slip behaviour of serpentinite shear zones

Figure 4.2 (facing page): Global compilation of estimated pressure-temperature
conditions of metasomatic reactions involving serpentinite. The dataset is described
and presented in Supplementary Information Table 1. Red dots correspond to P-
T estimates of reported field occurrences of the metasomatic reactions listed in
equations 4.1 to 4.5. Error bars correspond to the error or range given by the au-
thors of the respective studies. Numbered bars at the top of the graph represent
metasomatic reactions with temperature estimates but no constraints on pressure.
Coloured shapes outline metamorphic facies: blue, blueschist; green, greenschist;
yellow, zeolite/prehnite-pumpellyite. Shaded grey boxes represent the estimated P-
T conditions of ETS in Costa Rica, SW Japan (Shikohu and Kii Peninsula) and Cen-
tral Cascadia (Oregon), as well as the estimated conditions of shearing and meta-
somatism in the Livingstone Fault. The high-temperature limit of metasomatic re-
actions is represented by the dehydration of serpentinite. The compilation shows
that metasomatic reactions span several metamorphic facies and likely occur in the
forearc mantle of many of the world’s subduction zones, including those where ETS
has been recorded.
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are poorly constrained, with the exception of experimental data suggesting that the

talc-forming reaction (equation 4.1) can result in frictional weakening and aseismic

slip (Hirauchi et al., 2013; Moore & Lockner, 2013).

4.2.2 Textural changes in serpentinite fault rocks during metaso-

matism

The Livingstone Fault is a > 1000 km-long plate boundary-scale serpentinite shear

zone that mainly separates ultramafic rocks (peridotite and partially-serpentinised

peridotites) of the Dun Mountain Ophiolite Belt from metasediments and meta-

volcanics of the continental Caples Terrane (Coombs et al., 1976; Mortimer et al.,

2002; Tarling et al., 2018b) (fig. 4.3a). Although not interpreted as a paleo-subduction

fault, the scale, internal structure and composition of the Livingstone Fault suggest

that it represents a suitable analogue for the serpentinite-bearing shear zone ex-

pected at the slab-mantle interface. The shear zone is tens to several hundreds of

metres wide (fig. 4.3a-b) and is dominated by serpentinite with a pervasive anas-

tomosing fabric (fig. 4.3c). Embedded within the shear zone are competent pods

ranging from metres to hundreds of metres in size, composed of quartzofeldspathic

schist, greenschist, rodingite and massive serpentinised peridotite (fig. 4.3 b, d).

Raman spectroscopy (Rooney et al., 2018; Tarling et al., 2018a) and Trans-

mission Electron Microscopy (Tarling et al., 2018b) show that serpentinite in the

shear zone matrix is mainly composed of fibrous chrysotile and lizardite with minor

polygonal serpentine, which overgrow small (10-200 µm) lenticular clasts of earlier-

formed antigorite (Rooney et al., 2018). Abundant lizardite slickenfibres (fig. 4.3e)

and fibrous chrysotile veins are also present throughout the shear zone, where they

typically form in small dilational jogs or coat the surfaces of individual serpentinite

scales (fig 4.4a-b). Dissolution seams enriched in magnetite, chromite and other

minor secondary phases (e.g. awaruite, wairauite and iron-nickel sulphides) are

concentrated along the scaly foliation surfaces (fig. 4.4a-b). Collectively, these mi-

crostructural characteristics suggest that distributed deformation in the shear zone

involved dissolution-precipitation processes at low strain rates, likely accompanied

90



Chapter 4

by delamination and frictional sliding between serpentine lamellae (Andreani et al.,

2005; Rooney et al., 2018; Viti et al., 2018).

Metasomatised portions of the shear zone record evidence for a series of pro-

gressive reactions that resulted in significant textural and mineralogical changes

in the shear zone fault rocks. Such reactions occurred along the main shear zone

boundary, and also around the margins of schist and rodingite pods (fig. 3b). Meta-

somatism occurred due to the interaction of serpentinite with silica- and calcium-

rich fluids derived at least in part from the schist host rocks, leading to the forma-

tion of talc, tremolite and minor diopside through the reactions listed in equations

4.1-4.5. Early-formed talc (equation 4.1) is found as interlinked networks of fibrous

veins along foliation surfaces of the scaly matrix serpentinite (fig. 4.4c). In many

cases, however, talc is not present or is overgrown by acicular, interlocking needles

and laths of tremolite (equation 4.4, fig. 4.4d). Although volumetrically less im-

portant, we also observe the direct replacement of serpentinite by diopside (equa-

tion 4.3) and the replacement of tremolite by diopside (equation 4.5) (Appendix

Figure 4.3 (facing page): Main structural characteristics of the Livingstone Fault
serpentinite shear zone. (a) Overview of a 400 metre wide portion of the foliated
serpentinite shear zone at Serpentine Saddle (-44.65149, 168.16577). View look-
ing west. The spines along the ridge line are resistant pods of rodingite, massive
serpentinite and schist surrounded by the foliated serpentinite matrix. The yellow
dashed line indicates the approximate location of the western boundary between the
shear zone and the basal portions of the Dun Mountain Ophiolite Belt. Inset shows
the location of the Livingstone Fault in New Zealand with the box indicating the
study area with field locations. (b) Schematic cross-section along profile x-y (in part
a) illustrating the characteristic structure of the shear zone: pods of schist (grey),
rodingite (cream) and massive serpentinite (light green) are embedded within foli-
ated serpentinite. The eastern boundary of the shear zone and the margins of schist
and rodingite pods are sites of metasomatic reaction. Red box shows the area de-
picted in figure 4.5a. (c) Photograph of the foliated serpentinite matrix displaying
a typical pervasive anastomosing fabric in which each lens of serpentinite is coated
by fibrous chrysotile. (d) Pod of rodingite embedded in foliated serpentinite ma-
trix. (e) Slickenfibre vein of lizardite found in a dilational jog along a fault surface
cutting through a massive serpentinite pod.
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C Supplemental Information Figure C.2). In the reaction zones in the Livingstone

Fault, the most commonly observed metasomatic reaction is that in which tremo-

lite directly overgrows serpentinite (equation 4.2, fig. 4.4e). Throughout the reac-

tion zones, the tremolite has a distinctive microstructure consisting of extremely

fine-grained (10-20 µm by 1-2 µm), interlocking needles known as a nephritic tex-

ture (fig. 4.4f, Appendix C Supplemental Information Figure C.3). In areas where

this reaction takes place, the serpentinite matrix can be completely replaced by

nephritic tremolite within a zone up to several metres wide. Textural and miner-

alogical changes also occurred within the Caples Terrane schists (figs. 4.3b, 4.4g, h).

At distances of up to several tens of metres from the shear zone boundary, the schists

are highly altered (fig. 4.4g), with tremolite first growing along the schistosity and

then radiating in to the adjacent domains (fig. 4.4h).

Figure 4.4 (facing page): Serpentinite fault rock microstructure and textural evo-
lution during metasomatism. (a, b) Optical microscope images of scaly serpenti-
nite shows dissolution seams of magnetite defining the margins of the serpentinite
scales. Also visible are fibrous veins of light-green chrysotile that grew along foli-
ation surfaces and shear bands (Left = plain polarised light image, right = cross-
polarised image with wave-plate inserted). (c) Veins of fibrous talc along the mar-
gins of scaly serpentinite (cross-polarised optical microscope image) (d) Scanning
electron microscope (SEM) image of the sequential reaction of serpentinite to talc,
and then talc to tremolite. Colour overlay is an SEM energy-dispersive X-ray spec-
troscopy (SEM-EDS) map where the teal colour highlights the serpentinite and
fuchsia colour marks the tremolite. (e) Tremolite needles overgrowing serpentinite
(cross-polarised optical microscope image) (f) SEM image showing the characteris-
tic fine-grained, felted texture of tremolite needles that characterises the nephritic
texture. (g) Optical microscope image (in crossed-polarised light) of metasomatised
schist adjacent to the shear zone boundary in which tremolite completely overgrows
and replaces most original minerals. The schistosity is preserved as banding defined
by the alignment of tremolite needles. (h) SEM-BSE image of tremolite growing both
along and across the schistosity (location of image shown in part g).
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4.2.3 Metasomatism, fluid overpressure and veining in serpenti-

nite shear zones

Metasomatic reaction zones in the Livingstone Fault are everywhere associated with

extensive networks of tremolite, talc and diopside veins (fig 4.5a,b). Along the

boundary between the shear zone and the Caples Terrane, the vein networks occupy

a broadly tabular layer up to several tens of metres wide (fig. 4.5a), while around

pods of schist and rodingite the layers are up to several metres wide (figs. 4.5a-

b). The most common veins consist of complex networks of extremely fine-grained

nephritic tremolite (fig. 4.5c-d-e). Furthest from the contact with the Caples Ter-

rane schists, vein density is relatively low and only a small number of distinct vein-

ing events can be recognised (fig. 4.5c). Approaching the contact with the Caples

Terrane, vein density progressively increases so that ultimately the serpentinite is

replaced by a dense mass of metasomatic tremolite veins (figs. 4.5d,e), and the ser-

pentinite between the veins is replaced by needles of tremolite as described in the

preceding section (Appendix C Supplemental Figure C.4). Veins cutting across fo-

liated serpentinite are frequently folded and buckled (fig. 4.5f-g), suggesting that

the vein-forming reactions occurred broadly contemporaneously with ductile de-

formation in the shear zone matrix. Tremolite grains within the folded veins are

heavily fractured and generally have a smaller aspect ratio (fig. 4.5h) than nephritic

tremolite in the matrix (fig. 4.4f), suggesting that the veins deformed by cataclasis.

Locally, temporal variations in the composition of metasomatising fluids can some-

times be inferred by the presence of cross-cutting veins of different metasomatic

mineralogy (fig. 4.5g).

4.2.4 Transition to brittle shear failure promoted by metasoma-

tism

Altered and veined metasomatic zones in the Livingstone Fault preserve evidence

for a transition to localised brittle shear failure, which contrasts with the relatively

broad distribution of strain in the foliated serpentinite matrix (figs. 4.5a, 4.6). Brit-
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tle fault networks are commonly found cross-cutting metasomatic zones, and are

characterised by lineated fault surfaces (fig. 4.6a) and cataclastic slip zones up to

several millimetres thick (fig. 4.6b). The fault surfaces are relatively smooth and can

be observed in outcrop to extend for distances of at least several metres. Within and

surrounding the cataclastic slip zones, previously-formed nephritic tremolite veins

are heavily fractured and disaggregated to form angular fragments with a wide

range of particle sizes, which sit within an ultra-fine grained matrix of tremolite

and serpentinite (fig. 4.6b,c). The slip surfaces contain coatings of fibrous serpenti-

nite, which are also frequently precipitated in fractures cutting tremolite fragments

(fig. 4.6c).

4.3 Discussion

The structure of the Livingstone Fault, in which blocks of meta-sedimentary, -mafic

and -ultramafic material are embedded in a foliated serpentinite matrix, is similar

to that of shear zones exhumed from the shallow slab–mantle interface (Bebout,

2013). The interface is thought to represent a complex mechanical and chemi-

cal mixing zone composed mainly of the metamorphosed equivalents of subducted

Figure 4.5 (facing page): Metasomatic veins in the serpentinite shear zone (a)
Schematic cross section of metasomatic reaction zones adjacent to schist pods and
along the shear zone-Caples Terrane contact (corresponds to area in red box in fig-
ure 4.3 b). Letters show representative locations of images shown in parts c-g. (b)
Densely-veined metasomatic reaction zone adjacent to a pod of schist. (c) SEM-
BSE image of a tremolite vein network recording a single veining event. Nephritic
tremolite in the veins is texturally continuous throughout the majority of the vein
network, indicating formation in a single event. (d) Tremolite vein network with
more than one generation of cross-cutting veins. (e) Tremolite vein network with
many generations of cross-cutting veins. (f) Veins in the shear zone matrix are often
folded and buckled (g) SEM-BSE image of a buckled tremolite vein cross-cutting
earlier-formed diopside veins (h) Close up of a part of the folded tremolite vein
shows that the needles of tremolite have a reduced aspect ratio and appear frac-
tured, suggesting deformation accommodated in part by cataclasis.
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Figure 4.6: Localised brittle faulting associated with metasomatic reaction zones. (a)
The metasomatic zones commonly contain networks of slickensided fault surfaces
(b) Cataclastic slip zone cuts through a region of folded, fractured and disaggre-
gated tremolite veins. The slip zone is bound by discrete slip surfaces containing
slickenlines. (c) Optical microscope image (crossed polarised) of sample shown in
part b, showing discrete slip surfaces bounding a narrow and relatively fine-grained
slip zone. Previously-formed nephritic tremolite veins within and surrounding the
slip zone are heavily fractured and disaggregated. Fibrous serpentinite (shades of
grey in the image) coats the slip surfaces and infills fractures within tremolite vein
fragments.
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trench sediments, basaltic/gabbroic rocks from the upper oceanic crust, and ultra-

mafic material (peridotite, serpentinite) from the mantle wedge (Bebout & Barton,

2002; Breeding et al., 2004; Miller et al., 2009; Bebout, 2013), and thus it represents

a region in which element transfer and metasomatic reactions play a major role

(Bebout, 2013). The mineralogy of the Livingstone Fault is consistent with defor-

mation having occurred at an ambient temperature of ∼300-350 ◦C (Tarling et al.,

2018b). While constraints on depth are poor due to the pressure-insensitive min-

eral assemblages in the serpentinites, we estimate the depth of shearing to be 10-15

km (∼270-400 MPa) based on a geothermal gradient in the range of 20-35 ◦C/km

(Chapman, 1986) (fig. 4.2). Exposures of the Livingstone Fault are therefore repre-

sentative of shallower depths and lower pressures than those encountered in well-

characterised ETS source regions (fig. 4.2). However, the deformation processes

and metasomatic reactions observed in the Livingstone Fault are characteristic of

serpentinite-bearing shear zones more generally, and occur over a wide range of P-T

conditions (fig. 4.2). Thus, we suggest that our observations regarding the influence

of metasomatic reactions on deformation style are relevant to processes that occur

in ETS source regions. This inference is supported by field observations of such re-

actions that occurred within paleo-slab-mantle interfaces (King et al., 2003), which

produced structures and metasomatic assemblages similar to those observed in the

Livingstone Fault (Appendix C Supplemental Information Figure C.5).

Bulk deformation in the Livingstone Fault occurred by distributed ductile

shearing, with evidence that dissolution and precipitation were important grain-

scale processes in the shear zone matrix (Rooney et al., 2018; Tarling et al., 2018a).

This formed a pervasive, fault-parallel scaly fabric that wraps around embedded

pods of relatively rigid materials, which are cut by brittle fractures and faults. This

block-in-matrix style of deformation has been observed within exhumed subduction-

related faults, from depths equivalent to the shallow accretionary wedge down to

the blueschist and eclogite-facies slab-mantle region (Fagereng, 2011, 2014; Hay-

man & Lavier, 2014; Angiboust et al., 2015; Behr et al., 2018). Our observations sug-

gest that metasomatic reactions in serpentinite-bearing shear zones provide an ad-

ditional mechanism to generate rheological contrasts that can lead to mixed brittle-
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viscous deformation. Significantly, fluid production controlled by metasomatism

can occur in-situ within shear zone rocks, and does not require large-scale fluid

transport. Metasomatism relies primarily on chemical gradients associated with

compositional boundaries, which are expected to be formed and continually re-

newed by shearing processes in the source regions of ETS.

In our model, fluid pressure will increase at a rate controlled by the balance be-

tween reaction progress and the permeability of surrounding rocks. Initially, meta-

somatic talc-, tremolite- and diopside-forming reactions are predicted to generate

significant volumes of water. Fluid flow out of the main reaction zones is likely to

be inhibited by the extremely low permeability of the surrounding foliated serpen-

tinite (10−19 – 10−22 m2) (Kawano et al., 2011). Laboratory experiments by French

& Zhu (2017) suggest that slow slip transients in serpentinite are favoured as fluid

pressure increases towards the confining pressure. This suggests that fluid derived

from metasomatic reactions may initially promote episodes of slow slip in the ser-

pentinite shear zone. Our observations of multi-generational vein networks suggest

that fluid pressure transiently exceeded the least compressive stress and resulted in

hydrofracturing of the foliated serpentinite matrix. Variations in vein density indi-

cate that the main fluid-generating region in the Livingstone Fault was the contact

between the serpentinite shear zone and the Caples Terrane schists, but fluid was

also produced in abundance around the margins of pods. Hydrofracturing tran-

siently opened new fluid conduits through the shear zone, exposing fresh serpen-

tinite to metasomatic fluids and further driving the reactions. Subsequently, veins

were sealed by precipitation of metasomatic minerals, lowering the permeability

and allowing for a new cycle of metasomatism and fluid pressure build-up. Vein

networks were reworked and folded in a macroscopically ductile manner, suggest-

ing that distributed creep (possibly including episodes of slow slip) followed by

hydrofracturing were processes that occurred repeatedly during cyclic variations in

fluid pressure. The temporal sequence of increasing fluid pressure, followed by slow

slip in serpentinite and then hydrofracture is analogous to seismic observations of

slow slip transients preceding tremor events in the ETS signals (Obara et al., 2004;

Obara & Hirose, 2006).
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If fluids from metasomatism contribute to the ETS signals in subduction zones,

a process is required to explain the occurrence of the LFEs that dominate the tremor

signal and represent shear failure on fault surfaces with lengths of tens to hundreds

of metres. Our observations suggest that localised shear failure can be promoted by

the progressive transformation of foliated and ductile serpentinite in to a highly-

indurated metasomatic fault rock. Field observations suggest that this textural and

mineralogical transformation can lead to the formation of brittle, cataclastic fault

zones that are uniquely found in regions of the shear zone with a dominantly meta-

somatic mineralogy. Such a transition in rheology could be promoted both by fault

rock textural changes (fig. 4.4) and also by precipitation of metasomatic veins after

hydrofracturing (fig. 4.5), both of which result in “reaction hardening” (Wintsch

& Yeh, 2013) (fig. 4.6). There is also potential for high fluid pressures and hy-

drofracturing to act as a trigger for shear failure in other portions of the shear zone.

Although there is no unequivocal evidence that the metasomatised slip zones in the

Livingstone Fault were seismic, other discrete faults that cut through the shear zone

preserve evidence for localised dehydration of serpentinite induced by a transient

thermal pulse during coseismic slip (Tarling et al., 2018b). Dehydration reactions

in the subducting slab are a likely source of fluids in the forearc mantle and crust.

However, the Livingstone Fault preserves evidence for a range of deformation pro-

cesses that were directly influenced by the fluids and products generated by metaso-

matism, and which occurred repeatedly within relatively small patches of the shear

zone. Given the chemically-reactive environment in which deep ETS is thought to

occur, together with the occurrence of ETS close to the interface between mantle and

crustal rocks, we suggest that metasomatic reactions in serpentinite-bearing shear

zones may play a key role in understanding the origins of slow slip and tremor.
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Abstract

Sub-micron Raman Spectroscopy mapping is able to unambiguously distin-

guish the main serpentine minerals within their in-situ microstructural context.
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The high spatial resolution (∼370 nm), large-area coverage (up to hundreds of mi-

crons in each dimension) and ability to map directly on polished thin sections al-

lows novel interpretations to be made regarding the nature and evolution of ser-

pentinite fault rock textures. The potential of this method is illustrated by examin-

ing submicron-scale textures of scaly serpentinites (e.g. dissolution seams, mineral

growth in pressure shadows, distribution and intergrowth of serpentine minerals)

from a lithospheric-scale shear zone in New Zealand and a subduction-related ser-

pentinite body in California, USA.

5.1 Introduction

Geological, geophysical and experimental observations indicate that deformation

within serpentinite-bearing faults and shear zones is a significant process in many

active geological settings. For example, serpentinite forms in the mantle wedge in

subduction zones and probably exerts an important rheological control at the sub-

duction interface (Hyndman & Peacock, 2003; Hirth & Guillot, 2013; Guillot et al.,

2015). Serpentinites are also widespread in lithospheric strike-slip faults (e.g. the

San Andreas Fault, California and the Alpine Fault, New Zealand), oceanic detach-

ment faults and oceanic transform faults.

Serpentinites form by hydration of ultramafic rocks, typically dominated by

olivine, orthopyroxene and clinopyroxene. Serpentinites by definition contain a sig-

nificant amount of serpentine group minerals, as well as other volumetrically-minor

products that form during the hydration process (e.g. brucite and magnetite) (Evans

et al., 2013). Serpentine minerals are hydrous phyllosilicates and have the theoreti-

cal formula Mg3Si2O5(OH)4 (Dódony & Buseck, 2004). The three main forms of ser-

pentine - lizardite, chrysotile, and antigorite - are widely found in natural samples,

and two other intermediate serpentine varieties (polygonal serpentine and polyhe-

dral serpentine) are less frequently reported (Dódony & Buseck, 2004).

It is important for a number of reasons to characterise the fine-scale textu-

ral properties of serpentinites and correctly identify which of the serpentine group

minerals are present in natural fault rock samples. For example, field and labora-
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tory evidence suggests that antigorite is the “high-temperature” form of serpentine

and is stable within the temperature range of approximately 390-500◦C (Ulmer &

Trommsdorff, 1995; Evans, 2004). From low-temperature, near-surface conditions

to approximately 390◦C, lizardite and chrysotile are the more common varieties

(Craw et al., 1987; Ulmer & Trommsdorff, 1995; Evans, 2004). Correct identification

of serpentine minerals and the textural relations among the different varieties can

thus be used to put broad constraints on the temperature and exhumation history

of serpentinite-bearing fault zones.

All serpentine minerals have a tetrahedral silicate sheet with the apical oxy-

gens shared with the corners of a Mg-rich octahedral sheet (the tetrahedral and oc-

tahedral sheets form layers, fig. 5.1b) (Bailey, 1988). Unshared hydroxyl groups

belonging to the octahedral sheet are located at the junction of the tetrahedral

and octahedral sheets forming a layer (inner OH groups, orange), and hydroxyls

also belonging to the octahedral sheet are located in the interlayer space (outer

OH groups, black) (Bailey, 1988). However, the lateral fit between the octahe-

dral and tetrahedral sheets within a single layer is imperfect with the octahedral

sheet being 3-5% larger. This mismatch leads to either slight deviations from the

ideal formula (lizardite), modulated structures (antigorite) or cylindrical structures

(chrysotile) (Evans, 2004). Polygonal serpentine displays both cylindrical and flat

structures while polyhedral serpentine adopts a faceted spherical morphology that

has been described as “onion-like” (Zussman, 1987; Evans, 2004; Andreani et al.,

2008). Each serpentine mineral has several possible polytypes that reflect differ-

ences between stacking of layers, but many of these are not reported in natural

samples (e.g. lizardite 1T polytype is almost exclusively seen) (Bailey, 1988; Evans

et al., 2013). The five forms of serpentine are not strictly polymorphs but are often

treated as such. The amount of Mg(OH)2 in the octahedral sheets of antigorite is

minutely attenuated due to inversions in curvature, while lizardite requires minor

cationic substitutions (e.g. enrichment in Al, Fe or Cr) for stabilisation (Zussman,

1987; Dódony & Buseck, 2004; Petriglieri et al., 2015).

Conventional techniques used for serpentine identification are problematic.

Optical microscopy fails to distinguish between the serpentine varieties because

105



Chapter 5

Figure 5.1: The idealised crystal structure of serpentine minerals. (a) The crystal
structure of T1 lizardite viewed from a silicate tetrahedral sheet looking down to
the octahedral sheet of a separate layer, Miller index (001̄). The crystal cell is shown
in green while the corners of the tetrahedra and octahedra represent oxygen atoms.
The hydrogen atoms of the outer hydroxyl groups are shown in black and the hy-
drogens of the inner hydroxyl groups are shown in orange. (b) The crystal structure
viewed along the Miller index (110) which is shown in (a) as the yellow line.
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they have similar optical properties and normally have a very fine grain size (Groppo

et al., 2006). X-ray powder diffraction (XRPD) is rarely conclusive due to the similar-

ity of the serpentine XRD patterns (Groppo et al., 2006; Kohyama, 2007; Viti et al.,

2011). XRPD also requires grinding of the sample, which destroys any understand-

ing of microstructural context. The quality of serpentine minerals in libraries, such

as the Powder Diffraction File, remains ambiguous (Wicks, 2000). Transmission in-

frared (IR) spectroscopy requires sample grinding otherwise there are considerable

sample preparation issues (i.e. sample thickness, transparent substrate, etc.). At-

tenuated total reflectance (ATR) IR spectroscopy is not a widely accepted method

due to problems with band distortions associated with anomalous dispersion, mak-

ing comparisons to standards difficult (Griffiths & De Haseth, 2007; Hahn et al.,

2011; Miljković et al., 2012; Chukanov & Chervonnyi, 2016). Scanning electron mi-

croscopy combined with energy dispersive spectroscopy (SEM-EDS) is a commonly

used method to characterise serpentinites in cases where small chemical differences

exist between the different serpentine varieties. However, chemical differences are

not systematic and the literature contains many examples of Al- and Fe-enriched

chrysotile and Mg(OH)2 depleted chrysotile and lizardite (Golightly & Arancibia,

1979; Wicks & Plant, 1979; O’Hanley & Dyar, 1998; Auzende et al., 2004; Groppo

et al., 2006).

Transmission electron microscopy (TEM) remains the best and most widely

used analytical technique to unambiguously identify the serpentine minerals (Viti

& Mellini, 1998; Andreani et al., 2004; Petriglieri et al., 2015). TEM provides impor-

tant insights in to the submicron-scale textural characteristics of serpentine miner-

als and their lattice structure, but it requires time-consuming and complex sample

preparation (Groppo et al., 2006). The very small sample areas (1-10’s microns)

that can be analysed by TEM mean that it is challenging to maintain a sample-scale

understanding of the spatial relationships between mineral textures and fault rock

fabrics (Groppo et al., 2006).

Raman microscopy is a suitable technique that can allow identification of the

different serpentine types and their spatial relationships. The Raman spectra of

serpentines display lattice and internal vibrations over 150-1200 cm−1 that appear

107



Chapter 5

similar between the different minerals. The only distinguishing features are shifted

bands at approximately 385 cm−1 and a redshift in antigorite’s band at 685 cm−1

relative to chrysotile and lizardite. There are also slight differences in weak bands

around 1100 cm−1 (fig. 5.2). In the 3600-3710 cm−1 region the three main ser-

pentine minerals each have a characteristic Raman signature due to the inner and

outer hydroxyl vibrations. Furthermore, these hydroxyl vibrations are considerably

stronger than the lattice and internal vibrations making them suitable for use in

high resolution Raman maps (fig. 5.2). Lizardite is the closest to an ideal tetrahe-

dral:octahedral structure as shown in fig. 5.1 and belongs to the space group P31m

(Mellini, 1982; Auzende et al., 2004). The hydroxyl groups have C3v symmetry;

group theory predicts that the four hydroxyls should give two symmetric stretching

modes and one doubly degenerate antisymmetric mode. Antigorite and chrysotile

are expected to have more than four modes due to their diminished symmetry.

Early work by Titulaer et al. (1993) and Kloprogge et al. (1999) suggested the

inner hydroxyl vibration occurred at a lower wavenumber than the outer hydroxyl

groups (refer to fig. 5.2 inset) (Titulaer et al., 1993; Kloprogge et al., 1999). How-

ever, calculations by Balan et al. (2002) showed that the lower wavenumber hydroxyl

bands in lizardite are attributable to the outer hydroxyls while the higher wavenum-

ber band is attributable to the inner hydroxyl vibration (Auzende et al., 2004). This

was followed by high pressure Raman studies performed by Auzende et al. (2004)

who observed a significantly larger blueshift in the lower wavenumber hydroxyl

bands upon hydrostatic compression compared to the initially higher wavenum-

ber hydroxyl band (Novak, 1974; Auzende et al., 2004). Previous crystal structures

of lizardite under elevated pressures had shown the largest structural change was

from a decrease in the interlayer thickness as opposed to the thickness of the TO

layer (Mellini, 1982, 1986; Mellini & Zanazzi, 1989; Gregorkiewitz et al., 1996). It

was deduced that the highly blueshifted bands were attributable to the hydroxyls

occupying the interlayer space where the largest change in vibrational environment

occurs (i.e. outer hydroxyls, see fig. 5.1) (Auzende et al., 2004; Reynard & Wun-

der, 2006; Mizukami et al., 2007; Mookherjee & Stixrude, 2009; Noguchi et al., 2012;

Marquardt et al., 2015). However, since only the outer hydroxyl groups are involved
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Figure 5.2: Average spectra of lizardite, chrysotile and antigorite. The main spectra
and insets were taken with 600 g mm−1 and 1200 g mm−1 gratings respectively.
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in hydrogen bonding, it is expected that these bands would be redshifted due to an

increase in hydrogen bonding during compression (Novak, 1974; Auzende et al.,

2004). The unexpected blueshift occurs because there is no increase in hydrogen

bonding as the O-H-O bond angles change to accommodate a decrease in the in-

terlayer space (Auzende et al., 2004; Mizukami et al., 2007; Mookherjee & Stixrude,

2009; Noguchi et al., 2012; Marquardt et al., 2015).

Petriglieri et al. recently demonstrated micro-Raman mapping of serpentinites

directly on polished thin sections, allowing in-situ characterisation of mineral vari-

eties and textural properties (Petriglieri et al., 2015). Their analyses involved a map-

ping step size of approximately 2 µm, limiting the lateral resolution to 2 µm at best.

Nonetheless, general textural features and mineral intergrowths on the order of a

few micrometres in size could be recognised, particularly when semi-opaque Raman

maps were layered on top of optical or SEM images. We introduce new methods

that allow Raman mapping at near diffraction-limited resolution (∼370 nm) across

relatively large areas of thin sections. The increased spatial resolution and area cov-

erage further expands the usefulness of Raman mapping to understand complex

geological samples, and bridges the gap between conventional analytical methods

(e.g. optical and SEM-EDS) and transmission electron microscopy.

5.2 Methods

5.2.1 Serpentinite Fault Rock Samples

Samples studied in this work are highly-deformed serpentinite fault rocks from the

Livingstone Fault in the South Island of New Zealand (-45.196661◦,168.135531◦)

and a subduction-related serpentinite body at Sand Dollar Beach, California, USA

(35.927517◦,-121.468551◦). The Livingstone Fault is characterised by a zone of

sheared serpentinite mélange, tens to several hundreds of meters wide, with en-

trained pods of massive serpentinite, volcanic rocks and quartzofeldspathic rocks.

The serpentinite body at Sand Dollar Beach consists of blocks of massive serpen-

tinite in a finely foliated serpentinite matrix. Samples from both locations con-
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tain a pervasive anastomosing foliation, commonly referred to as a “scaly” fab-

ric in the geological literature (Vannucchi et al., 2003). Analyses show that the

samples are composed of the main serpentine minerals lizardite, chrysotile and

antigorite. There are also abundant magnetite (Fe3O4) and chromium-magnesium

spinels (FeCr2O4-MgCr2O4). Other, less-common, accessory minerals include talc

(Mg3Si4O10(OH)2), brucite (Mg(OH)2), awaruite (Ni2−3Fe), wairauite (CoFe) and

pentlandite ((Fe,Ni)9S8).

5.2.2 Sample Preparation

The use of a low-fluorescence epoxy in the fixing and preparation of polished thin

sections for Raman mapping was of critical importance, as even a small amount

of fluorescence can overwhelm the Raman scattering. This is particularly impor-

tant when dealing with high-throughput and low integration times (Frezzotti et al.,

2012). Samples were cut into small billets using a water-cooled diamond blade saw.

Billets were progressively ground to 1200 grit and glued to soda glass slides us-

ing EpofixTM Cold-Setting Embedding Resin (Struers). An initial high-temperature

cure of 70◦C for 90 minutes followed by 2-12 hours at 50◦C reduced the contribu-

tion of epoxy to the collected signal, possibly by driving-off some volatiles in the

epoxy.

Once attached to glass slides, the highly foliated and delicate samples were cut

using a Vari/Cut VC-50 (LECO corp.) oil-cooled wafering diamond saw, while more

robust samples were cut with a water-cooled diamond blade. Sections were cut to

an initial thickness of 0.8-1 mm and progressively ground with 1200 grit so that

a final thickness of 30-60 µm was obtained. The thin sections were then polished

with 3 µm and 1 µm polycrystalline diamond paste. For the final polishing stage,

chemical-mechanical polishing was performed for 3 to 12 minutes with a SYTON

colloidal silica suspension using an abrasive 0.02 µm pad (Fynn & Powell, 1979). It

was found that a high degree of surface polish (i.e. minimal surface roughness) and

an overall flat surface was necessary for quality Raman analysis. This also allows

relatively large areas to be scanned at high resolution while remaining in focus. In
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addition, a high degree of polish can reveal some textural features when the thin

sections are viewed in reflected light, due to varying reflectivity of the serpentine

minerals. Along with transmitted-light optical microscopy and SEM analysis, the

reflected-light images can be a useful way of characterizing the serpentinite samples

prior to more detailed (e.g. Raman or TEM) work.

5.2.3 Raman Spectroscopy Analyses

An Alpha 300R+ confocal Raman microscope (Witec GmbH, Ulm, Germany) was

used for the Raman mapping. A 100× dry objective (Zeiss, Oberkocken, Germany)

and a 532 nm laser (Coherent, California) with a power of 50 mW were used. The

100× objective and the 532 nm laser wavelength, combined with the three serpen-

tines having similar refractive indices and Raman cross-sections, resulted in a spa-

tial resolution of approximately 370 nm. The spatial resolution of the microscope

was validated using the method suggested by Havel & Colomban (2006) (Appendix

D Supplementary Figure D.1). The microscope was calibrated and optimised with

a silicon wafer and a sample of powdered kaolinite before each session by verifying

the position and intensity of the Si band at 520.6 cm−1 and the kaolinite OH band

at 3620.6 cm−1. A high-resolution grating of 1200 grooves mm−1 was employed and

centred at 3700 cm−1. The microscope is equipped with a mechanical stage and a

piezoelectric stage. Individual Raman spectra were acquired in rectangular grid pat-

terns with a step size of 366 nm and an acquisition time of 2 s per point. The maps

presented are between 32×32 µm and 60×60 µm with the number of measurement

points between 87×87 (7,569) and 164×164 (26,896). Maps larger than these dimen-

sions are possible but take greater than 20 hours. The maps are composed of signal

from the serpentine surface and up to 950 nm into the sample (z-resolution ∼950

nm). The raw Raman data were processed and analysed using the Witec Project Plus

software to produce colour maps showing the spatial distribution of minerals.

The Raman spectra were first corrected for cosmic spikes. A background sub-

traction was then applied using the dynamic background subtraction algorithm in

order to remove background contributions from any fluorescence signal. The nature
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and distribution of minerals was then assessed by using simple position-based spec-

tral filters, focusing on the most prominent peaks. Once the minerals were identi-

fied, representative average spectra of the hydroxyl bands for each of the serpentine

minerals were extracted (chrysotile, lizardite and antigorite). Using the basis analy-

sis function, the average reference hydroxyl spectra were fitted to the pre-processed

Raman spectral dataset to produce coloured maps for each component mineral. The

colour maps were then combined using the combine function.

5.3 Results

5.3.1 Raman Spectra of Serpentine Minerals

Previous work shows that Raman spectra of the serpentine minerals are difficult to

distinguish in the 150-1200 cm−1 region (fig. 5.2). Few bands are distinct between

the different serpentine minerals. Antigorite has a band at ∼377 cm−1 that is distinct

from the band at ∼385 cm−1 in lizardite and ∼389 cm−1 in chrysotile. Antigorite also

has a band at ∼685 cm−1 while lizardite and chrysotile have this band at ∼690 cm−1.

However, the peaks in lizardite and chrysotile have an identical shape, overlap with

other silicate minerals and their positions tend to shift as shown by the variations

reported in the literature (Appendix D Supplementary Figure D.2) (Groppo et al.,

2006; Trittschack et al., 2012; Schwartz et al., 2013; Petriglieri et al., 2015; Marquardt

et al., 2015; Wang et al., 2015; Plümper et al., 2017). Antigorite also has a weak,

unique peak at 1045 cm−1 but this has little utility in high-throughput mapping

(Petriglieri et al., 2015).

The high-wavenumber region, corresponding to O-H stretching vibrations, has

been shown to allow for definitive identification of the main serpentine minerals

due to the different band shapes (Groppo et al., 2006; Petriglieri et al., 2015). Ac-

cordingly, this study focused exclusively on the high wavenumber region. As shown

in fig. 5.2, the bands in the O-H stretching region have greater intensities than

bands in the low wavenumber region, resulting in clearer maps with lower integra-

tion times. However, in samples that contain considerable amounts of non-hydrous
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minerals adjacent to serpentine, the use of a grating covering a larger spectral win-

dow is more appropriate.

The high wavenumber average spectra (fig. 5.2) show that the three main

serpentine minerals (lizardite, chrysotile and antigorite) are clearly distinguished.

Lizardite has two dominant peaks at 3681±2 cm−1 and 3701±2 cm−1, as well as

a broad shoulder in the vicinity of 3655±5 cm−1. Chrysotile has a main peak at

3697±2 cm−1 with a partially resolved shoulder around 3690±2 cm−1 and a broader

shoulder around 3648±5 cm−1. Antigorite is characterised by two peaks at 3667±2

cm−1 and 3696±2 cm−1.

5.3.2 Raman Maps

Initial characterisation of the samples with optical microscopy and SEM analysis

revealed some microstructural features, particularly where minor phases such as

magnetite are concentrated along foliation surfaces (e.g. magnetite grains in fig.

5.3a). In all cases unambiguous identification of the serpentine mineral varieties

could not be made on the basis of optical or SEM images and chemical data. Fur-

thermore, many grains in these (and other) samples are so small that they are indis-

tinguishable from surface scratches on the thin sections.

It is noteworthy that antigorite appears to have a greater resistance to polish-

ing, resulting in a positive topography as shown by atomic force microscopy (Ap-

pendix D Supplementary Figure D.3). This positive topography resulted in antig-

orite having greater reflectivity in reflected light images (Fig. 5.3a,c). Grains of

antigorite can also be distinguished in SEM secondary electron images (Appendix

D Supplementary Figures D.4 & D.5). Once antigorite is positively identified from

Raman analysis, its higher reflectivity could potentially be used as an identification

tool for relatively large grains. Lizardite and chrysotile appear to show only slight

differences in reflectivity.

Three high-resolution Raman maps (fig. 5.3, 5.4) are shown to illustrate the

utility of the new methods in studying complex fault rock textures. The maps in

fig. 5.3 from the Livingstone Fault show that fine-grained chrysotile is the domi-
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Figure 5.3: Sub-micron Raman mapping of serpentinite fault rocks from the Living-
stone Fault, New Zealand. (a) Reflected light image showing a large and rounded
grain of antigorite (Atg) surrounded by a fine-grained matrix of chrysotile (Ctl).
The bright grains concentrated along the left margin of the antigorite grain are
mainly magnetite (Mt). (b) Detail of the sub-micron Raman map at the boundary
of the antigorite grain shows replacement of antigorite by chrysotile along frac-
tures. Lizardite is present as small patches and thin selvages in the chrysotile ma-
trix. (c) Reflected light image showing a large grain of antigorite surrounded by
chrysotile. (d) Corresponding sub-micron Raman map shows replacement of antig-
orite by chrysotile along thin intra-granular fractures, suggesting that antigorite was
unstable.
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nant matrix phase. Antigorite and lizardite are also present to lesser degrees. In

fig. 5.3a,b, antigorite is present as a large rounded grain surrounded by a matrix

of fine-grained chrysotile, while minor lizardite is present in patches and small sel-

vages (∼10 µm) close to the margin of the antigorite grain. Sub-micron remnants of

antigorite are present at the boundary of the large antigorite grain. The selvages of

lizardite generally have their long axes aligned with the antigorite grain boundary.

The accumulation of insoluble magnetite along one of the margins of the antigorite

grain (fig. 5.3a) supports the notion that dissolution-precipitation played an impor-

tant role in forming the observed schistosity (Andreani et al., 2005).

Fig. 5.3c,d show a fractured grain of antigorite surrounded by a matrix of

chrysotile. The narrow intragranular fractures cutting the antigorite grain are also

filled with chrysotile. The large antigorite grains in both maps show two types

of boundaries with the surrounding chrysotile-rich matrix: sharp or gradational

(fig. 5.3b,d). Sharp boundaries represent distinct mineral grain boundaries or in-

tergrowths at a scale below the spatial resolution of the analysis (∼370 nm). Gra-

dational boundaries on the other hand are characterised by a mixed spectroscopic

signal that occurs over widths of 1-5 pixels (370-1800 nm) in which one dominant

signal (e.g. antigorite) progressively transitions into another (e.g. chrysotile). The

gradational boundaries indicate a complex intergrowth and/or inter-fingering of the

dominant serpentine minerals at a scale below the spatial resolution. Targeted TEM

examination would be required to further elucidate the nature of these different

types of grain contact.

Fig. 5.4a,b from the serpentinite body at Sand Dollar Beach reveal a delicate

interstratification of lizardite and chrysotile, where most of the chrysotile bands

have a thickness of 730-2,000 nm. Some of the thinner chrysotile bands contain

spectra where both lizardite and chrysotile are superimposed indicating that the

true band thickness is less than the spatial resolution of the Raman microscope

(<370 nm).
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Figure 5.4: Sub-micron Raman mapping of serpentinite fault rock from Sand Dollar
Beach, California. The map reveals a complex interstratification of lizardite and
chrysotile with layers ranging from below the spatial resolution (370 nm) to several
microns in width.

5.4 Discussion

The spectra and dominant peaks shown in fig. 5.2 are consistent with published

literature wavenumber values (Appendix D Supplementary Figure D.2) (Groppo

et al., 2006; Trittschack et al., 2012; Schwartz et al., 2013; Petriglieri et al., 2015;

Marquardt et al., 2015; Wang et al., 2015; Plümper et al., 2017). The hydroxyl peak

positions may vary by ±2 wavenumbers between samples – this is likely due to lo-

cal cation substitutions (Groppo et al., 2006; Trittschack et al., 2012; Schwartz et al.,

2013; Petriglieri et al., 2015; Marquardt et al., 2015; Wang et al., 2015; Plümper

et al., 2017). These low levels of substitution do not manifest as additional bands

but cause minor distortions in the crystal lattice and slightly alter the energetics

of vibrational modes (Fries & Steele, 2010). The change in energetics of the vibra-

tional environment with cation substitution is analogous, albeit smaller, to those

seen upon increased pressure in serpentine minerals. Semi-quantitative SEM-EDS

analyses were performed to measure Cr, Ni, Co and Mn which were seen to be vari-

ably present up to <1 wt% (Appendix D Supplementary Figure D.6a,b) while Fe and
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Al were present in larger quantities.

Polyhedral serpentine appears to have a Raman signature essentially indistin-

guishable from lizardite due to the similarity of their short-range crystal structures

(Andreani et al., 2008). Polygonal serpentine has been suggested to have a Raman

spectral signature similar to chrysotile in the high-wavenumber region, with two

dominant peaks within 1-2 wavenumbers of the corresponding peaks in chrysotile

(Auzende et al., 2004; Petriglieri et al., 2015). For this reason, the identification of

serpentine minerals in this work was limited to the three main varieties (lizardite,

chrysotile, and antigorite). Further work in exploring the Raman signature of polyg-

onal and polyhedral serpentines by performing TEM and sub-micron Raman map-

ping on the same samples is currently in progress.

The sub-micron Raman mapping shown in fig. 5.3 reveals the replacement

of antigorite by chrysotile along narrow fractures, as well as gradational bound-

aries between large antigorite grains and the surrounding chrysotile-rich matrix.

These reaction textures are consistent with the breakdown of pre-existing antigorite

to form chrysotile and lizardite, a process that is predicted to occur by retrograde

(low-temperature) reaction in serpentinite-bearing fault zones. The breakdown of

antigorite to form lower-temperature chrysotile and lizardite is thought to be medi-

ated by dissolution-precipitation and occurs progressively as the temperature drops

below 320-390 ◦C (Rinaudo et al., 2003). In the case of active faulting, the kinetics

of such a reaction can be enhanced by deformation (Wintsch & Yi, 2002). The new

interpretations that can be made on the basis of the sub-micron Raman maps place

important constraints on the thermal history of these fault zone samples. It was

not predicted that antigorite would be present in any of the samples, yet its occur-

rence as relict grains reveals an early and relatively high-temperature deformation

event along the Livingstone Fault that needs to be accounted for in regional models.

Additionally, the progressive breakdown of antigorite and growth of lizardite and

chrysotile is likely to have influenced the rheological and frictional properties of

the fault zone during exhumation. In the analysed samples, interpretation can go

beyond the simple determination of the presence of antigorite and it can be inferred

that the bulk of the samples were subjected to temperatures below the stability field
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of antigorite during deformation.

The sub-micron Raman mapping shown in fig. 5.3 displays a complex inter-

stratification of lizardite and chrysotile. The lack of chemical differences between

the lizardite and chrysotile means that this texture was not revealed by SEM-EDS.

Some of the thicker bands can be resolved in transmitted-light optical images (us-

ing crossed-polarisers), but no information about serpentine mineral type can be

extracted. These maps illustrate the potential of sub-micron Raman mapping to

reveal delicate and hitherto unreported textures in serpentinite fault rocks. Discus-

sion of the geological significance of these textures, including the interstratification

of serpentine minerals shown in fig. 5.4, is beyond the scope of this paper and will

form the focus of future work.
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Conclusions

Expanding on the techniques presented by Petriglieri et al. (2015), we intro-

duced a methodology for in-situ Raman mapping of serpentine minerals at the

diffraction limit of light (Petriglieri et al., 2015). Data can be acquired across large

areas of thin sections at a nominal resolution of approximately 370 nm. This ex-

pands the usefulness of Raman mapping for the understanding of complex geolog-

ical samples, and further bridges the gap between traditional optical microscopy,

electron microscopy and transmission electron microscopy. Sub-micron Raman map-

ping on serpentinite fault rocks can rapidly and inexpensively provide positive in-

situ identification of serpentine varieties with no complex sample preparation. The

high-resolution of the mapping allows novel textural and mineralogical observa-

tions to be made, potentially facilitating interpretations of the thermal and rheolog-

ical histories of a wide range of serpentinite-bearing samples.
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Abstract

Positively identifying serpentine mineral types is important for a wide range

of disciplines in the Earth sciences and health sciences. Although Raman Spec-
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troscopy has been widely applied as a tool to distinguish four of the main ser-

pentine minerals (i.e. antigorite, lizardite, chrysotile and polygonal serpentine),

some uncertainty remains as to whether all four varieties have unique Raman spec-

tra. In this paper, submicron Raman Spectroscopy mapping was performed di-

rectly on electron-transparent regions of serpentine samples that were unambigu-

ously identified by transmission electron microscopy (TEM). The increased spatial

resolution of the Raman mapping technique (∼370 nm), combined with the de-

tailed characterisation provided by TEM, indicates that polygonal serpentine has

the same Raman spectrum as lizardite and therefore cannot be spectrally distin-

guished from lizardite. Furthermore, the Raman spectral profile that has previously

been reported as unique to polygonal serpentine is likely to represent a mixture of

chrysotile and polygonal serpentine/lizardite. To positively discriminate between

lizardite and polygonal serpentine requires TEM investigation.

6.1 Introduction

Serpentine minerals are hydrous phyllosilicates with the ideal end member com-

position Mg3Si2O5(OH)4, and display a layered crystal structure based on over-

lapped tetrahedral (T) and octahedral (O) sheets. They are formed by the hydration

of olivine, orthopyroxene and clinopyroxene in ultramafic rocks such as peridotite.

Four main structural forms of serpentine have been identified in natural and exper-

imental samples: lizardite, chrysotile, antigorite and polygonal serpentine (Mellini,

1986). Less frequently reported forms are conical serpentine (Normand et al., 2002;

Andreani et al., 2007) and polyhedral serpentine (Mellini, 1986; Andreani et al.,

2008; Evans et al., 2013). In addition, proto-serpentine has also been reported (An-

dreani et al., 2008) and interpreted as a partially amorphous ‘gel-like’ precursor to

crystalline serpentine.

Correct identification and characterisation of serpentine minerals is impor-

tant in many fields such as the Earth and environmental sciences as well as the

health sciences. For example, serpentinites (rocks composed dominantly of serpen-

tine minerals) are commonly used for building materials and crushed aggregate
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(Bard et al., 2004; Pereira et al., 2007). Chrysotile, characterised by rolled TO layers

and a cylindrical/fibrous habit, was widely used as asbestos in insulating and fire-

resistant materials. Since long-term exposure to chrysotile asbestos is linked to lung

cancer and possibly mesothelioma (Stayner et al., 1996), its correct identification in

samples is critical. From a geological perspective, serpentine minerals play an im-

portant role in controlling fault rheology and tectonic behaviour in a range of geody-

namic settings (Evans et al., 2013; Guillot et al., 2015). Although there is substantial

disagreement regarding the stability fields of serpentine minerals, antigorite is con-

sidered to form at relatively high temperatures (390◦C-500 ◦C), while lizardite and

chrysotile are thought to be the stable forms at lower temperatures (Evans, 2004).

Correct identification of serpentine varieties has thus been used to constrain both

the thermal history and rheological behaviour of serpentinites (Evans et al., 2013).

Raman spectroscopy has previously been used for rapid and cost-effective iden-

tification of the most common serpentine minerals: lizardite, chrysotile and antig-

orite (Bard et al., 1997; Auzende et al., 2004; Groppo et al., 2006; Petriglieri et al.,

2015). The high-wavenumber region (3600-3710 cm−1) of the Raman spectra has

been shown to be the most useful for distinguishing these serpentine mineral types

(Auzende et al., 2004; Petriglieri et al., 2015; Rooney et al., 2018). In this region,

the well-defined Raman spectra arise from inner and outer hydroxyl vibrations,

due to the occurrence of Mg(OH)2 brucite-like octahedral sheets. Unsurprisingly,

the symmetry and energies of these vibrations are sensitive to the different crystal

structures of the various serpentine minerals (Rooney et al., 2018). In particular,

lizardite has planar TO layers, antigorite has modulated TO layers with periodic

inversion of the tetrahedral sheet and chrysotile has rolled TO layers, resulting in

a cylindrical/fibrous habit (Evans et al., 2013). Polygonal serpentine has an overall

fibrous habit, but its crystal structure is based on polygonalised sectors with each

having a “lizardite-like” planar TO structure (Baronnet & Devouard, 1996).

The Raman spectra of polygonal serpentine were first reported by Lemaire

et al. (1999) and then Auzende et al. (2004) who both identified a unique peak at

3697 cm−1 with a shoulder at 3689 cm−1 and a broad secondary peak at 3646 cm−1

(Lemaire et al., 1999; Auzende et al., 2004). These publications have since served
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as a reference for identification of polygonal serpentine on the basis of its Raman

spectrum (Ulrich et al., 2014; Cathelineau et al., 2016; Hajjar et al., 2016; Quesnel

et al., 2016; Dichicco et al., 2017). However, there remains some degree of uncer-

tainty with regards to the Raman signal of polygonal serpentine. Specifically, some

authors have been unable to differentiate polygonal serpentine from chrysotile or a

mixture of lizardite and chrysotile (Hajjar et al., 2016; Quesnel et al., 2016).

To address whether polygonal serpentine has a distinct Raman spectrum, we

performed high-spatial resolution Raman mapping using methods recently intro-

duced by Rooney et al. (2018), which allow for mapping at near diffraction-limited

resolution (∼370 nm). Raman mapping was performed directly on electron-transparent

regions of serpentinite samples that were characterised in detail using TEM. By per-

forming TEM and high-resolution Raman mapping on identical sample locations,

we demonstrate that the Raman spectrum of polygonal serpentine is indistinguish-

able from that of lizardite. In addition, we show that a combination of the Raman

spectra from finely-intergrown chrysotile and polygonal serpentine/lizardite can

produce the previously-reported spectra of polygonal serpentine. Our new results

provide the first accurate Raman spectrum for polygonal serpentine, and yield a

clearer picture of the utility of Raman spectroscopy in distinguishing the main types

of serpentine minerals.

6.2 Methods

6.2.1 Serpentinite Fault Rock Samples

The two samples described in detail in this study consist of veins of serpentinite col-

lected from two localities along the Livingstone Fault in New Zealand ((-44.241220◦,

168.476087◦), fig. 6.1a and (-44.141818◦, 168.574945◦), fig. 6.2a). The Livingstone

Fault is characterised by a zone of sheared and foliated serpentinite tens to several

hundreds of metres wide, containing pods of massive serpentinite, volcanic rocks,

and quartzofeldspathic rocks. To illustrate the general applicability of our results,

we also include observations of an additional serpentinite sample collected from
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Sand Dollar Beach, California (Hirauchi & Yamaguchi, 2007) (35.927517◦,−121.468551◦)

(Appendix E Supplementary Figure E.1). The results described below are character-

istic of samples from both the Livingstone Fault and Sand Dollar Beach.

6.2.2 Transmission electron microscopy

Polished petrographic thin sections were prepared using Canada balsam adhesive.

TEM grids were extracted from the sections and mounted on a 3 mm Cu grid with

a central hole 800 µm in diameter. Samples were milled to be electron transparent

using Ar+ ion milling on a PIPS Dual Ion Mill (Gatan Inc., United States). The TEM

characterisation was performed on a JEOL JEM-2010 microscope (JEOL Ltd., Tokyo,

Japan) at the University of Siena in Italy. The TEM was working at 200 kV with a

LaB6 source and ultra-high resolution pole pieces, resulting in a point resolution of

0.19 nm.

6.2.3 Raman spectroscopy analysis

Submicron Raman spectroscopy mapping was performed on an Alpha 300R+ con-

focal Raman microscope (WITec GmbH, Ulm, Germany) in the Chemistry Depart-

ment at the University of Otago, New Zealand. A dry 100× objective (Zeiss), 1200

g mm−1 grating and a 532 nm laser (Coherent, Santa Clara, California) at 25 mW

were used, resulting in a laser spot size of approximately 370 nm (Rooney et al.,

2018). A nano-piezo stage was used to control the sample position during the Ra-

man mapping process. Sample location was maintained between TEM and Raman

characterisation by manually locating prominent optical features on the electron-

transparent edge of the sample. Prior to each Raman session, the microscope was

calibrated with a silicon wafer using the 520.6 cm−1 band and kaolinite’s 3620.6

cm−1 band. The raw Raman data were processed and analysed using the WITec

Project Plus software to produce colour maps showing the spatial distribution of

the serpentine minerals present. Full details for data analysis and treatment are

available in Rooney et al. (2018).
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6.3 Results

Sample 1 consists of a fibrous serpentinite vein in which repeated banding – called

‘crack-seal’ banding in the geological literature – is visible at a macroscopic scale

(fig. 6.1a,b). The banding is clearly highlighted on a sub-micron Raman map of the

electron-transparent sample region, which shows individual bands between c. 370

nm – 10 µm wide (fig. 6.1c). TEM examination confirms unambiguously that the

bands consist of fibrous chrysotile (green in fig. 6.1c,d,e) alternating with crystalline

polygonal serpentine (blue in fig. 6.1c,f,g).

The Raman spectra of chrysotile (Figure 6.1e) are consistent with that reported

in previous studies, and consists of a main peak centred at 3697 ± 2 cm−1, a shoulder

at 3691 ± 2 cm−1 and a broad peak at ∼ 3650 ± 5 cm−1 (Auzende et al., 2004; Groppo

et al., 2006; Petriglieri et al., 2015; Rooney et al., 2018). However, the Raman spectra

of the bands identified as polygonal serpentine by TEM are not the same as that

previously reported in the literature (Auzende et al., 2004; Petriglieri et al., 2015).

Instead, the spectra are characterised by a main peak centred at 3680 ± 2 cm−1, a

smaller secondary peak at 3701 ± 2 cm−1 and a broad peak at ∼ 3650 ± 5 cm−1

(fig. 6.1e). These peak positions and the overall shape of the Raman spectra are

indistinguishable from those reported for lizardite (Petriglieri et al., 2015; Rooney

et al., 2018).

Raman and TEM investigation of sample 2 shows aligned chrysotile fibres (ap-

proximately 80-85% of the sample) enclosing small domains of polygonal serpen-

tine (approximately 15-20% of the sample). Elongate domains are aligned to the

orientation of the chrysotile fibres. The rounded domains of polygonal serpentine

that are ∼500 nm in diameter correspond to the cross section of large polygonal

serpentine fibres (fig. 6.2c,d,e). To examine the effect of collecting a mixed signal

of polygonal serpentine and chrysotile, Raman spectra were acquired along a tran-

sect of a rounded polygonal serpentine domain that was approximately 1 µm in

diameter using a step size of 10 nm (fig. 6.2d). This step size is much smaller than

the spatial resolution of the Raman microscope, but it allows the average evolution

of the mixed signal to be assessed when transitioning from one domain to another
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Figure 6.1: Sub-micron Raman spectroscopy mapping and TEM analysis of sample
1. (a) Hand specimen of sample 1. (b) Transmitted light optical microscope image
of the TEM grid. The red box outlines the mapped area. (c) 22.5 x 22.5 µm Raman
map overlaid onto a reflected light image of the electron-transparent region. Ctl,
chrysotile; PS, polygonal serpentine (d) TEM image of a chrysotile band and (e) the
associated chrysotile Raman spectrum with main peak positions labelled. (f) TEM
image of a polygonal serpentine band and (g) the associated Raman spectrum with
main peak positions labelled.
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(fig. 6.2d). Three representative spectra along the transect line (I, II, III) are shown

in Figure 6.2f. Outside the polygonal serpentine domain, spectrum (I) is that of

chrysotile. Across the transect line, the spectra shifted from that of chrysotile (I) to

an intermediate spectrum collected at the border between domains (II). The central

portion of the polygonal serpentine domain displayed a spectrum (III) with a main

peak at 3680 ± 2 cm−1, a smaller secondary peak at 3701 cm−1 and a broad peak at

∼ 3650 cm−1, very similar to the spectrum in sample 1 (fig. 6.1g). Spectrum IV was

created by averaging all spectra collected from a region 1 µm in diameter from the

centre of the polygonal serpentine domain to illustrate the effects of Raman analysis

at a spatial resolution greater than the domain size (fig. 6.2f). This spectrum has a

main peak at 3697 cm−1, a shoulder at 3688 cm−1 and broad secondary peak around

3650 cm−1, which as discussed below, is the same as that reported previously as be-

ing unique to polygonal serpentine.

6.4 Discussion

Our results show that the Raman spectrum of polygonal serpentine is indistinguish-

able from that of lizardite: to distinguish between these two varieties requires TEM

analysis. Additionally, TEM analysis of sample 2 reveals submicron intergrowths

of polygonal serpentine and chrysotile that are typical in natural occurrences. In

this sample, correct identification by Raman spectroscopy (i.e. spectra I and III in

Figure 6.3f) can only be achieved by analysis at a spatial resolution smaller than

the domain size (<<1 µm). Raman mapping with a spatial resolution greater than

the domain size (>1 m) gives a spurious result (i.e. spectrum IV in Figure 6.2f) that

reflects a mixture of the signals from polygonal serpentine and chrysotile in this

sample. Figure 6.3 demonstrates how the overlapping spectra of polygonal serpen-

tine and chrysotile could lead to the mixed spectrum (IV) collected from sample

2. This mixed spectrum is essentially identical to that reported by Lemaire et al.

(1999) and Auzende et al. (2004), who interpreted it as a unique spectrum of polyg-

onal serpentine (Lemaire et al., 1999; Auzende et al., 2004). However, this work

shows that the previously reported spectrum of polygonal serpentine is likely to
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Figure 6.2: Sub-micron Raman spectroscopy mapping and TEM analysis of sample
2. (a) Hand specimen of sample 2. (b) Transmitted light optical microscope image
of the TEM grid. The red box outlines the mapped area. (c) 5 x 50 µm Raman map
overlaid onto a reflected light image of the electron-transparent region. (d) Detail
of a rounded polygonal serpentine domain surrounded by chrysotile. (e) Repre-
sentative TEM image showing polygonal serpentine cross-sections surrounded by
chrysotile fibres. (f) Points (I), (II), (III) represent the individual spectra taken along
the red transect line in part (d). The dashed circle in part d represents a sampling
area 1 µm in diameter where spectrum (IV) was averaged.
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represent a mixture of polygonal serpentine/lizardite (indistinguishable by Raman)

and chrysotile.

Polygonal serpentine consists of 15 or 30 wedge-shaped sectors, each of which

contains planar serpentine layers with a crystal structure similar to lizardite (Viti &

Mellini, 1997; Evans, 2004). Therefore, it is unsurprising that the Raman spectrum

of polygonal serpentine is closer to lizardite than to chrysotile. Similarly, polyhedral

serpentine has a structure consisting of platelets of planar lizardite arranged in a

faceted, ‘onion-like’ morphology (Andreani et al., 2008; Cressey et al., 2008). Due

to this structural similarity the Raman spectrum of polyhedral serpentine has also

been shown to be indistinguishable from that of lizardite (Andreani et al., 2008) (fig.

6.4).

Due to the submicron-scale intergrowths that are common in samples contain-

ing polygonal serpentine and chrysotile, Raman mapping must be performed near

the diffraction limit of light (Rooney et al., 2018) in order to avoid collecting mixed

spectra that have previously been interpreted as polygonal serpentine. A combina-

tion of high-resolution Raman mapping and TEM analysis provides a powerful way

to correctly identify serpentine mineral types, and reveals sub-micron-scale textures

and mineral intergrowths over relatively large areas (tens to hundreds of microns).

Overall, these results provide a clearer picture of the benefits and limitations of us-

ing Raman spectroscopy to identify and characterise serpentine-bearing samples.

On the basis of our new analysis, Figure 6.4 summarises the current understand-

ing of the Raman spectra of five types of serpentine minerals. This highlights that

antigorite and chrysotile can be positively identified by Raman due to their unique

spectra. In contrast, lizardite, polygonal serpentine and polyhedral serpentine have

similar spectra and are likely to be indistinguishable by Raman spectroscopy alone.
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Figure 6.3: Overlap between polygonal serpentine (blue; identical to lizardites spec-
trum) and chrysotile (green) can explain previous reports of the unique Raman
signature of polygonal serpentine (red). This signal can be obtained by averag-
ing mixed Raman signals over an area larger that the mineral domain size or by
acquiring signal with insufficient resolution.
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Figure 6.4 (facing page): Summary of the current understanding of the Raman spec-
tra of five varieties of serpentine: antigorite (Rooney et al., 2018), chrysotile (this
study), lizardite (Rooney et al., 2018), polygonal serpentine (this study) and polyhe-
dral serpentine (Andreani et al., 2008).
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Discussion

7.1 Major findings and limitations

In Chapter 1, section 1.3, I postulated several major research questions that moti-

vated the work in this thesis. To summarise the main research findings, I return

briefly to these questions and also highlight some of the limitations of the studies.

1) What are the main characteristics of the internal structure and composition of

plate-boundary scale serpentinite shear zones, and how do these characteristics relate to

possible mechanical behaviour?

In Chapter 2, I present detailed field and microstructural observations of the

Livingstone Fault, a well exposed, plate boundary-scale serpentinite shear zone. De-

tailed mapping based on high-resolution drone imagery offers insights in to the

internal structure and composition of serpentinite shear zones. The work reveals

that the shear zone has a pervasive scaly fabric, which wraps around fractured pods

of massive serpentinite, rodingite and (partially metasomatised) quartzofeldspathic

schist up to a few tens of metres long. Well-developed S-C fabrics and lineations

in the shear zone consistently indicate a steep Caples-side-up (i.e. east-side-up)

shear sense, with significant local dispersion in kinematics where the shear zone

fabrics wrap around pods. Based on these observations, I interpret that the rheol-
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ogy of large serpentinite shear zones of this type is controlled by a complex inter-

play of brittle and ductile mechanisms: bulk deformation is largely accommodated

by pressure solution of serpentine, but brittle fracturing and localised fault slip oc-

curs within competent pods and within metasomatized portions of the shear zones.

The study suggests that serpentinite shear zones are structurally, lithologically and

chemically complex, and that this complexity drives a mixed-mode rheology.

The main limitation that this study faces, one common to many geological

field-based studies, is the problems with extrapolating field-based geological ob-

servations to understanding active faulting processes. Limitations in interpreta-

tions also arise from the fact that the features observed in outcrop record a time-

integrated history of faulting, which in the case of the Livingstone Fault is likely

to extend to several tens of millions of years. Detailed observations presented in

Chapter 2 were able to determine relative ages of some structures based on cross-

cutting relationships, but outcrop studies cannot determine in detail the time-space

evolution of all structures observed in the shear zone. Additionally, deformation of

serpentinite by pressure-solution mediated creep has the potential to erase previous

fault fabrics representing earlier phases in fault evolution. The finding of micron-

scale lenses of antigorite in the scaly serpentinite fabric from the Livingstone Fault

could potentially represent relicts of an earlier, higher-temperature period, largely

dissolved away by pressure-solution.

2) Can serpentinite shear zones host earthquake ruptures, and is evidence for earth-

quakes preserved in natural serpentinite shear zones?

In Chapter 3, I present the first evidence for rupture and coseismic dehy-

dration of serpentine identified in a natural serpentinite shear zone. Using finite-

element modelling I show that the dehydration products could have formed as the

result of coseismic frictional heating during an earthquake of magnitude between

2.7 and 4. This discovery demonstrates that serpentinite shear zones can indeed

host earthquake ruptures and that, in the right circumstances, the evidence for rup-

ture can be preserved. In this case, these circumstances involve encapsulation of the
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amorphous and dehydration products inside inclusions embedded within an imper-

meable magnetite layer, protecting them from subsequent rehydration. This study

involves a large number of assumptions that are applied in the numerical model of

coseismic frictional heating. Many of these assumptions are commonplace in the

world of numerical modelling and are discussed in more detail in Chapter 3. Some

of the most important assumption are listed as follows, with a brief discussion if

necessary:

1. Thermal profiles were examined at a characteristic time d/v (displacement

over slip velocity). While it is at this time that peak temperatures occur at

the principle slip surface, temperatures can continue to rise away from the

principle slip surface as the thermal pulse propagates.

2. A porosity value of serpentinite was selected from values reported in the lit-

erature. The initial value of porosity in serpentinite can have an important

influence on the model outcome, with a greater initial porosity increasing the

capacity to accommodate pressurised fluids.

3. The geometry of the fault was assumed to be a layered geometry consisting of

serpentinite-magnetite-serpentinite. The adjacent serpentinite was assumed

to dehydrated during coseismic heating. In the field, this dehydrated layer

was not preserved.

4. Determining the moment magnitude of the earthquake responsible for a given

level of frictional heating was done using data for slip distances and the corre-

sponding range of earthquake magnitudes from Sibson (2011). The assump-

tions used to establish this association are that the stress drop is 3 MPa and

that the rupture patch is circular. Given that earthquakes have not previously

been identified and studied in serpentinites, it is not known if these assump-

tions are suitable for a serpentinite-bearing fault.

5. The possible range of fault rupture lengths was established based on field ob-

servations of slip surfaces in the shear zone fabric and the range of sizes of
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pods. However, this does not account for the possibility that the rupture initi-

ated outside the serpentinite shear zone and propagated into the serpentinite.

6. The model assumes a reaction in which serpentinite is completely converted to

olivine. This assumption does not account for the wide range of amorphisation

and dehydration reactions reported.

7. The temperature estimates for amorphisation and dehydration reactions in

serpentinite were established based on the results from static heating exper-

iments presented in the literature. During rapid coseismic heating the reac-

tion boundaries may have been significantly overstepped and were more likely

driven by kinetics than equilibrium. This means that the temperatures likely

represent a lower-bound estimate.

8. The thickness of the slip zone was assumed to be zero. This was done since

there were no constraints on how thick this layer could have been. A zero-

width fault likely results in an overestimation of heat production at the prin-

ciple slip surface for a given slip distance.

9. The permeability of the serpentinite adjacent to the slip surface was assumed

to increase by one order of magnitude as function of the reaction progress.

This does not account for the possibility of the increase in local permeabil-

ity by fault damage which has the potential to have a greater effect than the

reaction-enhanced permeability.

10. Some thermophysical properties of magnetite and serpentinite were taken to

be constant where there was a lack published information on their temperature-

dependant characteristics (see Appendix B).

Despite the large number of assumptions made in Chapter 3, the numerical

model helps to validate the notion that the petrological observations were indeed

the result of the passage of a coseismic thermal pulse, and they also help to provide

some broad constraints on possible earthquake magnitudes.

138



Chapter 7

3) What is the role of metasomatic reactions in the mechanical behaviour of serpen-

tinite shear zones, and how could metasomatic processes relate to geophysical phenomena

observed at the slab-mantle interface?

In Chapters 2 and 4, I document field and microstructural observations of

metasomatic reactions in the Livingstone Fault. From these observations, I suggest

that metasomatic reactions can significantly alter fault rock textures and generate

in-situ fluid overpressures, which can trigger hydrofracturing and drive a transition

towards localised brittle failure within a region of the shear zone otherwise deform-

ing in a ductile manner. Applying these observations and interpretations to the con-

text of a serpentinite shear zone at the slab-mantle interface in subduction zones, I

hypothesise that this mechanism may play a role in generating slow fault slip phe-

nomena such as ETS. The application of the observations and interpretations made

in the Livingstone Fault to the source region of ETS requires some assumptions.

Coupled with these assumptions, there remains some uncertainty with regards to:

1. the exact location of the ETS source regions along the subduction interface

2. the relocation of LFEs associated with ETS

3. the location of the Moho at the forearc mantle wedge

4. the degree of serpentinisation of the mantle wedge For the proposed model

to be applicable, at least some portion of ETS phenomena needs to occur in

a shear zone in which silica- and calcium-rich lithologies are mixed with ser-

pentinite. This assumption is however relatively consistent with the proposed

source region of ETS in many subduction zones (Peacock 2009; Poulet et al.,

2014; Hyndman et al., 2015) and the notion that the slab-mantle interface may

consist of a wide (100s of metres to kilometres) serpentinite shear zone involv-

ing ultramafic, mafic and silicic components (Bebout and Barton, 2002; Gerya

et al., 2002; Breeding et al., 2004; Guillot et al., 2004; Federico et al., 2007;
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Miller et al., 2009; Bebout, 2013; Guillot et al., 2015; Bebout and Penniston-

Dorland, 2016).

7.2 Suggestions for future work

In Chapter 2, observations are presented suggesting that pressure-solution in ser-

pentinite may have controlled bulk shear zone deformation. This highlights the

importance of better understanding the role of pressure-solution in serpentinite.

Laboratory shear experiments on serpentinite show evidence for deformation hav-

ing largely been accommodated by brittle fracturing (Chapter 1, section 1.3; Reinen

et al., 1994; Moore et al., 1996; Viti & Collettini, 2009; Kohli et al., 2011; Moore &

Lockner, 2011, 2013; Okazaki & Katayama, 2015; Tesei et al., 2018) and/or crys-

tal plasticity (Hilairet et al., 2007; Chernak and Hirth, 2010; Padron-Navarta et al.

2012; Auzende et al. 2015; Proctor and Hirth, 2016). However, there are no exper-

iments on serpentinite in which pressure solution is interpreted as the main defor-

mation process. In order to better constrain the rheological properties of serpen-

tinites in natural fault zones, laboratory experiments should be designed to study

pressure-solution in deforming serpentinites.

New evidence for earthquake ruptures in a serpentinite shear zone presented

in Chapter 3 raises the question of how commonly serpentinite-hosted earthquakes

occur. Further work should closely examine localized slip surfaces in serpentinite

with the specific aim of looking for evidence of amorphisation and dehydration

products. It is possible that evidence of a coseismic thermal pulse may also be pre-

served in the microstructure or magnetic properties of magnetite, and a detailed

study of magnetite would be an interesting study to pursue.

The metasomatic reactions presented in Chapter 4 have not been reproduced

experimentally in a dynamic setting, with the exception of the talc-forming reac-

tion (Moore and Lockner, 2013). Thus, the mechanical effects of forming metaso-

matic amphibole in a serpentinite shear zone are largely unknown, despite the field

evidence that such reactions can generate hydrofracturing and transient embrittle-

ment. In order to better understand the effects of these metasomatic reactions on
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serpentinite rheology, serpentinite shear experiments should be designed in which

these reactions take place.

The developments made in advancing Raman spectroscopy techniques pre-

sented in Chapters 5 and 6 were critical to the study of the Livingstone Fault ser-

pentinites. The application of these new methods to serpentinites samples from

other shear zone around the world will continue to advance our understanding of

the textural, mineralogical and structural complexity of serpentinite fault rocks.
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Trittschack, R., Grobéty, B., & Koch-Müller, M. (2012). The lizardite phase trans-

formation followed by in situ high-temperature Raman and FTIR spectroscopy.

American Mineralogist, 97(1), 1965–1976.

Trommsdorff, V. & Evans, B. W. (1972). Progressive metamorphism of antigorite

schist in the Bergell tonalite aureole (Italy). American Journal of Science, 272(5),

423–437.

Tsujimori, T. & Liou, J. G. (2004). Coexisting chromian omphacite and diopside in

tremolite schist from the Chugoku Mountains, SW Japan: The effect of Cr on the

omphacite-diopside immiscibility gap. American Mineralogist, 89(1), 7–14.

Tucholke, B. E. & Lin, J. (1994). A geological model for the structure of ridge seg-

ments in slow spreading ocean crust. Journal of Geophysical Research: Solid Earth,

99(B6), 11937–11958.

Tulloch, A., Ramezani, J., Kimbrough, D., Faure, K., & Allibone, A. (2009). U-Pb

geochronology of mid-Paleozoic plutonism in western New Zealand: Implications

for S-type granite generation and growth of the east Gondwana margin. Geological

Society of America Bulletin, 121(9-10), 1236–1261.

Turnbull, I. M. (1980). Structure and interpretation of the Caples Terrane of the

Thomson Mountains, northern Southland, New Zealand. New Zealand Journal of

Geology and Geophysics, 23(1), 43–62.

Uchida, N., Iinuma, T., Nadeau, R. M., Bürgmann, R., & Hino, R. (2016). Periodic

slow slip triggers megathrust zone earthquakes in northeastern japan. Science,

351(6272), 488–492.

Ulmer, P. & Trommsdorff, V. (1995). Serpentine stability to mantle depths and

subduction-related magmatism. Science, 268(5212), 858–861.
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Appendix A

Supplementary Figure A.1: High-resolution orthorectified aerial photo of the Liv-
ingstone Fault at Serpentine Saddle with a ground resolution of 2.15 cm per pixel.
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Appendix B

Supplementary Figure B.1: Schematic of the 1D model for coseismic frictional heat-
ing.

Supplementary Figure B.2: Comparison between results of the analytical solution
(Mackenzie & Meinhold, 1994) and the numerical model.
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APPENDIX B.

Reaction
observed

Onset
of

serpentine
dehydration

Formation
of

talc

Formation
of

nano-
crystalline
forsterite

Disappearance
of

talc

Development
of

well-
crystallised

forsterite

Formation
of

enstatite

Mineral
Assemblage

e. Partially
amorphous
serpentine

f. Partially
amorphous
serpentine
and talc

g. Poorly
crystalline

olivine
and talc

h-i. Moderately-
crystalline

olivine

j-k. Well-
crystallised

olivine
aggregates

l. Crystalline
olivine

and enstatite

ref a 550 - 750 - - -
ref b - - - 800 - -
ref c - - - 830 - -
ref d 580 613 639 768 871 -
ref e 600 - 650 - 850 1000
ref f 450 665 639 768 - -
ref g 550 - 650 900 - 800
ref h 600 - 820 - - 830
ref i 500 - - - - 824
ref j 550 ‘- 775 - 875 820
ref k 600 587 600 700 800 800
ref l 550 - 700 - 800
ref m 600 - 670 - - 1150
ref n 580 - 640 - 750 900
ref o 620 - 790 - - 1135
ref p 600 - 810 - - 1000
ref q 580 - 620 810 - 800
ref r - - - 850 -
ref s - - 600 - 800 1000
ref t 659 - - - - -
ref u - - 500 - - 1000
Average 569 622 695 803 833 926
SE 25 45 46 42 84 62

Table B.1: Compilation of data from thermal analysis experiments on serpentine
(lizardite and/or chrysotile). Temperatures (◦C) correspond to first appearance or
disappearance of the dehydration product.

a(Cao et al., 2017)
b(Wang et al., 2017)
c(Wang et al., 2015)
d(Trittschack & Grobéty, 2013)
e(Zulumyan et al., 2014)
f(Trittschack et al., 2012)
g(Gualtieri et al., 2012)
h(Kusiorowski et al., 2012)
i(Viti et al., 2011)
j(Viti, 2010)
k(Candela et al., 2007)
l(Cattaneo et al., 2003)

m(Mackenzie & Meinhold, 1994)
n(Datta, 1991)
o(Ashimov et al., 1989)
p(Jolicoeur & Duchesne, 1981)
q(Martin, 1977)
r(Ward, 1975)
s(Brindley & Hayami, 1965)
t(Weber & Greer, 1965)
u(Ball & Taylor, 1963)
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Parameter Symbol Value Units

Coefficient of friction µ 0.4 a

Slip velocity v 1 m s−1

Density of serpentinite ρserpentinite 2600 kg m−3

Density of water ρw 22 kg m−3

Density of forsterite ρsf orsterite 3200 kg m−3

Density of magnetite ρmagnetite 5200 kg m−3

Normal stress σN 270 MPa
Pore fluid pressure (initial) p0 0.3 σN MPa
Initial temperature T0 350 ◦C
Heat capacity serpentinite Cpserpentinite ref b J K−1

Heat capacity magnetite Cpmagnetite ref c J K−1

Heat capacity forsterite Cpf orsterite ref d J K−1

Thermal conductivity serpentinite kserpentinite ref e W m−1 K−1

Thermal conductivity magnetite kmagnetite ref f W m−1 K−1

Thermal conductivity forsterite kf orsterite ref g W m−1 K−1

Enthalpy heat of serp. dehydration Qd 521 h kJ mol−1

Thermal expansion of water λn ref i K−1

Thermal expansion of pores λf 0.02 j 10−3 K−1

Compressibility of pores βn 2.49 k 10−9 Pa−1

Compressibility of water βf ref l Pa−1

Porosity n 0.01
Reaction induced porosity change ∆n 0.24 m

Viscosity of water ηw ref n Pa s
Permeability of serpentinite Ks 10−19 o m2

Moles of water released p νs 9/5
Mass fraction of serpentine q wserpentine 0.85
Molar mass of water MH2O 18.0 g/mol
Molar mass of serpentinite Mserpentine 277.1 g/mol

Supplementary Table B.2: Values used in the numerical model. Parameters without
specific values are temperature dependent and references are provided that include
information on the temperature-dependence.

a(Brantut et al., 2016)
b(Osako et al., 2010)
c(Grosu et al., 2017)
d(Xu et al., 2004)
e(Seipold & Schilling, 2003)
f(Grosu et al., 2017)
g(Xu et al., 2004)
h(Llana-Fúnez et al., 2007)
i(Wagner & Pruß, 2002)
j(Rice, 2006)
k(Rice, 2006)
l(Wagner & Pruß, 2002)

m(Tenthorey & Cox, 2003)
n(Huber et al., 2009)
o(Tenthorey & Cox, 2003)
pmoles of water released per mol of serpentine in dehydration reaction 3.1 in the main text.
qmass fraction of hydrous serpentine in the dehydrating serpentinite. Remaining mass is accounted for by magnetite and minor relict spinels.
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Appendix C

Supplementary Table C.1: Compilation of estimated P-T conditions for metaso-
matic reactions involving serpentinite (Temperature in ◦C and pressure in MPa).
The star symbols (*) and (**) indicate that the temperature estimate is based on the
presence of low-(lizardite and chrysotile) or high-temperature (antigorite) serpen-
tine minerals respectively. Srp: serpentine, Tlc: talc, Tr: tremolite and Di : diopside.
In Contact lithologies, F indicates that the authors did not state the source from
which silica and or calcium in fluid were inferred to be derived from.
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Work Metasomatic
minerals Temperature Pressure Contact

lithologies Location

1 (Nishiyama et al., 2017) Srp, Tr, Di 300-500* / rodingite western Kyushu, Japan

2 (Trommsdorff & Evans, 1972)
(Boutin, 2016) Srp, Tlc, Di, Tr 300 200 tonolite Val Malenco, Italy

3
(Boschi et al., 2006),
(Castelain et al., 2014)
(Schroeder & John, 2004)

Srp, Tlc, Tr, 100-300** / F Mid Atlantic Ridge (30◦N)

4 (Zhou & Dick, 2013) Srp, Tlc, Tr <500 / F Marion Rise, SW Indian Ridge
5 (Hansen et al., 2013) Srp, Tlc, Tr, <500 / F Mid Atlantic Ridge (23◦30’N)
6 (Burtseva et al., 2015) Srp, Tr, Tlc <500 / F East Sayan, Russia
7 (Harvey et al., 2014) Srp, Tlc, 300-350 / F South of 15◦20N MAR
8 (Chakraborty & Roy, 2012) Srp, Tlc Tr 300-500* / F Betul Belt, India

9 (Ali-Bik et al., 2012) Srp, Tlc 490 200
siliceous
countryrocks Eastern Desert, Egypt

10 (Soda & Takagi, 2010) Srp, Tlc, Tr, 200-300 100-350
pelitic
schist Sashu Fault, SW Japan

11 (Wang et al., 2009) Srp, Tlc 100-300** / F southern Mariana forearc
12 (Marocchi et al., 2010) Srp, Tlc, Tr 400-500 / gneiss Mt. Hochwart, Italy

13 (Spandler et al., 2008) Srp, Tlc, (+- Tr) 300-500* /
quartz-garnet-
mica schists New Caledonia

14 (Moore & Rymer, 2007) Srp, Tlc 100-300** / F (quartz) California, USA
15 (Mori et al., 2007, 2014) Srp, Tlc, 350-500* >400 metapelites Kyushu, Japan
16 (Yalçin & Bozkaya, 2006) Srp, talc 100 / F Sivas Basin, Turkey
17 (Fitzherbert et al., 2004) Srp, Tlc, 450-500 600-1400 F NE New Caledonia

18 (Paulick et al., 2006)
(Bach et al., 2004) Srp, Tlc 350-400 /

F + Mafic
dikes Mid Atlantic Ridge (15◦20’N)

19 (El Shazly & Al-Belushi, 2004) Srp, Tr, Di 220-310 300-600 metagabbro northeastern Oman
20 (King et al., 2003) Srp, Tlc, Tr, 450-500 400-600 metagraywacke California

21 (MacLeod et al., 2002)
(Escartı́n et al., 2003b) Srp, Tlc, Tr, 300-450 100-225 F Mid Atlantic Ridge (15◦45’N)

22 (Tucholke & Lin, 1994) Srp, Tr <500 / F Mid Atlantic Ridge (26◦35’N)

23 (El-Sharkawy, 2000) Srp, Tlc, Tr, 200-300 <900
metabasalts,
metaandesites,
metatuffs

Eastern Desert, Egypt

24 (Karlsen & Olesen, 1996)
(Karlsen et al., 2000) Srp, Tlc (+- Tr, ) 500 400-800

QFS gneisses
and mica schist northern Norway

25 (Simandl et al., 1999) Srp, Tlc, Tr / /
metavolcanics ,
metasediments Mount Ogden, BC, Canada

26 (Cooper, 1995) Srp, Tlc, Tr 100-200 / QFS schist. Muddy Creek, New Zealand

27 (Coulton et al., 1995) Srp, Tlc, Tr 100-350 /
hornblende-
bearing,
porphyritic dikes

California/Oregon

28 (Linder et al., 1992) Srp, Tlc Tr 300-500* / metapelite Pennsylvania, USA
29 (Gater, 1991) Srp, Tlc 350-500 200-400 pegmatite dikes Pennsylvania, USA

30 (Yui et al., 1988) Srp, Tr 320-420 /
muscovite-
quartz
schist

Fengtian, Taiwan

31 (Miller, 1988)
(Miller & Mogk, 1987) Srp, Tr, 450-500 150-500

Amphibolite,
orthogneiss and
metasediments

North Cascades, Washington

32 (Peacock, 1987) Srp, Tlc, Tr, Di 400-425 300-700
calc-schists and
quartzites Trinity peridotite N. California

33 (Pfeifer, 1987) Srp, Tlc, tr, 300-500* 400-600 metasediment Cima di Gagnone, Switzerland
34 (Loney & Himmelberg, 1984) Srp, Tlc, tr, 300-500* / pelitic schist Alaska, USA
35 (Angeli & Choudhuri, 1985) Srp, Tlc, (+-Tr) 300-500* / granite gneiss Eastern Minas Gerais, Brazil

36
(Ireland et al., 1984)
(Cooper & Reay, 1983)
(Koons, 1981)

Srp, Tlc, Tr 400-500 / biotite schist Westland, New Zealand

37 (Sanford, 1982) Srp, Tlc, Tr 400-500 450-700 mafic country rock Western New England, USA
38 (Fowler, 1981) Srp, Tlc Tr 300-500* / QFS gneisses Fiskenaesset, West Greenland

39
(Hockley, 1974)
(Hockley et al., 1978)
(Lanphere & Hockley, 1976)

300-500* / Quartz phyllite Tamworth, Australia

40 (Cooper, 1976) Srp, Tlc, Tr 300-500* / greenschist Douglas Creek, New Zealand

41
(Read, 1934)
(Curtis & Brown, 1969)
(Curtis & Brown, 1971)

Srp, Tlc, Tr 300-500* / pelitic gneiss Unst, Shetland, UK

42 (Coleman, 1967) Srp, Tlc, Tr 240-490 400-900 QFS schist New Idria, USA
43 (Matthews, 1967) Srp, Tlc, Tr 300-500* / biotite amphibolite Isle of Skye, Scotland, UK
44 (Coleman, 1966) Srp, Tlc, Tr, 200-400 400-900 quartz-albite meta-argillite Maitai River, NZ

45 (Chidester, 1962)
(Gillson, 1927) Srp, Tlc, Tr 300-500* / metavolcanics, metasediments North-Central Vermont

46 (Brownlow, 1961) Srp, Tlc, Tr 300-500* / pelitic schist Massachussetts, USA
47 (Francis, 1955) Srp, Tr, Tlc 100-300** / kyanite-schist and gneiss Inverness-shire, Scotland, UK

48 (Kulp & Brobst, 1954) Srp, Tlc / /
pegmatite
dikes western North Carolina

49 (Pabst, 1942) Srp, Tlc, Tr 300-500* / Mica schist Fresno County California
50 (Phillips & Hess, 1936) Srp, Tlc Tr 300-500* / quartz sericite schist Vermont, USA - Qc, Canada
51 (Tsujimori & Liou, 2004) Srp, Tr, Di 300-400 >800 blueschist Chugoku Mountains, Japan
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Reaction Solid V % Fluid V % Total V %
1 Serpentine + 2 SiO2 = Talc + H2O -9.2 13.6 4.4
2 5 Serpentine+14 SiO2 + 6 CaO = 3 Tremolite + 7 H2O -14 15.3 1.3
3 Serpentine + 4 SiO2 + 3 CaO = 3 Diopside + 2 H2O -19.9 16.8 -3.9
4 5 Talc + 6 CaO + 4 SiO2 = 3 Tremolite + 2H2O -7.1 4.7 -2.4
5 Tremolite + 2 SiO2 + 3 CaO = 5 Diopside + H2O -10.3 5.6 -4.7

Supplementary Table C.2: Calculated solid volume and fluid volume changes for the

metasomatic reactions (equations 3.1-3.5) described in the main text. Calculations per-

formed for 270 MPa and 350◦C using data computed in SUPCRT (Johnson et al., 1992).

Supplementary Figure C.1: Activity diagram in the CaO-MgO-SiO2-H2O system
at 350◦C. Each reaction is driven by interaction with silica and/or calcium bear-
ing fluids and yields significant production of fluids. The diagram is valid over a
wide range of pressure, from 200-1000 MPa. Calculated using the software TWQ
v. 2.3 (Berman, 1991). Numbered arrows refer to the equations for the metasomatic
reactions in the main text.
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a b

c

Serpentinite

Diopside

Serpentinite

Serpentinite

Diopside

Tremolite

Diopside

50 µm10 µm

10 µm

Supplementary Figure C.2: Metasomatic reactions in serpentinite. (a) SEM-BSE
image of diopside overgrowing serpentinite (equation 4.3 in main text). (b) SEM-
BSE image of the edge of a tremolite vein in which tremolite is overgrown by diop-
side. (c) Cataclastically deformed diopside overgrowing serpentinite. Colour over-
lay is an SEM-EDS map where the green colour highlights the serpentinite and pink
colour indicates diopside.
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a b

c d

b
c

d

Supplementary Figure C.3: Further SEM-BSE images of metasomatic nephritic
tremolite from the Livingstone Fault. a-d show increasing magnification of the
tremolite needles.
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Supplementary Figure C.4: Metasomatic rock consisting of dense mat of deformed
nephritic tremolite veins. Optical microscope image, crossed polarised with wave-
plate.
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Supplementary Figure C.5: Examples of metasomatic veining of tremolite in ser-
pentinite in the serpentinite melange of the Franciscan Complex, thought to repre-
sent an exhumed portion of a paleo-slab-mantle interface. (a) Heavily veined ser-
pentinite at the contact between serpentinite and meta-mudstone. (b) Sample of
tremolite vein network in serpentinite from outcrop in Supplementary Figure C.5a.
(c) Optical image of a thin section (crossed-polarised light with wave plate) from
sample in part b.
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Determining the spatial resolution of the confocal Raman microscope

The method provided by Colomban et al. was used to gauge the spatial resolu-

tion of the confocal Raman microscope. A Raman line map was performed along

a 2 µm-long profile across the boundary between a silicon substrate and a silver

coating (Supplementary Figure D.1a–c). The sampling interval along the line map

was 10 nm. The test was performed using a 100x objective and a 532 nm laser at

2.5 mW (other microscope details are reported in the experimental section of the

main paper). The measurement started on the silicon substrate which provided the

maximum signal (Supplementary Figure D.1d). As the line map progressed in to

the silver coating, the signal intensity decreased until it became zero, resulting in

a well-defined intensity profile (Supplementary Figure D.1d). When the intensity

was 0.5, the measured area was exactly in the middle of the Si-Ag boundary. A

Gaussian function was then fitted to the intensity profile so that it was centred at

0.5 intensity. The width of the Gaussian function was taken as half the diameter of

the measured spot. Doubling this value produced the spatial resolution (D) of 371

nm.
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Lizardite Petriglieri et al. Rinaudo et al. Groppo et al. Schwartz et al. Trittschack et al. Plümper et al.
129 - - - - 129 -
231* 230 233 234 - 229 -
348 349 350 - - 346 -
385* 385 388 388 - 384 -
468 - - - - 465 -
621 621 630 - - 622 -
690* 690 690 692 - 690 -
1098 - 1096 - - 1094 -
3655 3660 - - - 3653 -
3681* 3683 - - 3680 3684 3683
3701* 3703 - - 3703 3703 3702

Chrysotile Petriglieri et al. Rinaudo et al. Groppo et al. Schwartz et al. Mizukami et al. Plümper et al.
129 - - - - - -
231* 234 231 232 - - -
347 347 345 - - - -
389* 389 389 390 - - -
464 - - - - - -
623 622 620 - - - -
690* 692 692 693 - - -
1105 - 1105 - - - -
3648 3651 - - 3648 3650 -
3690* 3691 - - 3690 3690 3687
3697* 3698 - - 3697 3701 3697

Antigorite Petriglieri et al. Rinaudo et al. Groppo et al. Schwartz et al. Reynard & Wunder Marquardt et al.
135 - - - - - -
230* 229 230 230 - 229 230
346 - - - - - 355
377* 374 375 379 - 378 375
461 - - 463 - 459 459
685* 683 683 684 - 688 682
1045 1045 1044 1045 - 1045 1045
3667* 3665 - - 3670 3670 3669
3696* 3695 - - 3700 3698 3699

Supplementary Table D.1: Serpentine mineral Raman bands reported in literature

(cm−1) (* indicates strong bands).

Lizardite Chrysotile Antigorite
Analysis 1 2 3 1 2 3 1 2 3

SiO2 42.73 42.25 42.56 42.63 42.32 42.35 43.02 42.87 42.98
MgO 35.83 36.12 36.86 35.87 36.11 36.21 35.46 35.76 35.73
FeO 4.94 4.34 4.62 4.98 4.97 4.40 6.82 6.78 6.54

Al2O3 0.75 0.72 0.61 0.80 0.68 0.67 0.48 0.32 0.48
Cr2O3 0.27 0.81 0.00 0.00 0.31 0.83 0.31 0.24 0.33
NiO 0.16 0.25 0.32 0.18 0.23 0.19 0.47 0.44 0.46
CoO 0.33 0.22 0.00 0.19 0.00 0.27 0.16 0.09 0.11
MnO 0.00 0.44 0.00 0.31 0.10 0.12 0.00 0.00 0.07
Total 85.01 85.15 84.97 84.96 84.72 85.04 86.72 86.50 86.70

Supplementary Table D.2: Representative SEM energy dispersive spectroscopy (EDS)

analyses of the serpentine minerals shown in Figures 5.3a and 5.3b.
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Supplementary Figure D.1: Reflected light optical image of the silicon-silver boundary

where the Raman line map was measured (red). The silicon is above while the silver is

below.
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Supplementary Figure D.2: SEM secondary electron (SE) image of the silicon-silver

boundary. The silicon is above while the silver is below.
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Supplementary Figure D.3: SEM backscattered electron (BSE) image of the silicon-silver

boundary. The silicon is above while the silver is below.
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Supplementary Figure D.4: Intensity profile of the Raman line map measured over the

silicon-silver boundary.
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Supplementary Figure D.5: Atomic force microscopy (AFM) image of the grain shown

in figures 5.3c,d.
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Supplementary Figure D.6: SEM-SE image of the antigorite grain shown in figures

5.3a,b.
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Supplementary Figure D.7: SEM-SE image of the antigorite grain shown in figures

5.3c,d.

209



APPENDIX D.

Supplementary Figure D.8: SEM image with the locations of the EDS analyses for the

grain in figures 5.3a,b. shown in Supplementary Table D.2
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Supplementary Figure E.1: Sub-micron Raman spectroscopy mapping and TEM analysis

of the sample from Sand Dollar Beach. (a) Reflected light optical microscope image of the

TEM grid. The red box outlines the area shown in (b). (c) 4 x 10 µm Raman map overlaid

onto a reflected light image of the electron-transparent region. (d) Representative Raman

spectrum of the polygonal serpentine bands. (e) Representative Raman spectrum of the

chrysotile bands. (f) Representative TEM image of the polygonal serpentine bands. (g)

Representative TEM image of the chrysotile bands.
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ARTICLE

Dynamic earthquake rupture preserved in a
creeping serpentinite shear zone
Matthew S. Tarling 1, Steven A.F. Smith 1, Cecilia Viti2 & James M. Scott 1

Laboratory experiments on serpentinite suggest that extreme dynamic weakening at earth-

quake slip rates is accompanied by amorphisation, dehydration and possible melting. How-

ever, hypotheses arising from experiments remain untested in nature, because earthquake

ruptures have not previously been recognised in serpentinite shear zones. Here we document

the progressive formation of high-temperature reaction products that formed by coseismic

amorphisation and dehydration in a plate boundary-scale serpentinite shear zone. The

highest-temperature products are aggregates of nanocrystalline olivine and enstatite, indi-

cating minimum peak coseismic temperatures of ca. 925 ± 60 °C. Modelling suggests that

frictional heating during earthquakes of magnitude 2.7–4 can satisfy the petrological con-

straints on the coseismic temperature profile, assuming that coseismic fluid storage capacity

and permeability are increased by the development of reaction-enhanced porosity. Our

results indicate that earthquake ruptures can propagate through serpentinite shear zones,

and that the signatures of transient frictional heating can be preserved in the fault rock

record.

DOI: 10.1038/s41467-018-05965-0 OPEN

1 Department of Geology, University of Otago, 360 Leith Street, 9016 Dunedin, New Zealand. 2 Università degli Studi di Siena, Dipartimento di Scienze Fisiche,
della Terra e dell’Ambiente, Via Laterino 8, Siena 53100, Italy. Correspondence and requests for materials should be addressed to
M.S.T. (email: tarma723@student.otago.ac.nz)

NATURE COMMUNICATIONS |  (2018) 9:3552 | DOI: 10.1038/s41467-018-05965-0 | www.nature.com/naturecommunications 1

12
34

56
78

9
0
()
:,;



Serpentinite is an important rock type in a range of tectonic
settings1,2, including the slab-mantle interface in subduc-
tion zones3–7, oceanic detachment faults8–10 and large-

displacement transform faults in the oceanic and continental
lithosphere11–14. Where serpentinite shear zones can be observed
at the surface or in drill-cores, they often show a pervasive
foliation and contain microstructural evidence to suggest that
distributed deformation occurs by pressure-solution processes
during fault creep15,16. Combined with the results of laboratory
friction experiments, these characteristics have been used to argue
that serpentine, together with common accessory minerals, such
as talc, may account for the creeping behaviour of some fault
zones17–19.

The results of numerical modelling20, geophysical
observations21,22 and laboratory experiments23,24 show that a
transition from stable creep at low slip rates to unstable rupture at
high slip rates is possible on the same fault patch. In the case of
serpentinite, it has been proposed that this transition in fault
stability is enhanced at high slip rates by dynamic weakening
mechanisms that involve flash heating of asperity contacts25–27,
thermal pressurisation of pore fluids28–30 and mineral dehydra-
tion reactions that release structurally-bound fluid into the
coseismic slip zone31,32. However, ancient earthquake ruptures
have not previously been recognised in exhumed serpentinite
shear zones33 and thus hypotheses developed from deformation
experiments and numerical modelling concerning possible
dynamic weakening mechanisms remain untested in nature.
Whether creeping serpentinite shear zones can transiently host
dynamic earthquake ruptures remains an open question.

Results
Structure of the Livingstone Fault, New Zealand. The Living-
stone Fault in New Zealand is a plate boundary-scale serpentinite
shear zone that separates ultramafic rocks of the Dun Mountain
Ophiolite Belt from metasediments of the continental Caples
Terrane34–36. The shear zone is dominated by a serpentinite
mélange tens to several hundreds of metres wide (Fig. 1a) in
which a pervasive anastomosing fabric is well developed (Fig. 1b).
The presence of this fabric, together with the abundance of
chrysotile veins and the widespread occurrence of dissolution
surfaces enriched in second phases (e.g., magnetite), suggest that
distributed deformation involved pressure solution37. Embedded
within the shear zone are pods of more competent material (e.g.,
metasediments, rodingite, massive serpentinite) ranging from
tens to hundreds of metres in size (Fig. 1c). Polished and striated
fault surfaces cut across the main shear zone fabrics and are also
commonly found along the margins of the pods (Fig. 1d). The
fault surfaces separate foliated serpentinite from layers of mag-
netite ~100 to 300 µm thick (Fig. 2a–c) and probably formed due
to the mechanical contrast provided by the bimaterial
serpentinite–magnetite interface. Elongate inclusions of serpen-
tinite up to 1000 µm-long and 50 µm-thick are found inside the
magnetite layers (Fig. 2b, c). We analysed the content of these
serpentinite inclusions by transmission electron microscopy
(TEM) and document below the appearance of distinct textures
and mineral assemblages that can be related to the progressive
amorphisation and dehydration of serpentinite within the inclu-
sions, which we interpret to have occurred during propagation of
a coseismic thermal pulse.
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Fig. 1 The Livingstone Fault serpentinite shear zone. a Overview of a ~400m-wide section of the foliated serpentinite shear zone exposed at Serpentine
Saddle (−44.65149, 168.16577). The inset shows the segment of the Livingstone Fault studied in this work and the specific field location from which the
photo in part (a) was taken. b Foliated serpentinite with a pervasive anastomosing fabric. Each lens-shaped domain of serpentinite is coated by fibrous
chrysotile. c Pod of rodingite surrounded by foliated serpentinite. d Striated and polished fault surface coated by a 300 µm-thick layer of magnetite
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Petrology and microstructures of the serpentinite inclusions.
Outside the magnetite layers, the foliated serpentinite shear zone
consists entirely of crystalline lizardite and fibrous chrysotile
(Fig. 2d), with no relict olivine or pyroxene, consistent with the
estimated ambient temperature during shearing of 300–350 °C (see

Methods and Supplementary Table 1 for details of all of the tem-
perature estimates). The inclusions that are furthest from the
polished fault surfaces show the onset of serpentine amorphisation
(Fig. 2e). Remnants of partially amorphised chrysotile fibres and
layers of lizardite exist in an amorphous serpentine matrix (Fig. 2e),
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estimated to form at ~569 ± 25 °C. Closely associated with the onset
of serpentine amorphisation, thin lamellae of talc are observed to
grow intimately with serpentine at ~622 ± 45 °C (Fig. 2f). Towards
the fault surface, the occurrence of poorly crystalline nanograins of
olivine coexisting with talc and amorphous material, with little to
no crystalline serpentine, indicates formation at ~695 ± 46 °C
(Fig. 2g). At distances of less than ca. 100 µm from the fault surface,
talc is no longer present and the assemblage consists of aggregates
of moderately crystalline olivine (20–100 nm grain size) with minor
amounts of amorphous material (Fig. 2h, i). The disappearance of
talc is estimated to occur at ~803 ± 60 °C. Closer still to the fault
surface, the inclusions contain aggregates of well-crystallised
nanogranular olivine with negligible amorphous material, con-
sistent with ~833 ± 84 °C (Fig. 2j, k). The nanograins range from 50
to 200 nm in size and are aligned with their grain long axes sub-
parallel to the fault slip direction. The inclusions immediately
adjacent to the fault surface consist entirely of nanogranular
enstatite and olivine with well-defined grain boundaries, euhedral to
subhedral grain shapes and negligible porosity, suggesting forma-
tion at ~926 ± 62 °C (Fig. 2l). The final constraint is that the
magnetite (or any other materials present) shows no indication of
having experienced melting, which is predicted to occur at a tem-
perature of 1597 °C38.

Amorphisation and dehydration of serpentinite. The micro-
structures and mineral assemblages preserved in the serpentinite
inclusions (Fig. 2) are strikingly similar to those produced in high-
velocity friction experiments on serpentinite39,40 and are con-
sistent with a reaction sequence involving progressive dehydration
of serpentinite to form poorly crystalline or amorphous serpen-
tine, talc, forsteritic olivine and then enstatite41,42. At the onset of
dehydration at relatively low temperatures (~500–600 °C), the
reactions can be described by the formation of talc and forsterite
from serpentine:

5 Serpentine ! Talcþ 6 Forsteriteþ 9H2O

5Mg3Si2O5 OHð Þ4! Mg3Si4O10 OHð Þ2þ6Mg2SiO4 þ 9H2O

ð1Þ

At higher (> 800 °C) temperatures, the reaction is best
represented by the complete dehydration of serpentine to
forsterite and enstatite:

Serpentine ! Forsteriteþ Enstatiteþ 2H2O

Mg3Si2O5 OHð Þ4! Mg2SiO4 þMgSiO3 þ 2H2O
ð2Þ

It is important to note that the temperature estimates provided
above (and outlined fully in the Methods and Supplementary
Table 1) are derived from a review of the published literature on
static heating experiments, in which dehydration reactions
occurred in thermodynamic equilibrium. Therefore, the tem-
perature estimates are likely to represent lower bounds on

possible coseismic reaction temperatures, because during coseis-
mic slip the reaction boundaries may have been significantly
overstepped and were more likely driven by kinetics than
equilibrium.

Modelling coseismic frictional heating. To test whether a
coseismic thermal pulse could be responsible for the observed
dehydration sequence, finite-element modelling was used to
quantify the effects of frictional heating for a range of earthquake
magnitudes. The mathematical framework and governing equa-
tions used in the numerical model are presented in the Methods
section. When frictional heating occurs within a serpentinite-
bearing fault, a number of coupled physical and chemical pro-
cesses govern the evolution of heat production and transfer.
Frictional heating leads to the expansion of pore fluids and an
increase in pore fluid pressure, which reduces the effective normal
stress and leads to thermal pressurisation28–30. In addition,
thermally driven dehydration and dehydroxylation of serpentine
results in significant fluid production (~12–13 wt.% water), which
contributes to the thermal pressurisation effect31. The reaction of
serpentine to olivine has a negative solid volume change, pro-
ducing up to ~24% porosity43,44. The reaction is also endother-
mic45, thus consuming some of the energy from frictional
heating46. To address these coupled processes in our numerical
model, we applied the mathematical framework for thermal
pressurisation presented by Rice30, together with the treatment of
coseismic dehydration, fluid production and volume change
outlined in Brantut et al.31. The Brantut et al.31 study acknowl-
edges the potential importance of reaction-enhanced porosity in
controlling fluid pressure evolution during coseismic slip, but it
does not explicitly include those effects, instead specifying that
the change in porosity can be accounted for by reducing the
effective fluid production. Here, we include the effects of reaction-
enhanced porosity, which leads to an increase in fluid storage
capacity, as well as an increase in permeability within the dehy-
drating layer during coseismic slip. We model this effect by
allowing permeability to increase by up to one order of magnitude
with the progress of dehydration within the reaction zone, con-
sistent with the experimental data of Tenthorey and Cox43. The
initial permeability is set to 10−19 m2, consistent with laboratory
data on the permeability of foliated serpentinite43,47. This is
allowed to evolve towards a permeability of 10−18 m2 during
coseismic dehydration as a function of the dehydration reaction
progress.
The model consists of a 300 µm-thick layer of magnetite

sandwiched between layers of serpentinite. A frictional heat
source is defined at one of the contacts between the magnetite and
serpentinite, corresponding to the bimaterial fault surface
observed in the natural samples. The model is evaluated
considering the one-dimensional transfer of heat perpendicular
to the fault surface. The frictional heat flux from the fault surface
is calculated as48:

Qfric ¼ μ σN � pfð Þv ð3Þ

Fig. 2 Magnetite fault surfaces and serpentine dehydration products. a Petrographic thin section of a polished fault surface, thin magnetite layer, and
adjacent foliated serpentinite. The foliated serpentinite on the other side of the fault surface was not preserved. b Scanning electron microscope image of
the polished fault surface, magnetite layer, and elongate inclusions of serpentinite within the magnetite layer. c Schematic representation of the magnetite
layer with inclusions of serpentinite. Inclusions with letters correspond to the transmission electron microscope (TEM) images shown below. d Fibrous
chrysotile and lizardite. e Partially amorphous chrysotile fibres in a matrix of amorphous serpentine. f Poorly crystalline to amorphous serpentine
intergrown with talc. g Incipient olivine and talc in a matrix of amorphous serpentine. h, i Moderately crystalline olivine. Inset in i shows selected area
electron diffraction pattern (SAED) for nanogranular olivine. j, k Aggregates of well-crystallised nanogranular olivine surrounded by magnetite. Olivine
nanograins are typically elongate in the slip direction. l Crystalline nanograins of olivine and enstatite. All temperature estimates are detailed in the text and
listed in Supplementary Table 1
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where μ is the sliding friction coefficient, σN is the normal stress
on the fault, pf is the pore fluid pressure and v is the slip velocity.

The model assumes a peak slip velocity of 1 m/s29,30,49 with a
‘boxcar’ slip velocity function50. Normal stress was set at 270MPa
and the initial pore pressure was 0.3 σN. Following Noda and
Shimamoto51, Griffith et al.52 and Brantut et al.31, the sliding
friction coefficient is assumed to be 0.4. In nature, it is likely that
the friction coefficient drops dramatically during coseismic slip
due to dynamic weakening processes, as suggested by
theoretical30,53 and experimental studies24. In our model,
dynamic weakening is approximated by the reduction in the
effective normal stress due to fluid pressurisation, and as such the
model captures some of the complexity that likely occurs during
weakening processes in nature. As we lack constraints on the
width of the coseismic slip zone, we assume a zero-width fault.
This may result in an overestimation of heat production at the
fault surface for a given slip distance, meaning that our estimates
of the slip distances and corresponding earthquake magnitudes
required to produce a given thermal profile should be considered
as lower bounds. Slip distances and the corresponding range of
earthquake magnitudes were taken from the summary of
Sibson54.

During coseismic frictional heating, we evaluate the diffusion
of heat and fluids within the fault zone. This is done through the
coupling of two main equations: the energy equation and the fluid
mass conservation equation (eqs. 4 and 10). The model’s energy
equation takes the frictional heat flux from eq. 3 and accounts for
the energy consumed by dehydration of serpentine45. Pore fluid
pressure is calculated through the fluid mass conservation
equation (eq. 10), which takes into account the pressurisation
of the fluid by heating, fluid flow away from the fault,
poroelasticity and the fluids and porosity produced by the
dehydration reaction. The energy equation is coupled to the fluid
mass conservation equation through parameter pf in eq. 1, as
increased pore fluid pressure reduces overall frictional heating.

The result of thermal pressurisation occurring concurrently
with the fluid-producing endothermic dehydration reaction is a
much lower temperature rise for a given earthquake magnitude
compared with a situation in which thermal pressurisation does
not occur. However, frictional heating at the slip surface is not
completely inhibited by thermal pressurisation, largely due to the
generation of substantial reaction-enhanced porosity and the
coupled increase in permeability. We note that a one order-of-
magnitude increase in permeability due to reaction-enhanced
porosity is probably quite conservative, because the extreme stress
and temperature conditions associated with rupture propagation
are likely to induce coseismic fracturing of the wall rocks55–57.

Discussion
In our model, the bimaterial nature of the fault interface leads to
the propagation of an asymmetric thermal pulse (Fig. 3). This
asymmetry is due to the relatively high thermal conductivity of
the magnetite layer compared to the adjacent serpentinite, which
allows for a more significant rate of heat conduction away from
the fault surface on the magnetite side. Our modelling results
suggest that the dehydration products preserved within the ser-
pentinite inclusions could have formed due to propagation of a
heat pulse generated by frictional sliding along the fault interface
(Fig. 3). We suggest that the high-temperature dehydration
assemblages are preserved within the inclusions because they are
surrounded on all sides by magnetite, and were therefore pro-
tected from hydration and conversion back in to serpentine fol-
lowing coseismic slip. Although the foliated serpentinite on the
other side of the fault surface is also predicted to dehydrate
during coseismic slip (Fig. 3), any dehydration assemblages in this

region would rapidly be converted back in to serpentinite and
become unrecognisable. For the model parameters used here, the
petrological constraints on the coseismic thermal profile can be
satisfied for earthquakes of approximately Mw= 2.7–4.0, corre-
sponding to coseismic displacements in the range of
~0.01–0.03 m (Fig. 3). Instead, if no increase in coseismic porosity
and permeability is inferred, thermal pressurisation shuts down
any significant frictional heating to the extent that the dehydra-
tion reactions are not predicted to occur.
As mentioned previously, the assumption of a zero-width fault,

combined with the fact that the dehydration reaction boundaries
may have been significantly overstepped during coseismic slip,
means that our estimates could represent lower bounds for the
earthquake magnitudes responsible for frictional heating. At the
same time, there is currently a very limited understanding of
coseismic permeability. If the permeability was increased by
several orders-of-magnitude by coseismic fracturing of the wall
rocks, the petrological constraints can be met by earthquakes of
smaller magnitude.
Based on field and microstructural evidence, we interpret that

distributed deformation in the shear zone occurred by pressure-
solution creep, probably accompanied by crystal plasticity and
frictional sliding between serpentine lamellae15,39,58. Due to the
low-viscosity and ductile nature of serpentine at moderate to high
temperatures, combined with its complex frictional behaviour
and velocity dependence19,59, it has previously been suggested
that serpentinite shear zones could inhibit the nucleation and
propagation of earthquake ruptures60,61. However, our new
microstructural and petrological observations, taken together
with the results of high-velocity rock friction experiments25–27,32,
indicate that dynamic seismic slip can occur within creeping
serpentinite shear zones, and that the signatures of coseismic
frictional heating can be preserved in the fault rock record.
Field observations from the Livingstone Fault and other large

tectonic faults suggest that earthquake nucleation could have
occurred within wall rocks adjacent to the shear zone, or within
large pods of competent rock embedded within creeping seg-
ments (Fig. 1c). Stress concentrations within and along the
margins of such pods can lead to brittle failure despite distributed
deformation in the shear zone occurring by creep62. In addition,
interactions between pods could potentially lead to ‘log-jams’,
locking up portions of the shear zone and allowing high stresses
to accumulate, ultimately leading to brittle failure63. Alternatively,
serpentinite shear zones typically contain non-negligible amounts
of magnetite (up to ca. 15 wt.%), which is a common product of
the primary serpentinisation reaction. Although magnetite is
initially disseminated in serpentinite shear zones, it can become
concentrated along fault and foliation surfaces by cataclasis,
precipitation in veins, or pressure solution, leading to the for-
mation of continuous and interconnected layers of magnetite
(Fig. 2a–c). Although extremely thin (typically < 1 mm), these
magnetite layers are strong and brittle compared with the ser-
pentinite, and provide a significant mechanical contrast along
which unstable slip and earthquake rupture could occur.

Methods
Transmission electron microscopy. Polished petrographic thin sections of the
samples were prepared using Canada balsam adhesive. TEM grids were extracted
from the sections, mounted on a 3 mm Cu grid with a central 800 µm hole. Samples
were milled to electron transparency by Ar+ ion milling (Gatan Dual Ion Mill).
The TEM characterisation was performed on a JEOL JEM-2010 microscope,
working at 200 kV, with LaB6 source, ultra-high resolution pole pieces, resulting in
a 0.19 nm point resolution.

Numerical model. Numerical modelling was performed using the software package
COMSOL Multiphysics. The model of coseismic dehydration of serpentinite is
based on the mathematical framework of thermal pressurisation and coseismic
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dehydration outlined by Rice30 and Brantut et al.31. The model includes: one-
dimensional (1D) heat diffusion during coseismic frictional heating, enthalpy of
dehydration of serpentinite, thermal pressurisation of pore fluids in a poroelastic
medium, production of fluid during the dehydration of serpentinite and resulting
thermochemical pressurisation, reaction-enhanced porosity change and increase in
permeability due to reaction-induced porosity. For a complete treatment of the
governing equations and their derivation see Lachenbruch28, Rempel and Rice29,
Rice30 and Brantut et al.31 and references therein. This model does not include the
possible effects of deformation (beyond poroelastic effects), compaction or shear-
induced dilatancy. Advective heat flow is not included as it has been shown to be
negligible at a permeability < 10−16 m2 (ref. 30). Following Brantut et al.31, we do
not consider the possibility of fluid overpressure at the fault interface leading to
tensile failure. In this model we assume that the magnetite layer does not undergo
any phase transformation and represents a fully impermeable fluid boundary.
Initial pore pressure is set to 0.3 σN and initial permeability of 10−19 m2 is taken
from laboratory measurements of the permeability of foliated serpentinite43,47,64.

TEM (Fig. 2) and Raman spectroscopy37 observations show that the serpentinite
within the Livingstone Fault is dominated by chrysotile and lizardite, and that
antigorite was not stable. Based on the presence of chrysotile and lizardite and lack
of stability of antigorite, we estimate the ambient temperature to be ~300–350 °C.
From this, we set the initial temperature in the model (T0) to be 350 °C.

Model configuration. The model consists of a 300 µm-thick layer of magnetite
between layers of serpentinite (Supplementary Figure 1). The model has four
boundaries (B1, B2, B3 and B4). The two external boundaries (B1 and B4) are set to
a zero flux condition (insulating boundaries). These boundaries are far enough
away from the heat source so as to not induce boundary effects. B3 is a conductive
boundary. B2 is a boundary heat source that represents the frictional heating at the
fault plane between one side of the magnetite layer and the adjacent serpentinite.
This geometry approximates the bimaterial fault interface observed in the natural
polished fault surfaces. The mesh maximum element size was set to 1 × 10−6 m.
The maximum element growth rate, which limits the maximum increase in size

between two adjacent elements, was set to 10%. The resolution of narrow regions is
set to 20. The ‘resolution of narrow regions’ parameter is an arbitrary nonnegative
scalar that controls the number of mesh elements that are created in narrow
regions of the mesh, with a higher value resulting in a finer mesh in narrow regions.

1D transport of heat. The 1D transfer of heat is modelled through the Heat
Transfer Module in Comsol. This is governed by the heat equation:

ρCp
∂T
∂t

¼ k
ρsCp

∂2T
∂x2

þ Qf þ Qd ð4Þ

where ρ, Cp and k are respectively the density, specific heat capacity and thermal
conductivity of the fault rocks (serpentinite on one side of the fault, and magnetite
and serpentinite on the other). Qf is the frictional heat flux defined in eq. 5 and Qd

is the latent heat of dehydration of serpentinite.

Frictional heat flux. The frictional heat flux from the primary slip surface (Qf) set
at boundary B2 is defined as:

Qf ¼ μ σN � pfð Þf ðtÞ ð5Þ

where the coefficient of friction μ= 0.4, the normal stress σN = 270MPa, the pore
pressure pf is initially set to pf= 0.3σN and the slip velocity function f(t) corre-
sponds to a boxcar function (smoothed square-wave pulse) with amplitude of 1 m/
s. for the slip duration d/v, where d is the fault displacement and v is the velocity.

When coseismic frictional heating occurs, initially present pore fluids and fluids
produced during dehydration reactions expand, which reduces the effective normal
stress and the frictional heating according to eq. 5.

Comparison of numerical model with analytical solution. Before adding the
coupled thermal processes (thermal pressurisation and coseismic dehydration) to
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the numerical model, we first compare the basic numerical model (considering
only the 1D transport of heat produced at the slip surface) to the analytical solution
of McKenzie and Brune48:

T x; tð Þ ¼ σf
2ρCp

ffiffiffiffiffiffiffi

Kπ
p t

0
e

� x2

4K t�t0ð Þ

h i

d
t1

ffiffiffiffiffi

t�t0
p

dt0 ð6Þ

For the derivation of the analytical solution and definition of the parameters,
see McKenzie and Brune48. In this case, we consider a zero-width fault located at
x= 0 and a displacement of d= 0.01 m. For simplicity, the rock consists of
magnetite on either side of the fault plane. The resulting solutions from the
analytical model and the numerical model agree to within < 1% (Supplementary
Figure 2).

Enthalpy of dehydration of serpentinite. Accounting for the enthalpy of dehy-
dration of serpentinite is done through the Phase Change Material node in the
Heat Transfer Module in Comsol. While a more rigorous treatment of coseismic
dehydration reactions can be achieved by describing the dehydration reaction with
the Arrhenius equation and assuming an order of reaction in the rate eq.31, there
remains uncertainty in choice of reaction order and kinetic parameters. It is also
important to consider that during coseismic frictional heating, reactions are likely
driven by kinetics and reaction boundaries can be significantly overstepped.

We model the dehydration of serpentinite by considering it to be a phase
change using the COMSOL Phase Change Material node in the Heat Transfer
Module. As an approximation, we consider the dehydration reaction as a phase
change from serpentine to olivine (forsterite). The Phase Change Material node
uses the apparent heat capacity formulation to model this transition65. The
enthalpy of dehydration is added to the heat transfer equation (eq. 4) over an
interval between Td � ΔT

2 and Td þ ΔT
2 , where Td is the dehydration temperature

(550 °C) and ΔT is set to 100 °C. Within this interval, the fault rock properties are
modulated by a smoothed function ξ that represent the progress of the reaction,
which is equal to 0 before the reaction and 1 after the reaction. The effective
thermal properties of the fault rock in eq. 4 during coseismic dehydration are
modelled such that:

ρeff ¼ 1� ξð Þρserpentinite þ ξρforsterite ð7Þ

keff ¼ ð1� ξÞkserpentinite þ ξkforsterite ð8Þ

Cpeff
¼ 1

ρeff
1� ξð ÞρsCpserpentinite

þ ξρsCpforsterite

� �

þ CL ð9Þ

where ρeff, keff and Cpeff
are respectively the effective density, thermal conductivity

and heat capacity. CL is the latent heat distribution. For additional information,
refer to the Heat Transfer Module user guide in the COMSOL documentation.

Thermal pressurisation in a poroelastic medium. Pore fluid pressure is calcu-
lated through the fluid mass conservation equation, which takes into account the
pressurisation of the fluid by heating, the fluid flow away from the fault, the
poroelasticity and the fluids and porosity produced by the dehydration reaction.
The energy equation (eq. 4) is coupled to the fluid mass conservation equation
through the pore pressure parameter pf.

∂P
∂t ¼

λf �λn
βf þβn

� �

∂T
∂t þ 1

ρwn0 βfþβnð Þ
∂P
∂x ρw

Ks∂P
ηw∂x

� �

þ ρserpentinite
ρw

wserpentine
νsMH2O

Mserpentine
� Δn

� �

1
n0 βfþβnð Þ

∂ξ
∂t

ð10Þ

For a complete derivation of this equation, see Brantut et al.31. All parameters
are listed and described in Supplementary Table 2. This equation is evaluated
through the PDE interface in the Mathematics node in COMSOL.

Evolution of permeability. The dehydration of serpentinite leads to formation of
reaction-enhanced porosity. This creates a porosity front that advances with the
progress of serpentinite dehydration. The increase in porosity (Δn in eq. 10) results
in an increase in local fluid storage capacity, diminishing the effect of thermal
pressurisation. In addition, Tenthorey and Cox43 found that dehydration of ser-
pentinite creates transiently interconnected porosity, which in turn results in a local
increase in permeability. Based on the data of Tenthorey and Cox43, we allow the
permeability to increase by up to an order of magnitude within the reaction zone in
relation to the reaction progress function ξ:

Krxn ¼ Ks 1þ 10ξð Þ

Data availability
All data and values of parameters used in this study are available in the paper and the
Supplementary Information (and references therein). Any additional data that support
the findings of this study are available from the corresponding author upon request.
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Abstract

Submicron Raman spectroscopy mapping is able to unambiguously distinguish

the main serpentine minerals within their in situ microstructural context. The

high spatial resolution (~370 nm), large‐area coverage (up to hundreds of

micrometres in each dimension), and ability to map directly on polished thin

sections allows novel interpretations to be made regarding the nature and evolu-

tion of serpentinite fault rock textures. The potential of this method is illustrated

by examining submicron‐scale textures of scaly serpentinites (e.g., dissolution

seams, mineral growth in pressure shadows, distribution, and intergrowth of

serpentine minerals) from a lithospheric‐scale shear zone in New Zealand and

a subduction‐related serpentinite body in California, USA.

KEYWORDS
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1 | INTRODUCTION

Geological, geophysical, and experimental observations
indicate that deformation within serpentinite‐bearing
faults and shear zones is a significant process in many
active geological settings. For example, serpentinite
forms in the mantle wedge in subduction zones and
probably exerts an important rheological control at
the subduction interface.[1–3] Serpentinites are also
widespread in lithospheric strike‐slip faults (e.g., the
San Andreas Fault, California and the Alpine Fault,
New Zealand), oceanic detachment faults, and oceanic
transform faults.

Serpentinites form by hydration of ultramafic rocks,
typically dominated by olivine, orthopyroxene, and
clinopyroxene. Serpentinites by definition contain a
significant amount of serpentine group minerals, and
other volumetrically minor products that form during
the hydration process (e.g., brucite and magnetite).[4]

Serpentine minerals are hydrous phyllosilicates and have
the theoretical formula Mg3Si2O5(OH)4.

[5] The three
main forms of serpentine—lizardite, chrysotile, and

antigorite—are widely found in natural samples, and
two other intermediate serpentine varieties (polygonal
serpentine and polyhedral serpentine) are less frequently
reported.[5]

It is important for a number of reasons to characterise
the fine‐scale textural properties of serpentinites and
correctly identify which of the serpentine group minerals
are present in natural fault rock samples. For example,
field and laboratory evidence suggests that antigorite is
the “high‐temperature” form of serpentine and is stable
within the temperature range of ~390–500 °C.[6,7] From
low‐temperature, near‐surface conditions to ~390 °C,
lizardite and chrysotile are the more common
varieties.[6–8] Correct identification of serpentine minerals
and the textural relations among the different varieties
can thus be used to put broad constraints on the temper-
ature and exhumation history of serpentinite‐bearing
fault zones.

All serpentines have a tetrahedral silicate sheet with
the apical oxygens shared with the corners of a Mg‐rich
octahedral sheet (the tetrahedral and octahedral sheets
form layers, Figure 1b).[9] Unshared hydroxyl groups
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belonging to the octahedral sheet are located at the junc-
tion of the tetrahedral and octahedral sheets forming a
layer (inner OH groups, orange), and hydroxyls also
belonging to the octahedral sheet are located in the inter-
layer space (outer OH groups, black).[9] However, the
lateral fit between the octahedral and tetrahedral sheets
within a single layer is imperfect with the octahedral
sheet being 3–5% larger. This mismatch leads to either
slight deviations from the ideal formula (lizardite),
modulated structures (antigorite), or cylindrical structures
(chrysotile).[4] Polygonal serpentine displays both
cylindrical and flat structures, and polyhedral serpentine
adopts a faceted spherical morphology that has been
described as “onion‐like”.[4,10,11] Each serpentine mineral
has several possible polytypes that reflect differences
between stacking of layers, but many of these are not
reported in natural samples (e.g., lizardite 1 T polytype
is almost exclusively seen).[4,9] The five forms of serpen-
tine are not strictly polymorphs but are often treated as

such. The amount of Mg(OH)2 in the octahedral sheets
of antigorite is minutely attenuated due to inversions in
curvature, and lizardite requires minor cationic substitu-
tions (e.g., enrichment in Al, Fe, or Cr) for
stabilisation.[5,10,12]

Conventional techniques used for serpentine identifi-
cation are problematic. Optical microscopy fails to distin-
guish between the serpentine varieties because they have
similar optical properties and normally have a very fine
grain size.[13] X‐ray powder diffraction (XRPD) is rarely
conclusive due to the similarity of the serpentine XRD
patterns.[13–15] XRPD also requires grinding of the sample,
which destroys any understanding of microstructural
context. The quality of serpentine minerals in libraries,
such as the Powder Diffraction File, remains ambigu-
ous.[16] Transmission infrared spectroscopy requires
sample grinding otherwise there are considerable sample
preparation issues (i.e., sample thickness and transparent
substrate). Attenuated total reflectance infrared spectros-
copy is not a widely accepted method due to problems
with band distortions associated with anomalous disper-
sion, making comparisons to standards difficult.[17–21]

Scanning electron microscopy combined with energy
dispersive spectroscopy (SEM‐EDS) is a commonly used
method to characterise serpentinites in cases where small
chemical differences exist between the different serpen-
tine varieties. However, chemical differences are not
systematic, and the literature contains many examples of
Al‐ and Fe‐enriched chrysotile and Mg(OH)2 depleted
chrysotile and lizardite.[13,22–25]

Transmission electron microscopy (TEM) remains the
best and most widely used analytical technique to
unambiguously identify the serpentine minerals.[11,26,27]

TEM provides important insights in to the submicron‐
scale textural characteristics of serpentine minerals and
their lattice structure, but it requires time‐consuming
and complex sample preparation.[13] The very small sam-
ple areas (1–10's microns) that can be analysed by TEM
mean that it is challenging to maintain a sample‐scale
understanding of the spatial relationships between
mineral textures and fault rock fabrics.[13]

Raman microscopy is a suitable technique that can
allow identification of the different serpentine types
and their spatial relationships. The Raman spectra of
serpentines display lattice and internal vibrations over
150–1,200 cm−1 that appear similar between the differ-
ent minerals. The only distinguishing features are
shifted bands at ~385 cm−1 and a redshift in antigorite's
band at 685 cm−1 relative to chrysotile and lizardite.
There are also slight differences in weak bands around
1,100 cm−1 (Figure 2). In the 3,600–3,710 cm−1 region
the three main serpentine minerals each have a charac-
teristic Raman signature due to the inner and outer

FIGURE 1 The idealised crystal structure of serpentines. (a) The

crystal structure of T1 lizardite viewed from a silicate tetrahedral

sheet looking down to the octahedral sheet of a separate layer,

Miller index (001). The crystal cell is shown in green, and the

corners of the tetrahedra and octahedra represent oxygen atoms.

The hydrogen atoms of the outer hydroxyl groups are shown in

black, and the hydrogens of the inner hydroxyl groups are shown in

orange. (b) The crystal structure viewed along the Miller index (110)

that is shown in (a) as the yellow line [Colour figure can be viewed

at wileyonlinelibrary.com]
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hydroxyl vibrations. Furthermore, these hydroxyl vibra-
tions are considerably stronger than the lattice and
internal vibrations making them suitable for use in high
resolution Raman maps (Figure 2). Lizardite is the
closest to an ideal tetrahedral : octahedral structure as
shown in Figure 1 and belongs to the space group
P31m.[22,28] The hydroxyl groups have C3v symmetry;
group theory predicts that the four hydroxyls should
give two symmetric stretching modes and one doubly
degenerate antisymmetric mode. Antigorite and chryso-
tile are expected to have more than four modes due to
their diminished symmetry.

Early work by Titulaer et al. and Kloprogge et al.
suggested the inner hydroxyl vibration occurred at a
lower wavenumber than the outer hydroxyl groups
(refer to Figure 2 inset).[29,30] However, calculations by
Balan et al. showed that the lower wavenumber
hydroxyl bands in lizardite are attributable to the outer
hydroxyls, whereas the higher wavenumber band is
attributable to the inner hydroxyl vibration.[22,31] This
was followed by high pressure Raman studies performed
by Auzende et al. who observed a significantly larger
blueshift in the lower wavenumber hydroxyl bands
upon hydrostatic compression compared to the initially
higher wavenumber hydroxyl band.[22] Previous crystal
structures of lizardite under elevated pressures had
shown the largest structural change was from a decrease
in the interlayer thickness as opposed to the thickness
of the TO layer.[28,32,33] It was deduced that the highly
blueshifted bands were attributable to the hydroxyls
occupying the interlayer space where the largest change
in vibrational environment occurs (i.e., outer hydroxyls,

see Figure 1).[22,34–38] However, because only the outer
hydroxyl groups are involved in hydrogen bonding, it
is expected that these bands would be redshifted due
to an increase in hydrogen bonding during compres-
sion.[22,39] The unexpected blueshift occurs because
there is no increase in hydrogen bonding as the O‐H⋯O
bond angles change to accommodate a decrease in the
interlayer space.[22,35–38]

Petriglieri et al. recently demonstrated micro‐Raman
mapping of serpentinites directly on polished thin
sections, allowing in situ characterisation of mineral
varieties and textural properties.[12] Their analyses
involved a mapping step size of ~2 μm, limiting the
lateral resolution to 2 μm at best. Nonetheless, general
textural features and mineral intergrowths on the order
of a few micrometres in size could be recognised, partic-
ularly when semi‐opaque Raman maps were layered on
top of optical or SEM images. We introduce new
methods that allow Raman mapping at near diffrac-
tion‐limited resolution (~370 nm) across relatively large
areas of thin sections. The increased spatial resolution
and area coverage further expands the usefulness of
Raman mapping to understand complex geological
samples, and bridges the gap between conventional
analytical methods (e.g., optical and SEM‐EDS) and
transmission electron microscopy.

2 | METHODS

2.1 | Serpentinite fault rock samples

Samples studied in this work are highly deformed
serpentinite fault rocks from the Livingstone Fault in the
South Island of New Zealand (−45.196661°,168.135531°)
and a subduction‐related serpentinite body at Sand Dollar
Beach, California, USA (35.927517°,−121.468551°). The
Livingstone Fault is characterised by a zone of sheared
serpentinite mélange, tens to several hundreds of metres
wide, with entrained pods of massive serpentinite, volca-
nic rocks, and quartzofeldspathic rocks. The serpentinite
body at Sand Dollar Beach consists of blocks of massive
serpentinite in a finely foliated serpentinite matrix. Sam-
ples from both locations contain a pervasive anastomosing
foliation, commonly referred to as a “scaly” fabric in the
geological literature.[40] Analyses show that the samples
are composed of the main serpentine minerals lizardite,
chrysotile, and antigorite. There are also abundant magne-
tite (Fe3O4) and chromium‐magnesium spinels (FeCr2O4‐

MgCr2O4). Other, less‐common, accessory minerals
include talc (Mg3Si4O10[OH]2), brucite (Mg[OH]2),
awaruite (Ni2‐3Fe), wairauite (CoFe), and pentlandite
([Fe, Ni]9S8).

FIGURE 2 Average spectra of lizardite, chrysotile, and antigorite.

The main spectra and insets were taken with 600 and 1,200 g mm−1

gratings, respectively [Colour figure can be viewed at

wileyonlinelibrary.com]
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2.2 | Sample preparation

The use of a low‐fluorescence epoxy in the fixing and
preparation of polished thin sections for Raman mapping
was of critical importance, as even a small amount of
fluorescence can overwhelm the Raman scattering. This
is particularly important when dealing with high‐
throughput and low integration times.[41] Samples were
cut into small billets using a water‐cooled diamond blade
saw. Billets were progressively ground to 1,200 grit and
glued to soda glass slides using Epofix™ Cold‐Setting
Embedding Resin (Struers). An initial high‐temperature
cure of 70 °C for 90 min followed by 2–12 hr at 50 °C
reduced the contribution of epoxy to the collected signal,
possibly by driving‐off some volatiles in the epoxy.

Once attached to glass slides, the highly foliated and
delicate samples were cut using a Vari/Cut VC‐50 (LECO
corp.) oil‐cooled wafering diamond saw, and more robust
samples were cut with a water‐cooled diamond blade.
Sections were cut to an initial thickness of 0.8–1 mm
and progressively ground with 1,200 grit so that a final
thickness of 30–60 μm was obtained. The thin sections
were then polished with 3 and 1 μm polycrystalline
diamond paste. For the final polishing stage, chemical–
mechanical polishing was performed for 3 to 12 min with
a SYTON colloidal silica suspension using an abrasive
0.02 μm pad.[42] It was found that a high degree of surface
polish (i.e., minimal surface roughness) and an overall flat
surface was necessary for quality Raman analysis. This
also allows relatively large areas to be scanned at high
resolution while remaining in focus. In addition, a high
degree of polish can reveal some textural features when
the thin sections are viewed in reflected light, due to
varying reflectivity of the serpentine minerals. Along with
transmitted light optical microscopy and SEM analysis,
the reflected light images can be a useful way of charac-
terizing the serpentinite samples prior to more detailed
(e.g., Raman or TEM) work.

2.3 | Raman spectroscopy analyses

An Alpha 300R+ confocal Raman microscope (Witec
GmbH, Ulm, Germany) was used for the Raman mapping.
A 100× dry objective (Zeiss, Oberkocken, Germany) and a
532 nm laser (Coherent, California) with a power of 50mW
were used. The 100× objective and the 532 nm laser
wavelength, combined with the three serpentines having
similar refractive indices and Raman cross sections,
resulted in a spatial resolution of ~370 nm. The spatial res-
olution of the microscope was validated using the method
suggested by Colomban et al. (Figure S1).[43] The
microscope was calibrated and optimised with a silicon
wafer and a sample of powdered kaolinite before each

session by verifying the position and intensity of the Si
band at 520.6 cm−1 and the kaolinite OH band at
3620.6 cm−1. A high‐resolution grating of 1,200 grooves
mm−1 was employed and centred at 3,700 cm−1. The
microscope is equipped with a mechanical stage and a
piezoelectric stage. Individual Raman spectra were
acquired in rectangular grid patterns with a step size of
366 nm and an acquisition time of 2 s per point. The maps
presented are between 32 × 32 and 60 × 60 μm with the
number of measurement points between 87 × 87 (7,569)
and 164 × 164 (26,896). Maps larger than these dimensions
are possible but take greater than 20 hr. Themaps are com-
posed of signal from the serpentine surface and up to
950 nm into the sample (z‐resolution ~950 nm). The raw
Raman data were processed and analysed using the Witec
Project Plus software to produce colour maps showing
the spatial distribution of minerals.

The Raman spectra were first corrected for cosmic
spikes. A background subtraction was then applied using
the dynamic background subtraction algorithm in order
to remove background contributions from any fluores-
cence signal. The nature and distribution of minerals
was then assessed by using simple position‐based spectral
filters, focusing on the most prominent peaks. Once the
minerals were identified, representative average spectra
of the hydroxyl bands for each of the serpentine minerals
were extracted (chrysotile, lizardite, and antigorite). Using
the basis analysis function, the average reference hydroxyl
spectra were fitted to the preprocessed Raman spectral
data set to produce coloured maps for each component
mineral. The colour maps were then combined using the
combine function.

3 | RESULTS

3.1 | Raman spectra of serpentine
minerals

Previous work shows that Raman spectra of the serpentine
minerals are difficult to distinguish in the 150–1,200 cm−1

region (Figure 2). Few bands are distinct between the dif-
ferent serpentine minerals. Antigorite has a band at
~377 cm−1 that is distinct from the band at ~385 cm−1 in
lizardite and ~389 cm−1 in chrysotile. Antigorite also has
a band at ~685 cm−1, whereas lizardite and chrysotile have
this band at ~690 cm−1. However, the peaks in lizardite
and chrysotile have an identical shape, overlap with other
silicate minerals, and their positions tend to shift as shown
by the variations reported in the literature (Figure
S2).[12,13,34,35,38,44–47] Antigorite also has a weak, unique
peak at 1,045 cm−1, but this has little utility in high‐
throughput mapping.[12]
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The high‐wavenumber region, corresponding to O‐H
stretching vibrations, has been shown to allow for defini-
tive identification of the main serpentine minerals due to
the different band shapes.[12,22] Accordingly, this study
focused exclusively on the high‐wavenumber region. As
shown in Figure 2, the bands in the O‐H stretching region
have greater intensities than bands in the low wavenum-
ber region, resulting in clearer maps with lower integra-
tion times. However, in samples that contain
considerable amounts of nonhydrous minerals adjacent
to serpentine, the use of a grating covering a larger spectral
window is more appropriate.

The high‐wavenumber average spectra (Figure 2)
show that the three main serpentine minerals (lizardite,
chrysotile, and antigorite) are clearly distinguished.
Lizardite has two dominant peaks at 3,681 ± 2 and
3,701 ± 2 cm−1, as well as a broad shoulder in the vicinity
of 3,655 ± 5 cm−1. Chrysotile has a main peak at
3,697 ± 2 cm−1 with a partially resolved shoulder around
3,690 ± 2 cm−1 and a broader shoulder around

3,648 ± 5 cm−1. Antigorite is characterised by two peaks
at 3,667 ± 2 and 3,696 ± 2 cm−1.

3.2 | Raman maps

Initial characterisation of the samples with optical micros-
copy and SEM analysis revealed some microstructural
features, particularly where minor phases such as magne-
tite are concentrated along foliation surfaces (e.g., magne-
tite grains in Figure 3a). In all cases, unambiguous
identification of the serpentine mineral varieties could
not be made on the basis of optical or SEM images and
chemical data. Furthermore, many grains in these (and
other) samples are so small that they are indistinguishable
from surface scratches on the thin sections.

It is noteworthy that antigorite appears to have a
greater resistance to polishing, resulting in a positive
topography as shown by atomic force microscopy (Fig-
ure S3). This positive topography resulted in antigorite
having greater reflectivity in reflected light images

FIGURE 3 Submicron Raman mapping of serpentinite fault rocks from the Livingstone Fault, NZ. (a) Reflected light image showing a large

and rounded grain of antigorite (Atg) surrounded by a fine‐grained matrix of chrysotile (Ctl). The bright grains concentrated along the left

margin of the antigorite grain are mainly magnetite (Mt). (b) Detail of the submicron Raman map at the boundary of the antigorite grain

shows replacement of antigorite by chrysotile along fractures. Lizardite is present as small patches and thin selvages in the chrysotile matrix.

(c) Reflected light image showing a large grain of antigorite surrounded by chrysotile. (d) Corresponding submicron Raman map shows

replacement of antigorite by chrysotile along thin intragranular fractures, suggesting that antigorite was unstable [Colour figure can be viewed

at wileyonlinelibrary.com]
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(Figure 3a and 3c). Grains of antigorite can also be dis-
tinguished in SEM secondary electron images (Figures
S4 and S5). Once antigorite is positively identified from
Raman analysis, its higher reflectivity could potentially
be used as an identification tool for relatively large
grains. Lizardite and chrysotile appear to show only
slight differences in reflectivity.

Three high‐resolution Raman maps (Figures 3 and 4)
are shown to illustrate the utility of the new methods in
studying complex fault rock textures. The maps in
Figure 3 from the Livingstone Fault show that
fine‐grained chrysotile is the dominant matrix phase.
Antigorite and lizardite are also present to lesser degrees.
In Figure 3a and 3b, antigorite is present as a large
rounded grain surrounded by a matrix of fine‐grained
chrysotile, whereas minor lizardite is present in patches
and small selvages (10 μm) close to the margin of the
antigorite grain. Submicron remnants of antigorite are
present at the boundary of the large antigorite grain.
The selvages of lizardite generally have their long axes
aligned with the antigorite grain boundary. The accumu-
lation of insoluble magnetite along one of the margins of
the antigorite grain (Figure 3a) supports the notion that
dissolution‐precipitation played an important role in
forming the observed schistosity.[26]

Figure 3c and 3d show a fractured grain of antigorite
surrounded by a matrix of chrysotile. The narrow
intragranular fractures cutting the antigorite grain are
also filled with chrysotile. The large antigorite grains
in both maps show two types of boundaries with the
surrounding chrysotile‐rich matrix: sharp or gradational
(Figure 3b and 3d). Sharp boundaries represent distinct
mineral grain boundaries or intergrowths at a scale
below the spatial resolution of the analysis (~370 nm).
Gradational boundaries on the other hand are

characterised by a mixed spectroscopic signal that
occurs over widths of 1–5 pixels (370–1,800 nm) in
which one dominant signal (e.g., antigorite) progres-
sively transitions into another (e.g., chrysotile). The gra-
dational boundaries indicate a complex intergrowth
and/or interfingering of the dominant serpentine min-
erals at a scale below the spatial resolution. Targeted
TEM examination would be required to further eluci-
date the nature of these different types of grain contact.

Figure 4a and 4b from the serpentinite body at Sand
Dollar Beach reveal a delicate interstratification of
lizardite and chrysotile, where most of the chrysotile
bands have a thickness of 740–2,000 nm. Some of the
thinner chrysotile bands contain spectra where both
lizardite and chrysotile are superimposed indicating that
the true band thickness is less than the spatial resolution
of the Raman microscope (<370 nm).

4 | DISCUSSION

The spectra and dominant peaks shown in Figure 2 are
consistent with published literature wavenumber values
(Figure S2).[12,13,34,35,38,44–48] The hydroxyl peak positions
may vary by ±2 wavenumbers between samples—this is
likely due to local cation substitutions.[12,13,22,34,48–50]

These low levels of substitution do not manifest as addi-
tional bands but cause minor distortions in the crystal
lattice and slightly alter the energetics of vibrational
modes.[50] The change in energetics of the vibrational
environment with cation substitution is analogous, albeit
smaller, to those seen upon increased pressure in serpen-
tines. Semiquantitative SEM‐EDS analyses were
performed to measure Cr, Ni, Co, and Mn that were seen

FIGURE 4 Submicron Raman mapping of serpentinite fault rock from Sand Dollar Beach, California. The map reveals a complex

interstratification of lizardite and chrysotile with layers ranging from below the spatial resolution (370 nm) to several micrometres in

width [Colour figure can be viewed at wileyonlinelibrary.com]
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to be variably present up to <1 wt% (Figure S6a and S6b),
whereas Fe and Al were present in larger quantities.

Polyhedral serpentine appears to have a Raman
signature essentially indistinguishable from lizardite
due to the similarity of their short‐range crystal struc-
tures.[11] Polygonal serpentine has been suggested to
have a Raman spectral signature similar to chrysotile
in the high‐wavenumber region, with two dominant
peaks within 1–2 wavenumbers of the corresponding
peaks in chrysotile.[12,22] For this reason, the identifica-
tion of serpentine minerals in this work was limited to
the three main varieties (lizardite, chrysotile, and
antigorite). Further work in exploring the Raman
signature of polygonal and polyhedral serpentines by
performing TEM and submicron Raman mapping on
the same samples is currently in progress.

The submicron Raman mapping shown in Figure 3
reveals the replacement of antigorite by chrysotile along
narrow fractures, and gradational boundaries between
large antigorite grains and the surrounding chrysotile‐rich
matrix. These reaction textures are consistent with the
breakdown of preexisting antigorite to form chrysotile
and lizardite, a process that is predicted to occur by retro-
grade (low‐temperature) reaction in serpentinite‐bearing
fault zones. The breakdown of antigorite to form lower‐
temperature chrysotile and lizardite is thought to be
mediated by dissolution‐precipitation and occurs progres-
sively as the temperature drops below 320–390 °C.[45] In
the case of active faulting, the kinetics of such a reaction
can be enhanced by deformation.[51] The new interpreta-
tions that can be made on the basis of the submicron
Raman maps place important constraints on the thermal
history of these fault zone samples. It was not predicted
that antigorite would be present in any of the samples,
yet its occurrence as relict grains reveals an early and
relatively high‐temperature deformation event along the
Livingstone Fault that needs to be accounted for in
regional models. Additionally, the progressive breakdown
of antigorite and growth of lizardite and chrysotile is
likely to have influenced the rheological and frictional
properties of the fault zone during exhumation. In the
analysed samples, interpretation can go beyond the
simple determination of the presence of antigorite, and
it can be inferred that the bulk of the samples were
subjected to temperatures below the stability field of
antigorite during deformation.

The submicron Raman mapping shown in Figure 4
displays a complex interstratification of lizardite and
chrysotile. The lack of chemical differences between
the lizardite and chrysotile means that this texture was
not revealed by SEM‐EDS. Some of the thicker bands
can be resolved in transmitted light optical images
(using crossed‐polars), but no information about

serpentine mineral type can be extracted. These maps
illustrate the potential of submicron Raman mapping
to reveal delicate and hitherto unreported textures in
serpentinite fault rocks. Discussion of the geological
significance of these textures, including the interstratifi-
cation of serpentine minerals shown in Figure 4, is
beyond the scope of this paper and will form the focus
of future work.

5 | CONCLUSIONS

Expanding on the techniques presented by Petriglieri
et al., we introduced a methodology for in situ Raman
mapping of serpentine minerals at the diffraction limit
of light.[12] Data can be acquired across large areas of thin
sections at a nominal resolution of ~370 nm. This expands
the usefulness of Raman mapping for the understanding
of complex geological samples, and further bridges the
gap between traditional optical microscopy, electron
microscopy, and transmission electron microscopy.
Submicron Raman mapping on serpentinite fault rocks
can rapidly and inexpensively provide positive in situ
identification of serpentine varieties with no complex
sample preparation. The high‐resolution of the mapping
allows novel textural and mineralogical observations to
be made, potentially facilitating interpretations of the
thermal and rheological histories of a wide range of
serpentinite‐bearing samples.
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Abstract

Positively identifying serpentine mineral types is important for a wide range of

disciplines in the Earth sciences and health sciences. Although Raman

spectroscopy has been widely applied as a tool to distinguish four of the main

serpentine minerals (i.e., antigorite, lizardite, chrysotile, and polygonal serpen-

tine), some uncertainty remains as to whether all four varieties have unique

Raman spectra. In this paper, submicron Raman spectroscopy mapping was

performed directly on electron‐transparent regions of serpentine samples that

were unambiguously identified by transmission electron microscopy (TEM).

The increased spatial resolution of the Raman mapping technique (~370 nm),

combined with the detailed characterization provided by TEM, indicates that

polygonal serpentine has the same Raman spectrum as lizardite and therefore

cannot be spectrally distinguished from lizardite. Furthermore, the Raman

spectral profile that has previously been reported as unique to polygonal

serpentine is likely to represent a mixture of chrysotile and polygonal serpen-

tine/lizardite. To positively discriminate between lizardite and polygonal

serpentine requires TEM investigation.

KEYWORDS

chrysotile, lizardite, polygonal serpentine, serpentine, serpentinite

1 | INTRODUCTION

Serpentine minerals are hydrous phyllosilicates with the
ideal end member composition Mg3Si2O5(OH)4 and
display a layered crystal structure based on overlapped
tetrahedral (T) and octahedral (O) sheets. They are
formed by the hydration of olivine, orthopyroxene, and
clinopyroxene in ultramafic rocks such as peridotite. Four
main structural forms of serpentine have been identified
in natural and experimental samples: lizardite, chrysotile,
antigorite, and polygonal serpentine.[1] Less frequently
reported forms are conical serpentine[2,3] and polyhedral
serpentine.[1,4,5] In addition, proto‐serpentine has also

been reported[5] and interpreted as a partially amorphous
“gel‐like” precursor to crystalline serpentine.

Correct identification and characterization of serpen-
tine minerals is important in many fields such as the
Earth and environmental sciences as well as the health
sciences. For example, serpentinites (rocks composed
dominantly of serpentine minerals) are commonly used
for building materials and crushed aggregate.[6,7] Chryso-
tile, characterized by rolled TO layers and a cylindrical/
fibrous habit, was widely used as asbestos in insulating
and fire‐resistant materials. Because long‐term exposure
to chrysotile asbestos is linked to lung cancer and possi-
bly mesothelioma,[8] its correct identification in samples
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is critical. From a geological perspective, serpentine min-
erals play an important role in controlling fault rheology
and tectonic behavior in a range of geodynamic set-
tings.[4,9] Although there is substantial disagreement
regarding the stability fields of serpentine minerals,[10]

antigorite is considered to form at relatively high temper-
atures (390–500°C), whereas lizardite and chrysotile are
thought to be the stable forms at lower temperatures.[10]

Correct identification of serpentine varieties has thus
been used to constrain both the thermal history and
rheological behavior of serpentinites.[4]

Raman spectroscopy has previously been used for
rapid and cost‐effective identification of the most
common serpentine minerals: lizardite, chrysotile, and
antigorite.[11–14] The high‐wavenumber region (3,600–
3,710 cm−1) of the Raman spectra has been shown to be
the most useful for distinguishing these serpentine min-
eral types.[13–15] In this region, the well‐defined Raman
spectra arise from inner and outer hydroxyl vibrations,
due to the occurrence of Mg (OH)2 brucite‐like octahedral
sheets. Unsurprisingly, the symmetry and energies of these
vibrations are sensitive to the different crystal structures of
the various serpentine minerals.[15] In particular, lizardite

has planar TO layers, antigorite has modulated TO layers
with periodic inversion of the tetrahedral sheet, and chrys-
otile has rolled TO layers, resulting in a cylindrical/fibrous
habit.[4] Polygonal serpentine has an overall fibrous habit,
but its crystal structure is based on polygonalized sectors
with each having a “lizardite‐like” planar TO structure.[16]

The Raman spectra of polygonal serpentine were first
reported by Lemaire (1999) and then Auzende et al.
(2004) who both identified a unique peak at 3,697 cm−1

with a shoulder at 3,689 cm−1 and a broad secondary peak
at 3,646 cm−1.[13,17] These publications have since served as
a reference for identification of polygonal serpentine on the
basis of its Raman spectrum.[18–22] However, there remains
somedegree of uncertaintywith regard to theRaman signal
of polygonal serpentine. Specifically, some authors have
been unable to differentiate polygonal serpentine from
chrysotile or a mixture of lizardite and chrysotile.[20,21]

To address whether polygonal serpentine has a dis-
tinct Raman spectrum, we performed high‐spatial resolu-
tion Raman mapping using methods recently introduced
by Rooney et al., which allow for mapping at near diffrac-
tion‐limited resolution (~370 nm).[15] Raman mapping
was performed directly on electron‐transparent regions

FIGURE 1 Submicron Raman spectroscopy mapping and TEM analysis of Sample 1. (a) Hand specimen of Sample 1. (b) Transmitted light

optical microscope image of the TEM grid. The red box outlines the mapped area. (c) 22.5 × 22.5 μm Raman map overlaid onto a reflected

light image of the electron‐transparent region. Ctl: chrysotile; PS: polygonal serpentine (d) TEM image of a chrysotile band and (e) the

associated chrysotile Raman spectrum with main peak positions labelled. (f) TEM image of a polygonal serpentine band and (g) the

associated Raman spectrum with main peak positions labelled. TEM: transmission electron microscopy [Colour figure can be viewed at

wileyonlinelibrary.com]
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of serpentinite samples that were characterized in detail
using transmission electron microscopy (TEM). By
performing TEM and high‐resolution Raman mapping
on identical sample locations, we demonstrate that the
Raman spectrum of polygonal serpentine is indistinguish-
able from that of lizardite. In addition, we show that a
combination of the Raman spectra from finely intergrown
chrysotile and polygonal serpentine/lizardite can produce
the previously reported spectra of polygonal serpentine.
Our new results provide the first accurate Raman spec-
trum for polygonal serpentine and yield a clearer picture
of the utility of Raman spectroscopy in distinguishing the
main types of serpentine minerals.

2 | METHODS

2.1 | Serpentinite fault rock samples

The two samples described in detail in this study consist
of veins of serpentinite collected from two localities along
the Livingstone Fault in New Zealand ([−44.241220°,

168.476087°], Figure 1a and [−44.141818°, 168.574945°],
Figure 2a). The Livingstone Fault is characterized by a
zone of sheared and foliated serpentinite tens to several
hundreds of meters wide, containing pods of massive
serpentinite, volcanic rocks, and quartzofeldspathic
rocks. To illustrate the general applicability of our results,
we also include observations of an additional serpentinite
sample collected from Sand Dollar Beach, California[23]

(35.927517°, −121.468551°; Figure S1). The results
described below are characteristic of samples from both
the Livingstone Fault and Sand Dollar Beach.

2.2 | Transmission electron microscopy

Polished petrographic thin sections were prepared using
Canada balsam adhesive. TEM grids were extracted from
the sections and mounted on a 3‐mm Cu grid with a cen-
tral hole 800 μm in diameter. Samples were milled to be
electron transparent using Ar+ ion milling on a PIPS
Dual Ion Mill (Gatan Inc., United States). The TEM
characterization was performed on a JEOL JEM‐2010

FIGURE 2 Submicron Raman spectroscopy mapping and TEM analysis of Sample 2. (a) Hand specimen of Sample 1. (b) Transmitted light

optical microscope image of the TEM grid. The red box outlines the mapped area. (c) 5 × 50 μm Raman map overlaid onto a reflected light

image of the electron‐transparent region. (d) Detail of a rounded polygonal serpentine domain surrounded by chrysotile. (e) Representative

TEM image showing polygonal serpentine cross sections surrounded by chrysotile fibers. (f) Points (I), (II), and (III) represent the individual

spectra taken along the red transect line in part (d). The dashed circle in part d represents a sampling area 1 μm in diameter where spectrum

(IV) was averaged. TEM: transmission electron microscopy [Colour figure can be viewed at wileyonlinelibrary.com]
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microscope (JEOL Ltd., Tokyo, Japan) at the University
of Siena in Italy. The TEM was working at 200 kV with
a LaB6 source and ultrahigh resolution pole pieces,
resulting in a point resolution of 0.19 nm.

2.3 | Raman spectroscopy analysis

Submicron Raman spectroscopy mapping was performed
on an Alpha 300R+ confocal Raman microscope (WITec
GmbH, Ulm, Germany) in the Chemistry Department at
the University of Otago, New Zealand. A dry 100× objec-
tive (Zeiss), 1,200 g mm−1 grating and a 532‐nm laser
(Coherent, Santa Clara, California) at 25 mW were used,
resulting in a laser spot size of approximately 370 nm.[15]

A nano‐piezo stage was used to control the sample posi-
tion during the Raman mapping process. Sample location
was maintained between TEM and Raman characteriza-
tion by manually locating prominent optical features on
the electron‐transparent edge of the sample. Prior to each
Raman session, the microscope was calibrated with a sil-
icon wafer using the 520.6 cm−1 band and kaolinite's
3,620.6 cm−1 band. The raw Raman data were processed
and analyzed using the WITec Project Plus software to
produce color maps showing the spatial distribution of
the serpentine minerals present. Full details for data
analysis and treatment are available in Rooney et al.[15]

3 | RESULTS

Sample 1 consists of a fibrous serpentinite vein in which
repeated banding—called “crack‐seal” banding in the
geological literature—is visible at a macroscopic scale
(Figure 1a,b). The banding is clearly highlighted on a sub-
micron Raman map of the electron‐transparent sample
region, which shows individual bands between ~370 nm
and 10 μm wide (Figure 1c). TEM examination confirms
unambiguously that the bands consist of fibrous chryso-
tile (green in Figure 1c–e) alternating with crystalline
polygonal serpentine (blue in Figure 1c,f,g).

The Raman spectra of chrysotile (Figure 1e) are
consistent with that reported in previous studies and
consist of a main peak centered at 3,697 ± 2 cm−1, a
shoulder at 3,691 ± 2 cm−1, and a broad peak at
~3,650 ± 5 cm−1.[11,13–15] However, the Raman spectra
of the bands identified as polygonal serpentine by TEM
are not the same as that previously reported in the litera-
ture.[13,14] Instead, the spectra are characterized by a
main peak centered at 3,680 ± 2 cm−1, a smaller second-
ary peak at 3,701 ± 2 cm−1, and a broad peak at
~3,650 ± 5 cm−1 (Figure 1e). These peak positions and
the overall shape of the Raman spectra are indistinguish-
able from those reported for lizardite.[14,15]

Raman and TEM investigation of Sample 2 shows
aligned chrysotile fibers (approximately 80–85% of the
sample) enclosing small domains of polygonal serpentine
(approximately 15–20% of the sample). Elongate domains
are aligned to the orientation of the chrysotile fibers. The
rounded domains of polygonal serpentine that are
~500 nm in diameter correspond to the cross section of
large polygonal serpentine fibers (Figure 2c–e). To exam-
ine the effect of collecting a mixed signal of polygonal ser-
pentine and chrysotile, Raman spectra were acquired
along a transect of a rounded polygonal serpentine domain
approximately 1 μm in diameter using a step size of
10 nm (Figure 2d). This step size is much smaller than
the spatial resolution of the Raman microscope, but it
allows the average evolution of the mixed signal to be
assessed when transitioning from one domain to another
(Figure 2d). Three representative spectra along the tran-
sect line (I, II, III) are shown in Figure 2f. Outside the
polygonal serpentine domain, spectrum (I) is that of chrys-
otile. Across the transect line, the spectra shifted from that
of chrysotile (I) to an intermediate spectrum collected at
the border between domains (II). The central portion of
the polygonal serpentine domain displayed a spectrum
(III) with a main peak at 3,680 ± 2 cm−1, a smaller second-
ary peak at 3,701 cm−1, and a broad peak at ~3,650 cm−1,
very similar to the spectrum in Sample 1 (Figure 1g). Spec-
trum IV was created by averaging all spectra collected
from a region 1 μm in diameter from the center of the

FIGURE 3 Overlap between polygonal serpentine (blue;

identical to lizardite's spectrum) and chrysotile (green) can explain

previous reports of the “unique” Raman signature of polygonal

serpentine (red). This signal can be obtained by averaging mixed

Raman signals over an area larger that the mineral domain size or

by acquiring signal with insufficient resolution [Colour figure can

be viewed at wileyonlinelibrary.com]
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polygonal serpentine domain to illustrate the effects of
Raman analysis at a spatial resolution greater than the
domain size (Figure 2f). This spectrum has a main peak
at 3,697 cm−1, a shoulder at 3,688 cm−1, and a broad sec-
ondary peak around 3,650 cm−1, which as discussed below
is the same as that reported previously as being unique to
polygonal serpentine.

4 | DISCUSSION

Our results show that the Raman spectrum of polygonal
serpentine is indistinguishable from that of lizardite: to

distinguish between these two varieties requires TEM
analysis. Additionally, TEM analysis of Sample 2 reveals
submicron intergrowths of polygonal serpentine and
chrysotile that are typical in natural occurrences. In this
sample, correct identification by Raman spectroscopy
(i.e., spectra I and III in Figure 2f) can only be achieved
by analysis at a spatial resolution smaller than the
domain size (<1 μm). Raman mapping with a spatial res-
olution greater than the domain size (>1 μm) gives a spu-
rious result (i.e., spectrum IV in Figure 2f) that reflects a
mixture of the signals from polygonal serpentine and
chrysotile in this sample. Figure 3 demonstrates how
the overlapping spectra of polygonal serpentine and

FIGURE 4 Summary of the current

understanding of the Raman spectra of

five varieties of serpentine: antigorite,[15]

chrysotile (this study), lizardite,[15]

polygonal serpentine (this study), and

polyhedral serpentine[5]
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chrysotile could lead to the mixed spectrum (IV) col-
lected from Sample 2. This mixed spectrum is essentially
identical to that reported by Lemaire (1999) and
Auzende et al. (2004), who interpreted it as a unique
spectrum of polygonal serpentine.[13,17] However, this
work shows that the previously reported spectrum of
polygonal serpentine is likely to represent a mixture of
polygonal serpentine/lizardite (indistinguishable by
Raman) and chrysotile.

Polygonal serpentine consists of 15 or 30 wedge‐
shaped sectors, each of which contains planar serpentine
layers with a crystal structure similar to lizardite.[10,24]

Therefore, it is unsurprising that the Raman spectrum
of polygonal serpentine is closer to lizardite than to chrys-
otile. Similarly, polyhedral serpentine has a structure
consisting of platelets of planar lizardite arranged in a
faceted, “onion‐like” morphology.[5,25] Due to this
structural similarity, the Raman spectrum of polyhedral
serpentine has also been shown to be indistinguishable
from that of lizardite[5] (Figure 4).

Due to the submicron‐scale intergrowths that are
common in samples containing polygonal serpentine
and chrysotile, Raman mapping must be performed near
the diffraction limit of light in order to avoid collecting
mixed spectra that have previously been interpreted as
polygonal serpentine.[15] A combination of high‐resolu-
tion Raman mapping and TEM analysis provides a pow-
erful way to correctly identify serpentine mineral types
and reveals submicron‐scale textures and mineral inter-
growths over relatively large areas (tens to hundreds of
microns). Overall, these results provide a clearer picture
of the benefits and limitations of using Raman spectros-
copy to identify and characterize serpentine‐bearing
samples. On the basis of our new analysis, Figure 4 sum-
marizes the current understanding of the Raman spectra
of five types of serpentine minerals. This highlights that
antigorite and chrysotile can be positively identified by
Raman due to their unique spectra. In contrast, lizardite,
polygonal serpentine, and polyhedral serpentine have
similar spectra and are likely to be indistinguishable by
Raman spectroscopy alone.
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